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"...when you are a Bear of Very Little Brain, and you Think of 
Things, you find sometimes that a Thing which seemed very 
Thingish inside you is quite different when it gets out into the 
open and has other people looking at it." 
The House at Pooh Corner A. A. Milne (1928) 
Abstract 
This thesis investigates plate flexure models of the isostatic admittance and coherence between 
gravity and topographic data, in order to determine aspects of the rheology of the continental 
lithosphere. The model parameters include the elastic thickness of the lithosphere, the Bouguer 
reduction density, the depth of internal loading, the depth of load compensation and the ratio 
of internal to surface loads. 
Early studies of the isostatic admittance yielded very small values (less than 5 km) for the elas-
tic thickness of the continental lithosphere, which are inconsistent with the rigidity indicated 
by studies of individual features. Coherence methods were then introduced because the admit-
tance was shown to be non-unique in the presence of internal loads on the plate. However, some 
coherence studies gave very high estimates of the elastic thickness which are not in agreement 
with observed earthquake depths and mantle temperature information. It has been postulated 
that this is due to unmodelled near-surface variations in the gravity field. 
A new detailed gravity and topographic dataset covering the Qattara Depression in Western 
Egypt is studied, as this topographic feature is thought to have formed by erosion and, as such, 
should not be associated with internal loads. A comparison of the results from this data is made 
with those from other point datasets for Kenya, southern UK, and Greece and the Aegean, as 
well as with admittance and coherence estimates determined by other workers for areas in 
North America, Siberia, India and Australia. 
In contrast to many previous studies, the plate flexure models are required to fit both the ad-
mittance and coherence data by searching for a joint minimum chi-squared misfit. This work 
shows that these combined solutions also provide tighter bounds on the elastic thickness. So-
lutions are found for models in which the parameters are allowed to vary freely and when 
constrained with additional geophysical information. 
Two different model variations are tested. The first involves loading at the surface and at the 
base of the crust, while the second allows internal loads to be positioned at much shallower 
levels in the crust. In addition to modelling the whole wavelength range, two further methods 
are developed in an attempt to be able to identify smaller scale, lateral variations in elastic 
thickness and relate them to different geological provinces. Firstly, the wavelengths at which 
the admittance and coherence fall to one half of their longest wavelength value are used to 
determine the elastic thickness and loading ratio, in a way which is not dependent on long 
wavelength information. Secondly, it is shown how asymptotic solutions for the admittance 
and coherence at short wavelengths give a unique estimate of the loading ratio and, in some 
circumstances, of the elastic thickness. However, this technique for extracting information 
from short wavelength data failed in practise because of the low signal to noise ratio in the 
data. 
When the joint inversion model explicitly places internal loads at the base of the crust, only the 
data from Egypt and Kenya can be fitted at an acceptable level and are associated with elastic 
thickness estimates of 19 and 23 km respectively. If loading is allowed to occur at shallower 
levels, then the fit between the models and the data is improved in all instances, but still only 
gives an acceptable fit to the Egyptian and Kenyan data. Models which include near surface 
loading are also correlated with reduced elastic thickness estimates (18 km for Egypt and 14 km 
for Kenya). Possible explanations of the failure of the model to fit the other datasets are given. 
The best-fit models to the Qattara data invoke a non-zero ratio of internal to external loading, 
indicating that contrary to the initial hypothesis, this region is affected by subsurface loads but 
that these may be upper crustal density variations and not necessarily related to underplating at 
the Moho. 
This analysis shows that the joint use of the admittance and coherence, when correctly applied, 
yields the relatively small values (less than 50 km) of the elastic thickness of the continental 
lithosphere expected from thermal and seismogenic studies. Furthermore, it shows how the 
inclusion of near surface loading successfully models the short wavelength gravity variations, 
previously thought to invalidate the coherence method. 
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Chapter 1 
Introduction 
1.1 Introduction and Terminology 
This thesis describes the use of two spectral methods for analysing the relationship between the 
Earth's gravity and topography, the isostatic admittance and coherence, to determine estimates 
of the effective elastic thickness of the lithosphere. These elastic thickness estimates are then 
used to make interpretations about the rheology of the continental lithosphere. 
This first chapter therefore introduces the concept of strength in solid materials and how this 
relates to different definitions of the Earth's lithosphere. It presents different models for the 
isostatic compensation of loads on the lithosphere and then reviews previous one-dimensional 
studies of these models as applied to the oceanic lithosphere. Hypotheses which have been pro-
posed to explain these observations, in terms of a rheological model for the oceanic lithosphere, 
are discussed. One-dimensional studies of the continental lithosphere are then described and 
possible explanations as to why these have not yielded a simple rheological model for the conti-
nents, are given. An outline is given of the two-dimensional spectral approach to this problem. 
The isostatic admittance method for determining estimates of the elastic thickness is described, 
including the assumptions inherent in this method. The importance of subsurface loads on the 
lithosphere is discussed and the coherence method for determining the elastic thickness is then 
presented. The specific aims of the project are given at the end of this chapter together with an 
outline of the structure of the rest of the thesis. 
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1.1.1 Rheology 
Rheology (from the Greek meaning the study offlow), is the branch of physics describing the 
deformation and flow of materials. The mechanical behaviour of a material is dependent on its 
composition as well as time, temperature and pressure. There are two approaches to the study 
of the Earth's rheology. One involves micro-physical laboratory experiments and theoretical 
modelling at the atomic and crystal scale, while the other deals with the bulk mechanical prop-
erties of the Earth as inferred from geophysical and field-scale geological evidence. It is this 
latter approach which is the subject of this thesis. 
The type of deformation which a solid material undergoes can be expressed in terms of the 
relationship between stress and strain. Stress is defined as the force per unit area while strain is 
defined as the change in length per unit length. Below the elastic limit solids deform according 
to Hooke's Law in which the stress is proportional to strain. Solids may then be classified as ei-
ther brittle or ductile depending on how they deform above this elastic limit. Brittle substances 
may become ductile at increased temperatures and/or pressures. 
The two main types of brittle fracture are extension fracture when the solid is under tension 
and shear fracture which occurs under compression (Bott, 1982). Brittle substances may also 
undergo a certain type of flow called cataclastic flow which occurs as fragments roll and slide 
over one another, initiated by repeated shear fracturing. At low temperatures and stresses, solid 
materials may undergo a small amount of deformation (up to about 1 %) by a process known 
as transient creep; creep being their very slow flow caused by a constant load. There are also 
three different types of ductile flow which may cause significant deformation of solid materials. 
These are low temperature plastic flow, power-law flow or creep and diffusion creep. These 
three flow mechanisms are thermally activated processes and may be described by constitutive 
laws relating strain rate to stress. The rate of flow or creep is dependent upon temperature 
and to a lesser extent, confining pressure. The homologous temperature which is given by the 
ratio TIT, (where Tm is the melting temperature of the material in Kelvin) is often used to 
determine which type of flow will occur. 
All these types of deformation fall into a range between two end member types of rheology. An 
elastic rheology is one in which the response to an applied stress is predominantly displacement 
and once deformed, the material remains like that for as long as the stress is applied. The stress-
strain relationship for uniaxial tension or compression can be described by the equation 
(1.1) 
where a is the stress, e is the elastic shear strain and E is the Young's modulus. At the other end 
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of the rheological scale is steady state flow in which the response to stress is predominantly a 
velocity flow (i.e. the substance moves like a fluid). The stress-strain relationship for this type 
of theology is given by 
(1.2) 
where is the viscous shear strain rate and i is the viscosity. In between these two end members 
exists a state where substances may initially behave elastically but on a longer time-scale may 
undergo plastic deformation. This might be described as an anelastic (not truly elastic) or 
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Figure 1.1: Diagram showing the characteristic time-scales of mantle deformation processes. The 
Maxwell time is denoted by TM.  (From Yuen etal. (1982).) 
The characteristic times of stress cycles in the Earth vary from the order of seconds (seis-
mic waves) to hundreds of millions of years (asthenospheric flow) (figure 1.1) and the Earth 
therefore shows different rheological responses at different time-scales (Ranalli, 1995). This 
difference in behaviour arises from different strain rates since rocks exhibit higher strength at 
high strain rates than at low strain rates. At short time-scales the best method for studying 
the theological properties of the Earth is using seismology. Sudden stress drops at the foci of 
earthquakes result in the propagation of seismic waves which are elastic to a first approxima-
tion. The bulk Earth is therefore elastic in the short time range. In contrast, the rheology of 
the Earth over long time-scales is dominated by high temperature steady state creep. The stress 
relaxation behaviour of a viscoelastic material can be described in terms of a Maxwell time, T. 
From equations 1.1 and 1.2, r is given by 
TI 	C 
Tj- 	 (1.3) 
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The Maxwell time is therefore the time (t) necessary for creep deformation at a constant strain 
rate to equal the elastic deformation under the same load. For t < 'r the elastic response 
predominates while if t > -r then the viscous response predominates. 
The long term rheology of the lithosphere and asthenosphere is determined from observations 
of the Earth's response to surface loading and unloading, for example using models of viscous 
flow in a fluid half space and elastic deformation of a plate under vertical loads. It is this long 
term theology which governs geodynamic processes such as tectonics and orogenesis. 
1.1.2 The Earth's Lithosphere 
The term lithosphere was first introduced in a series of papers by Barrell (19 14a,b,c) and it 
relates to the Earth's rigid outer shell, comprising the crust and upper part of the mantle. Be-
low this lies the asthenosphere. In the last section two end member types of rheology were 
described which can be used to characterise the solid part of the Earth. While the top of the 
lithosphere behaves in a rigid elastic manner, the asthenosphere undergoes plastic deformation 
by fluid-like flow. However the boundary between the lithosphere and asthenosphere is a gra-
dational transition and the definition of where the base of the lithosphere lies depends entirely 
upon which rheological variable and specific model are employed. Rheology is also dependent 
on the timescale of observation and this leads to three possible ways of defining the Earth's 
lithosphere. 
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Cooling 
\ Thermal Boundary Layer 
Convective 
Cooling \ 	\ Adiabatic Interior 
Solidus 
Depth /kin T 	Geotherm 
Figure 1.2: Diagram showing the thermal stratification of the crust and upper mantle as well as the 
conductive and convective geothermal gradients (redrawn from White (1988)). 
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At the very long timescale of mantle convection, the lithosphere may be defined thermally. The 
thermal lithosphere is broadly defined as the level above which heat is dominantly transfered 
by conduction rather than convection. However more accurately, the outer part of the Earth can 
be split into three separate regions defined by the temperature-depth curve shown in figure 1.2 
(White, 1988) and by the Rayleigh number, which is a dimensionless combination of param-
eters relating the amount of heat carried by convection as opposed to conduction. At the top 
is the mechanical boundary layer which has a very low Rayleigh number and therefore does 
not convect at all. This over-lies the thermal boundary layer where small-scale convection oc-
curs as the Rayleigh number approaches its critical value and at the bottom lies the well mixed 
adiabatic interior where the Rayleigh number far exceeds its critical value. In some instances 
the lower boundary of the thermal lithosphere is defined by the isotherm at which mantle rocks 
approach their solidus temperature (11000  C - 13000 Q. However it is known that the critical 
temperature for the onset of a significant degree of creep in the mantle rocks is in fact between 
0.5 Tm and 0.8 Tm (Bott, 1982) and thus the thermal lithosphere is better defined as the depth 
to the 600° C - 800° C isotherm (McNutt, 1984). In the oceans this corresponds well to the 
depth to which intra-plate earthquakes are observed and the experimentally determined olivine 
failure limit (Wiens and Stein, 1983). (See figure 1.3.) 
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Figure 1.3: Depths of oceanic intra-plate earthquakes as a function of lithospheric age together with 
isotherms from Parsons and Sclater's plate cooling model (1977); the elastic thickness range determined 
by Watts et al. (1980) and the seismic thickness as determined from Rayleigh wave dispersion (Leeds 
etal., 1974). The earthquake depths increase with lithospheric age and are approximately limited by the 
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Alternatively, at very short timescales the lithosphere may be defined seismically as the depth 
to the top of the low velocity zone which is thought to correspond to a layer in the upper mantle 
(at a depth range of --' 60-250 km) in which deformation occurs by plastic flow and lies below 
the upper brittle layer of the lithosphere. It is characterised by low seismic S-wave velocities, 
high seismic attenuation and high electrical conductivity. The low velocity zone is thought 
to arise because of the presence of molten material, since the mantle approaches its melting 
point at this level and only a very small amount of melt (< 1%) is necessary to lower seismic 
velocities. This seismic definition of the base of the lithosphere agrees well with the thermal 
model (Archambeau et al., 1969). 
Finally, the lithosphere may be defined mechanically by its response to loading on a time scale 
of 104 - 109 years. The rigidity of the lithosphere allows it to behave as a coherent body in 
the context of plate tectonics but only the upper portion of the lithosphere is sufficiently rigid 
to maintain elastic stresses over geological timescales. Below this upper elastic lithosphere, 
solid state creep occurs allowing relaxation of elastic stresses. The effective elastic thickness 
or mechanical thickness is therefore defined as the thickness that the lithosphere would be if it 
were all perfectly elastic (i.e. the thickness of an equivalent uniform sheet). The effective elas-
tic thickness thus has no real physical manifestation and again is a function of the model used. 
Calculations of the elastic thickness of the oceanic lithosphere based on loading by sea mounts 
and volcanoes have yielded estimates for the base of the mechanical lithosphere equivalent to 
the depth to the 300-600 °C isotherm (Watts, 1978) (figure 1.10). However the formation of 
such volcanic loads involves reheating and thus weakening of the lithosphere. McNutt (1984) 
corrects for this as well as for the effects of the very high bending stresses at ocean trenches 
and gives a depth to the 550 - 650 °C isotherm. This is still less than the thickness of the seis-
mogenic layer but this is to be expected since the timescale for the accumulation and release 
of seismic energy is less than that involved in supporting topography (McKenzie and Fairhead, 
1997). 
The strength of rock depends on temperature and pressure, as previously stated, but it also 
depends on the composition. The continental lithosphere consequently has a more complex 
strength profile than that of the oceanic lithosphere since it has a silicic crust. In numerical 
analyses of lithospheric deformation, rheology is generally approximated by yield stress en-
velopes (Goetze and Evans, 1979) such as those shown in figure 1.4. These are defined by 
the minimum deviatoric stress that is required to cause inelastic rock deformation at a given 
depth, and are derived from the results of rock mechanical laboratory experiments on various 
materials combined with empirical constitutive laws describing the yield-stress of these mate-
rials. The strength of brittle rock increases with confining pressure but decreases with a rise in 
temperature, leading to strength profiles for the oceans and continents such as those shown in 
figure 1.4. 
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Figure 1.4: Yield strength profiles as a function of lithospheric thermal age for different layered rhe-
ologies (from Burov and Diament (1995)). 1), 2), and 3) correspond to continental lithosphere with 
lower crustal compositions of varying temperature of creep activation. 4) corresponds to the oceanic 
lithosphere. 
However numerical analyses such as these indicate that on geological time and deformation 
scales, the lithospheric rocks cannot behave completely elastically. Entirely elastic plate mod-
els predict stresses in the lithosphere which are high enough to cause inelastic deformation and 
provide a poor representation of the depth-distribution of seismicity (Goetze and Evans, 1979). 
More realistic models were therefore developed (e.g. Burov and Diament (1992)) which in-
volve the of bending of a plate with a multilayered, nonlinear brittle-elasto-ductile rheology 
and are therefore able to predict the geometry of areas of ductile and brittle failure and the 
distribution of extensional and compressional stresses. 
The dominant lithologies for continental lithosphere are quartz (upper crust), diabase, quartz-
diorite, plagioclase (lower crust) and olivine (mantle). By combining rheological layers it is 
possible to determine the competence of depth horizons within the lithosphere for a given 
deviatoric stress (Burov and Diament, 1992). The rocks may deform quasi-elastically if the 
deviatoric stresses are below the yielding limits, otherwise they fail by brittle sliding or ductile 
creep flow. Thus the upper layers of the crust and mantle are dominated by predominantly 
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brittle (effectively plastic) failure commonly associated with seismic activity. The deeper, hot-
ter lithosphere is controlled by temperature activated creep while the intermediate level crust 
where the yielding limits are not exceeded can be considered as elastic. The main difference 
between crustal and upper mantle rocks is that the ductile flow of the crustal rocks occurs at 
much lower temperatures than those of divine. The crust may therefore flow under much lower 
stresses than the mantle. 
Estimates of the effective elastic thickness of the lithosphere from studies of the deformation of 
the lithosphere beneath loads are useful as a means of comparison between different continental 
regions. However, such estimates are really an indication of the integrated strength of the 
lithosphere and provide no indication of how this strength is distributed with depth or how it 
is affected by such factors as the composition and geometry of the plate; external forces on 
the plate and the thermal structure. By contrast, numerical models based on rock mechanical 
experiments are able to make such predictions (see chapter 7). For example, they predict how 
the difference in the mechanical properties of the upper crust, lower crust and mantle may lead 
to the appearance of weak zones in the lower crust that permit mechanical decoupling of the 
upper crust from the mantle by ductile flow in the weak zone (Burov and Diament, 1995). 
Effective elastic thickness estimates from geophysical observations are therefore a useful tool 
for gaining an indication of the overall strength of the lithosphere but are difficult to interpret 
without the additional insight into the theological behaviour of the lithosphere which is pro-
vided by rock mechanics data and theoretical modelling. Equally, these theoretical models 
would be useless without the constraints placed on them by estimates of the observed elastic 
thickness. These two approaches are therefore both required in order to gain a true understand-
ing of the theology of the continental lithosphere. 
1.2 Isostasy 
The term isostasy, which describes the hydrostatic compensation of topographic loads, was in-
troduced by Dutton in 1889. The concept of isostasy is one in which surface loads are compen-
sated by subsurface density anomalies so that below a certain depth (the compensation depth) 
the hydrostatic pressure is laterally constant. The distribution of the density anomalies above 
this depth determines the specific isostatic mechanism. Compensation models can be classified 
as either local in which the topographic load is assumed to be supported by the hydrostatic 
pressure at a point on the level of compensation directly beneath it (figures 1.5 and 1.6), or as 
regional in which the compensation has a horizontal as well as vertical distribution (figure 1.7). 
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1.2.1 Local compensation 
In 1749, Pierre Bouguer made geodetic and astronomical observations in the Peruvian Andes, 
later repeated by Sir George Everest in the nineteenth century in the Himalayas, which showed 
that deflections of the vertical in these regions were less than expected from a model in which 
mountains represent mass excesses on an otherwise spherically symmetric Earth (Lambeck, 
1988). Or more simply, a plumb line held near such a large mountain chain was deflected 
towards the mountains less than expected given the topographic mass of the mountains. Pratt 
(1855) calculated that the deflection of the plumb line noted by Everest was in fact only one 
third of what would be produced by the attraction of mountains treated as additional masses. 
Bouguer also measured the effect of mountains on the intensity of force due to gravity. His 
data show that the Bouguer gravity anomaly (see chapter 2) becomes increasingly negative 
over higher ground. This led to the conclusion that the mass excess of mountains is in some 
way compensated below the mountains by a mass deficit within the Earth. Boscovich (1755) 
suggested that mountains were swellings caused by the Earth's internal heat and Cavendish 
(1772 - 1774) likewise supported this idea of thermal expansion as a means to explain the 
abnormally low densities beneath the Andes (in Jeffreys (1976)). 
Airy compensation 
A qualitative explanation of the facts presented by Pratt was given by Airy (1855). He consid-
ered the Earth as having a thin solid crust supported on a weak fluid substratum and showed that 
the added weight of the mountains would bend the crust and break it such that the extra load 
would then push the crust down until it was wholly balanced by the pressure of the material 
below. The unexpectedly small gravity effect associated with the surface topography follows 
since this equates to Archimedes' principle of hydrostatic equilibrium in which the floating 
body (mountain) displaces its own weight of fluid (like an iceberg in water). 
Pratt compensation 
At this time it was thought that a solid crustal layer existed overlying a molten, magmatic 
substratum of the same composition. Pratt therefore objected to Airy's explanation on the 
grounds that although icebergs float in water (due to the unusual property of solid water being 
less dense than in a fluid state), the solid crust would be expected to be cooler and therefore 
more dense than the underlying magmatic layer. The broken part of the crust would therefore 
simply sink to the bottom of the less dense substratum and the mechanism would fail. Pratt 
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Figure 1.5: Diagram showing Airy isostatic compensation in which the Earth's crust has uniform density 
but laterally varying thickness, with thicker, low density roots beneath mountains displacing more dense 
mantle material. 
proposed an alternative hypothesis in which the development of surface features is due to the 
vertical expansion of columns of rock down to some uniform depth, the expansion being the 
same at all points of the same column but differing from one column to another. As with Airy's 
hypothesis, this would explain the anomalously low gravity values observed. The problem with 
this model is that it fails to account for the mode of formation of mountains. Their formation is 
not simply a matter of uplift but considerable horizontal movement takes place as well. Unlike 
Airy's, Pratt's hypothesis fails to explain the reduced gravity values observed in areas where 
great horizontal displacements of mass have occurred. 
It was much later through the advent of earthquake refraction seismology, that Airy's theory 
was vindicated and it was found that in fact there was an increase in density with depth within 
50 km of the surface (Mohorovii, 1910). The continental crust is now associated with a low 
P-wave seismic velocity (5.6 km s') and this is due to its silicic composition. Beneath this 
lies the higher density, basic mantle which has an average seismic velocity of 8 km s 1 . This 
boundary between the crust and mantle as detected by seismology is known as the Mohovoriëi6 
discontinuity or Moho. 
The Moho was later imaged using explosion refraction seismology, for example the Heligoland 
explosion in Germany (Willmore, 1949), and it was found that the average depth to the Moho is 
approximately 35 km on the continents and 7-10 km in the oceans. Downward deflectioris of the 
Moho beneath regions of high elevation were also observed (for example Steinhart and Meyer 
(1961)), lending further support to Airy's hypothesis. The deflection of the Moho beneath 
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Figure 1.6: Diagram showing Pratt isostatic compensation in which the depth to the base of the crust 
is constant and isostatic equilibrium is achieved by lateral variations in the density of the crust. Areas 
of high topography and their underlying crustal material therefore have low density, while oceans and 
sedimentary basins are under-lain by higher density crust. 
reflection profiling where it can be seen to be considerably deeper than in adjacent parts of the 
crust (e.g. Him et at. (1 984a,b)). Surface and body waves from earthquake data in this region 
also indicate a crustal thickness of about 70 km (Lyon-Caen, 1986). The Airy model is now 
generally adopted in preference to the Pratt model although the Pratt model is probably more 
applicable to compensation in the vicinity of mid-ocean ridges which form topographic highs 
due to the elevated heat flow at the divergent plate boundary. 
Although for both the Airy and Pratt mechanisms, compensation depends only on the elevation 
of the topography immediately above, the vertical distributions of the compensation are quite 
different. For the Airy model, compensation is confined to a layer immediately below the 
compensating density interface (generally considered to be the Moho), while according to the 
Pratt theory, compensation is uniformly distributed throughout the column. 
1.2.2 Regional Compensation 
The problem with the Airy model of isostatic compensation is that it invokes vertical shear 
throughout the crust and implies that the crust has no strength at all for vertical loads no matter 
how small. Yet differences between the observed gravity and that predicted from the topog-
raphy given Airy compensation, exist on spatial scales of over 100 km (Bowie, 1917). Such 
residual isostatic gravity anomalies have been found over igneous bodies in excess of 100 My 
Chapter 1. Introduction 	 12 
old suggesting that, despite the length of time since their emplacement, they are still not lo-
cally compensated. For example, Barrell found that while high mountains in the United States 
were approximately locally compensated, the compensation was not exact and that there were 
significant residual loads which could only be supported by appreciable strength in what was 
supposed to be a region of complete weakness. This, and the observation that many loads 
cause surface deformation outwith their lateral extent, led to the idea of a compensation model 
in which the outer layer of the Earth (lithosphere) is assumed to behave as a thin elastic plate 
overlying a viscous substratum known as the asthenosphere (Vening-Meinesz, 1931). 
Mountain load 
Lithosphere 	






Fluid 	 m 
Astheno- Z 	 + 	k k 
sphere 
Buoyancy forces 
Figure 1.7: Diagram showing regional isostatic compensation involving flexure of an elastic plate be-
neath a mountain load. (Redrawn from Banks et al. (1977).) 
The equilibrium deflection of a one-dimensional elastic plate can be described by the fourth 
order differential equation 
DdW - q(x) - d
2 W(x) 
dx 4 - 	dx 2 
(1.4) 
where D is the flexural rigidity of the lithosphere; W (x) is the deflection; x is the horizontal 
distance; q(x) is the downward force per unit length and P is the horizontal force acting on the 
plate. (See Turcotte and Schubert (1982) for the derivation.) However when considering the 
downward deflection of the lithosphere it is also necessary to include the hydrostatic restoring 
force or upwards buoyancy force (figure 1.7) in the term q(x). Also it is assumed that in the 
simplest case of loading an infinite plate, there are no horizontal forces acting on the lithosphere 
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(i.e. P = 0). Equation 1.4 therefore becomes 
DdW + (Pm - p)gW(x) = q. (x) 
dx 4 
Px is equal to the the crustal density Pc for loading of the continental lithosphere and equal to 
the density of water Pw  for loading of the oceanic lithosphere. Pm 15 the density of the mantle, 
q,, (x) is the applied load and g is the acceleration due to gravity. 
The flexural rigidity D is related to the effective elastic thickness TE by the equation 
I D= ET  
12(1 - a2 ) (1.6) 
where E is Young's modulus and a is Poisson's ratio. 
These equations obviously become more complicated if for example there are significant hor-
izontal forces acting on the plate. Brotchie and Sylvester (1969) discuss specific forms for 
solutions to the above equation corresponding to problems of geophysical interest. In partic-
ular, for the case of an axisymmetric load, the homogeneous solution (i.e. beyond the load 
boundary) to equation 1.5 is given by the sum of zero order Bessel-Kelvin functions 
W(x) = exp (t1) (ci  cos + C2sin) 	 (1.7) 
indicating a damped harmonic wave with a wavelength of 2ra in which a (the flexural param-
eter) is given by 
4D 
V P. - p)g 	 (1.8) 
The integration constants C, are determined by the boundary conditions and the flexural pa-
rameter a. 
Traditionally studies of lithospheric strength, as derived from its response to surface loading, 
involved one-dimensional studies of topographic or gravity profiles over distinct geological 
features such as glaciers or volcanic islands. These profiles were then modelled in terms of a 
specific isostatic compensation model, with the load described by an approximate mathemat-
ical function. However more recent studies have made use of spectral techniques and large 
two dimensional gravity and topographic data sets in order to calculate an isostatic response 
function for the lithosphere, without making unduly restrictive assumptions about the compen-
sation mechanism or the shape of the load. Both of these approaches and their application to 
specific areas both in the oceans and on the continents are described next. 
(1.5) 
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1.3 One-dimensional studies of lithospheric strength 
1.3.1 Oceanic lithosphere 
Perhaps the most commonly cited example of flexure of the oceanic lithosphere is that beneath 
the Hawaiian Ridge in the Pacific Ocean. Vening-Meinesz (1934) first showed that the gravity 
anomalies seen over the archipelago could not be explained by a local compensation mecha-
nism and suggested that the general morphology of the lithosphere beneath the volcanic load 
might be better explained by elastic flexure. Using an approximate analytical expression for the 
load and equation 1.8, Gunn (1943) later showed that the free air gravity anomalies (indicative 
of ocean floor bathymetry) were in fact consistent with an elastic lithosphere deformed under 
the load of the Hawaiian Ridge. Walcott (1970b) re-analysed an improved gravity dataset and 
found that the lithosphere beneath the Hawaiian archipelago could be better modelled by a 
25 km thick, semi-infinite (i.e. broken) elastic plate with a free edge along the axis of the ridge. 
Watts and ten Brink (1989) modelled seismic reflectors a various depths and found that these 
were consistent with a 40 km elastic plate loaded only at the surface. They found, however, that 
by including a negative (i.e. upwards directed) subsurface load, the reflectors could be fitted by 
a model involving a 25 km elastic plate (a value which is more consistent with the thermoelastic 
model of the oceanic lithosphere shown in figure 1.10). They attribute the negative load to low 
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Figure 1.8: Gravity and bathymetric profiles across the island of Oahu showing flexure of the litho-
spheric plate. (From Watts and Daly (1981).) 
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The free air gravity and topographic profiles shown in figure 1.8 (from Watts and Daly (1981)) 
show clearly the bathymetric depression or Hawaiian Deep immediately either side of the vol-
canic island of Oahu and the adjacent outer peripheral bulge or Hawaiian Arch which are 
characteristic of elastic flexure beneath a load. 
Flexure of the oceanic lithosphere has also been studied at oceanic trenches where considerable 
bending occurs due to subduction. For example, Caldwell et al. (1976) used a model of an 
elastic lithosphere acted on by an end load and a horizontal bending moment M, to study the 
bathymetry at the Mariana, Bonin, Kuril and Aleutian trenches in the Pacific ocean. It was 
found that the lithosphere in each of these places could be modelled as an elastic plate, but 
similar attempts to model the Tonga trench in New Zealand by Turcotte et al. (1978) failed. 
However it was found that a model in which the lithosphere was assumed to behave elastically 
up to some critical yield stress and then to behave plastically above that stress did explain the 
very steep bathymetry at the Tonga trench (figure 1.9). 
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Figure 1.9: Profiles showing how the Mariana and Tonga trenches can be modelled as elastic and elastic-
plastic lithospheric plates. (After Turcotte etal. (1978).) 
1.3.2 Types of rheological model 
Many attempts have been made to interpret individual elastic thickness estimates in terms of 
a general rheological model for the oceanic lithosphere. The simplest of these rheologies is a 
perfectly elastic rheology as used by Gunn (1943) to model the lithosphere beneath the Hawai-
ian ridge near Oahu. The problem with this model of a continuous elastic plate however, is 
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that it is self-inconsistent in that it predicts intra-plate stresses high enough to lead to inelastic 
(brittle or ductile) deformation. This makes it necessary to incorporate more realistic rheolog-
ical behaviour in order to reduce the implied stress. Walcott (1970b) and Watts and Cochran 
(1974) found that an elastic rheology with a discontinuity at a free edge under the load fitted 
the data from Oahu more accurately. However while such a discontinuous plate does reduce 
the implied stress it is difficult to justify a free edge boundary condition for regions in which 
volcanic activity has ceased (Liu and Kosloff, 1978). 
A viscoelastic rheology is one in which the initial response of the lithosphere to loading is 
elastic but later viscous relaxation of stresses occurs and the plate deforms by viscous flow. For 
an initial viscoelastic rigidity D0 and for loading times which are short in relation to the viscous 
relaxation time 7, the plate appears to be perfectly elastic. However for loading times which 
are long in relation to r, the flexural wavelength decreases and the amplitude of the flexure 
increases. Thus interpretation in terms of a perfectly elastic plate would yield values for the 
flexural rigidity less than D0 (McNutt and Parker, 1978). A viscoelastic rheology therefore has 
the effect of reducing the stress for a given flexural profile through irrecoverable viscous flow. 
Walcott (1970a) used several apparent rigidities D' from studies of oceanic and continental 
loading in order to determine a value for the viscous relaxation time (or Maxwell constant), T, 
of the lithosphere by plotting the apparent flexural rigidity against the age of the load. It was 
found that a relaxation time of 10 5 years fitted the data best. McNutt (1980) calculated that 
interpreting the oceanic lithosphere in terms of a viscoelastic plate with a time constant of 10 5 
years would only lower the stress estimates for loads considerably older than T (in excess of a 
million years). 
However flexural evidence from the Hawaiian-Emperor seamount chain is not compatible with 
a relaxation time of 10 5 years (Watts, 1978) and instead Watts proposed a thermoelastic rhe-
ology in which the flexural rigidity does not decrease with time since loading but instead is a 
function of the age of the lithosphere at the time of loading. Watts et al. (1980) compiled many 
of the estimates of oceanic lithospheric elastic thickness available at that time and plotted them 
against the age of the lithosphere at the time of loading (the age of the load subtracted from the 
age of the plate). (See figure 1. 10.) It is apparent from this plot that the elastic thickness of the 
oceanic lithosphere increases with the age of the lithosphere at the time when it was loaded. 
In particular, there is general agreement between the elastic plate thickness estimates and the 
depth to the 300 - 600 °C isotherms (corrected to 550 - 650 °C when heating of the lithosphere 
is taken into consideration (McNutt, 1984)). This was interpreted as indicating that the oceanic 
lithosphere cools as it moves away from the mid ocean ridge and becomes increasingly rigid 
in its response to surface loading. This result is generally compatible with studies of oceanic 
lithospheric rheology based on rock mechanics experiments (Goetze and Evans (1979) and 
Bodine et al. (1981)). 
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Figure 1.10: Diagram showing the relationship between the elastic thickness of the lithosphere and its 
age at the time of loading. (After Watts et al. (1980).) The data comes from studies of ridge crests and 
flanks (triangles), seamounts and oceanic islands (squares) and deep sea trenches (circles). Isotherms 
are from Parsons and Sclater (1977). 
Another variation on the elastic plate model is what is sometimes referred to as the viscous-
elastic rheology. In this model the lithosphere is considered to be a layered plate with viscosity 
decreasing with depth, in which relaxation begins at the base and works upwards. Suyenaga 
(1977) used a finite element model to investigate the time history of flexure for such a plate 
with depth-dependent viscosity and used the term viscous-elastic in order to distinguish this 
model from a viscoelastic plate whose properties are constant with depth. The main difference 
between the two models is that while viscoelastic relaxation occurs throughout the depth of 
the plate, in the viscous-elastic model relaxation at deep levels increases the stress in the upper 
levels since less of the lithosphere is supporting the load. In this respect the stress estimate is 
very similar to that of a purely elastic plate. If a viscous-elastic plate was interpreted in terms 
of a viscoelastic rheology, it would appear that the relaxation time r, would increase with time. 
This was observed by Watts (1978) along the length of the Hawaiian-Emperor seamount chain. 
Finally, the lithosphere may be described by an elastic-plastic rheology in which the elastic 
behaviour is represented by a linear relationship between stress and strain (Liu and Kosloff, 
1978). However at a critical stress level, determined by the rate at which the load deforms 
the lithosphere, the material starts to undergo plastic deformation and strain increases without 
a change in stress. Liu and Kosloff (1978) used this theology to model the flexure of the 
lithosphere under the Hawaiian archipelago by extrapolating the results of rock deformation 
experiments. While there appeared to be no conflict between this model and the observed 
flexure, there are many free parameters in this model and the fit is not unique. 
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1.3.3 Continental lithosphere 
Similar attempts have been made to study the rheology of the continental lithosphere. Grav-
ity profiles across continental mountain ranges have been used to model the flexure of the 
lithosphere in the same way as topographic and gravity profiles over the oceans. For exam-
ple, Kamer and Watts (1983) studied gravity profiles across the Himalayan, Alpine and Ap-
palachian mountain belts (figure 1.11) and found that a model involving a broken elastic plate 
fitted the gravity profiles and gave elastic thickness estimates for the lithosphere of 80- 130 km 
in the Appalachians and Himalayas (Archean/Proterozoic basement) and of 25 -50 km in the 
Alps (Hercynian aged basement). This suggested that in the same manner as the oceanic litho-
sphere, the continental lithosphere may become increasingly rigid with age. 















Figure 1.11: Comparison of observed (solid lines) and calculated (dashed lines) Bouguer gravity anoma-
lies from selected profiles across the Himalayan, Alpine and Appalachain mountain ranges, based on a 
simple flexure model. (From Kamer and Watts (1983).) 
Sedimentary basins have also been used as a means to study the flexure of the continental litho-
sphere. A study of the stratigraphy of the Michigan basin by Haxby et al. (1976) showed that 
it was formed by subsurface loading by mantle diapirs which metamorphosed the surrounding 
crust and subsequently cooled, becoming increasingly dense and heavy. It was found that the 
structural evolution of the basin was consistent with the flexure of an elastic lithosphere under a 
load (modelled as a disc). The flexural rigidity of the lithosphere was found to increase over the 
history of the basin, suggesting a thermoelastic rheology in which the elastic plate is cooling 
and thickening with time. Nunn and Sleep (1979) modelled the same basin using a viscoelastic 
plate and a relaxation time of 1 My. Beaumont (1978) also used a viscoelastic theology to ex-
plain the apparent decrease in flexural rigidity with time observed in the North Sea. However, 
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the use of sedimentary basins to study lithospheric flexure in terms of a particular rheological 
model is hampered by factors such as faulting and thermal subsidence which cause solutions 
to be non-unique. 
ter Voorde et al. (1998) used two-layered finite difference models and basin stratigraphy to 
study the effects of lithospheric rheology on the mode of flexural compensation following 
extensional deformation. They found that the wide variety of elastic thickness values obtained 
for sedimentary basins could be explained by decoupling of the crust and upper mantle, which 
is dependent upon the thickness and viscosity of the lower crust. Using semi-analytical model 
parameterisation of yield strength envelopes Lavier and Steckler (1997) found that the degree of 
decoupling in foreland basins was also dependent upon the thickness of the sediment cover. A 
sediment cover of more than 3 - 5 km has the effect of weakening the lithosphere by increasing 
the Moho depth (and therefore the lower crustal temperature) as well as thermally insulating 
the lower crust. 
The examples of continental loading discussed above, describe equilibrium situations in which 
the load has been in place long enough for deformation and compensation to be complete. How-
ever some of the very first studies of continental loading were centred around much shorter-
lived ice loads from the Late Pleistocene glaciation. Jamieson (1865) first recognised that 
raised beach levels on the Fennoscandian platform were the result of melting of the ice sheet 
and subsequent rebound of the lithosphere. The occurrence of post-glacial isostatic rebound in 
north-east Canada was recognised by Gilbert in the late nineteenth century (Lambeck, 1988). 
Because of the relatively rapid removal of the ice load, it is possible to observe and measure the 
rates of uplift following deglaciation both from observations of raised beaches as well as from 
precise levelling. These uplift rates can be used to calculate the viscosity of the underlying 
mantle. 
Daly (1934) distinguished between two different models (the punching model and the bulge 
model) describing the viscosity structure of the mantle based on glacial uplift in Fennoscandia. 
The punching model assumes that the glacial load punches through the crust forming a piston-
like depression of the loaded area, suggesting Airy type isostatic compensation. In contrast 
Daly's bulge hypothesis assumes that flow in the mantle is restricted to a thin channel, such 
that glacial loading and unloading produce peripheral bulges and troughs which are controlled 
by the strength of the crust (suggesting flexural compensation). Daly dismissed this model 
because no evidence of peripheral bulges had been found in Fennoscandia at that time. 
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McConnell (1968) re-analysed data from Fennoscandia using a model which took into account 
the loading and unloading cycle of the ice rather than assuming that the ice reached complete 
equilibrium followed by instantaneous removal/melting. As the ice melts, the lateral extent of 
the load will decrease and McConnell found that shorter wavelength departures from equilib-
rium relax more rapidly than longer wavelength ones such that the data was consistent with an 
elastic layer, 120 km thick, overlying a low viscosity channel. The effect of the elastic layer 
or lithosphere is to decrease the decay time of the shorter wavelength loads. The lithosphere's 
rigidity reduces the isostatic adjustment by a factor of 1/a where a is the flexural parameter 
(see equation 1.8). Thus the effects of a rigid crust are only important for short wavelength fea-
tures and the uplift of central Fennoscandia would be unaffected even by a substantial (rigid) 
crust. 
Thus while straight forward uplift rates from the centre of the load are sufficient to calculate 
mantle viscosities, it is necessary to have some spatial evidence concerning the variation of 
uplift rates with the wavelength of the load in order to determine the elastic thickness of the 
lithosphere. Crittenden (1963) made a study of the rebound of the pluvial Pleistocene Lake 
Bonneville in Utah following evaporation. Traces of old beaches from the lake show a doming 
upwards to the centre, indicating an isostatic response to the removal of the water. By com-
paring the displacement seen in the centre of the former lake with the maximum displacement 
for complete local compensation, Crittenden calculated that the lake was only ever 75% com-
pensated and determined that this was because the lithosphere has sufficient strength to support 
part of the load of the lake (i.e. flexural compensation). 
Crittenden went on to estimate the rigidity of this elastic lithosphere, firstly from the wave-
length of the deflection beyond an almost vertical escarpment within the lake. This gave a 
minimum estimate of 6 x 1021  Nm, since the vertical displacement due to the load may extend 
beyond the edge of the lake and therefore not be recorded in the form of raised beach levels. 
The second method employed by Crittenden was to compare the amplitude of the deflection 
under the centre of the lake with that calculated for the observed load. This method gives a 
maximum estimate for the rigidity of the lithosphere (7 x 1022  Nm) since it assumes that the 
deformation is in equilibrium. Walcott (1970b) then modified this estimate by taking into ac-
count the fact that the degree of compensation is only 90%. This gave a value of 3 x 1022  Nm. 
A similar study has been made of the pro-glacial Lake Algonquin which formed along the 
retreating front of the Laurentide ice sheet 12000 years ago. Studies of raised beach levels 
together with the known position and approximate shape of the load led to an estimate of the 
rigidity of the lithosphere in this area of 6 x 1024  Nm (Walcott, 1970c). 
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A rheological model for the continents? 
In the same way as for the oceanic lithosphere, attempts have been made to interpret conti-
nental elastic thickness estimates in terms of a general rheological model. For example Watts 
et al. (1982) plotted continental elastic thickness estimates against the age of the load. They 
interpreted the results in terms of a viscoelastic (Maxwell) plate in which the elastic thickness 
decreases with the age of the load with a relaxation time r of between 10 4 and 106  years. The 
fit of the model to the data however is by no means good and this model makes no allowance for 
differences in lithospheric age between study areas. In sharp contrast to the oceanic lithosphere 
which approximates well to a thermoelastic rheology, a corresponding rheological model which 
describes the continents well has not been found. There are several reasons for this. 
The oceanic lithosphere is both relatively young (everywhere less than 200 My old) and very 
homogeneous. The crust is of the same bulk composition as the underlying mantle (figure 1.4) 
and the lithosphere shows little lateral variation in composition. Thus with the exception of 
the temperature variation with age away from the mid-ocean ridge, the oceanic lithosphere is 
relatively straight forward. In addition, loads on the oceanic lithosphere tend to be distinct, 
separate features which are easily modelled in terms of some mathematical function and are 
also of known age (isotope dating of volcanic rocks). This makes it relatively easy to obtain 
and interpret elastic thickness estimates. 
In sharp contrast to the oceans, the continental lithosphere is both very old and extremely 
heterogeneous. Not only is the crust of a completely different composition to the underlying 
mantle (figure 1.4) but it also shows huge lateral variation. This lateral variation does not 
follow any simple relationship, such as the oceanic lithosphere does with distance from the 
mid-ocean ridge. The weakening effects of water also play a much more significant role in 
continental granites than ocean basalts. The continental lithosphere is therefore considerably 
more complex in terms of composition and structure than the oceanic lithosphere and this 
makes it difficult to interpret in terms of a simple rheological model. 
However this is not the only reason why a convincing rheological model has not been found 
for the continents. It is difficult to obtain reliable elastic thickness estimates for the continents 
because of the nature of continental loads. Due to the complex geological history of the conti-
nents, loads of different age, shape, lateral extent and geological origin (i.e. orogenic, intrusive, 
extrusive or metamorphic) are all overprinted and individual features are rare. This makes it 
very difficult to isolate a particular load and its compensation effect. Another problem is the 
assumption that the lithosphere responds passively to loading from above. This may also affect 
oceanic studies but continental orogenic events involving huge lateral movements affecting the 
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whole of the lithosphere make the distinction between load and lithosphere extremely difficult. 
Subsequent erosion of continental loads also adds a time dependence to the loading history 
which further complicates matters. 
While little can be done about some of these complications inherent in the study of continental 
lithosphere, the problem of overprinting of many different loads of different sizes, can be tack-
led with the use of spectral analysis. Spectral analysis of gravity and topographic data allows 
loads and the Bouguer gravity effect of their isostatic compensation to be separated out into 
features of different wavelengths. This method is outlined in the next section. 
1.4 The two-dimensional spectral approach 
1.4.1 The admittance technique 
As described in the previous section, loads placed upon the Earth's surface in the form of topo-
graphical variation are isostatically compensated at depth by a mass distribution, which in turn 
creates a gravity anomaly. Simple models have been proposed to describe these compensating 
density distributions (for example, the Pratt, Airy and plate flexure models) but it is not possible 
to determine the exact nature of compensation from the gravity field alone since density solu-
tions to the gravity field are inherently ambiguous. The fact that the gravity field is not linearly 
related to the compensating masses further hampered analytical solutions to the compensation 
problem. 
Dorman and Lewis (1970) introduced a more direct form of analysis which is independent of 
the exact compensation mechanism and is simply assumed to be linear. They showed how the 
relationship between the gravity and topography could be summarised by calculating a linear 
isostatic response function relating the gravity anomaly of the compensating density distribu-
tion to the elevation of topographic features of a given wavelength. The Bouguer anomaly is 
that part of the gravity field due to density variations below sea level. These variations are 
primarily due to compensation of surface loads but also exist due to near-surface lithological 
variations, igneous intrusions into the crust and processes such as mantle convection. By ap-
plying the methods of time series analysis, Dorman and Lewis (1970) showed how the part of 
the gravity signal which is correlated with the topography can be statistically separated from 
that part which is uncorrelated and due to processes other than isostasy. Not knowing exactly 
how the change in density under a point is affected by the topography at and around the point, 
Dorman and Lewis (1970) assumed a model in which 
'9B(r) = fs q(1z0 - z1)h(t)ds + n(r) = q 0 h + n 	 (1.9) 
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where r ,,  and r are position vectors in a standard equipotential surface (sea level); /gB is the 
Bouguer gravity anomaly; h(r) is the topographic height above sea level at r and q is an un-
known function. n is the residual Bouguer gravity anomaly which is not caused by isostasy and 
which is uncorrelated with the topography and ® denotes a convolution in the space domain. 
It is important to note that this equation assumes that the isostatic compensation of a point load 
causes radially symmetrical density anomalies beneath (i.e. that the lithosphere is isotropic in 
its response to loading). 
McKenzie and Bowin (1976) used equation 1.9 and marine profile data to obtain the filter func-
tion q from the autocorrelation coefficients of the bathymetry and the cross-product coefficients 
between the gravity and the bathymetry using Levinson's algorithm. However, the parameters 
of the compensation model are much more readily displayed by transforming equation 1.9 to 
the Fourier domain (Dorman and Lewis (1970) and McKenzie and Bowin (1976)). Assuming 
that the Earth's curvature can be neglected, this gives 
LGB(k) = Q(k)H(k) + N(&) 	 (1.10) 
such that the convolution in the space domain becomes a simple multiplication in the frequency 
domain. Uppercase letters denote the two dimensional Fourier transforms of lowercase vari-
ables, k is the horizontal wavenumber (Iki = (k + k) 1/2 = 2-7r/A) and Q is called the isostatic 
response function or admittance. 
The isostatic response function simplifies interpretation of the data in terms of a compensa-
tion mechanism by summarising all the relevant information originally in the two-dimensional 
gravity and topography maps. Lewis and Dorman (1970) analysed gravity and topographic 
data from the continental United States in this way and showed that this linear model was sat-
isfactory, with higher order, nonlinear terms being so small as to have negligible effect. The 
observed isostatic response function Q can then be compared directly with theoretical response 
functions derived for isostatic compensation models in order to determine which model, if any, 
fits the observations. 
Lewis and Dorman (1970) derived a theoretical expression for the response function for local 
Pratt and Airy models. The Pratt model did not fit the observations at all and it was found 
that only an Airy model involving positive as well as negative density contrasts with depth 
would fit the data (Dorman and Lewis, 1972). This involves two-level compensation with over-
compensation beneath the crust and the resulting mass deficiency compensated deeper in the 
mantle. However it is normally assumed that only density reductions are involved in isostatic 
compensation. Banks et al. (1977) therefore preferred to interpret the need for positive density 
contrasts as indicating that the data cannot be modelled with a local compensation model, and 
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instead compared the data with a theoretical isostatic response function derived for a flexural 
plate model with regional compensation. They found that the plate flexure model fits the data 
from the United States well and yields a value for the elastic thickness of the lithosphere in this 
area of 5 - 10 km. Because this elastic thickness is much less than the depth to the compensating 
density interface (Moho), Banks et al. (1977) concluded that the plate could not be perfectly 
elastic and that its elastic moduli must be much smaller than seismically determined values. 
McNutt and Parker (1978) carried out a similar analysis of Australian isostatic response data 
and found that the local Airy compensation model was satisfactory without having recourse to 
a more complicated regional model. They suggested that the reason for the difference between 
the apparent compensation in the United States and Australia was due to the greater average age 
of topographic features in Australia, indicating that viscous relaxation of the elastic lithosphere 
has occurred. Likewise, Banks and Swain (1978) applied a local compensation model to data 
from East Africa and found that the model fitted the data at the 80% confidence limit although 
it seems clear that support of the topography in this area is further complicated by thermal 
events in the mantle and "domal uplift". 
Assumptions regarding the admittance method 
These pioneering works led to widespread admittance studies of gravity and topographic data 
from all over the world. It should be remembered however that the validity of any interpreta-
tions based on admittance functions calculated in this way, depends on whether: 
• The compensation mechanism is, to a large degree, linear. 
• The noise, N is uncorrelated with the topography. 
• The topography represents the only load on the lithosphere. 
• The compensation mechanism is uniform over the area considered. 
• The compensation mechanism is isotropic. 
The fact that Dorman and Lewis (1970) proved the assumption of linearity to be valid for data 
from the United States has already been stated. Furthermore, they determined that, to avoid 
bias by noise, the best estimate of the admittance is given by 
Q(k) - (G(/)H*(i)) 
- (H(k)H*(k)) (1.11) 
where * indicates the complex conjugate; (GH*) is the cross spectrum of G and H and (HH*) 
is the power spectrum of H. Angle brackets denote averaging around annuli in the wavenum-
ber domain. By taking (GH*) the admittance estimate is obtained only from those parts of the 
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gravity signal which correlate with the topography in the wavenumber domain. This relation-
ship is based on the condition that (NH*) = 0 which implies that the noise does not correlate 
with the topography. 
The other three assumptions given above are more problematic. Admittance studies yielded 
values for the elastic thickness of the continental lithosphere which are consistently much less 
than those derived from studies of individual features (as described in section 1.3.3). The large 
values derived from studies of post glacial isostatic rebound might be explained in terms of 
the age of loading. Glacial loads are of considerably shorter duration than mountain loads, so 
that the lithosphere has less time to undergo viscous relaxation of stresses and would therefore 
be expected to have a greater apparent lithospheric rigidity. However the discrepancy between 
values obtained from the admittance technique and those from individual features other than 
ice loads cannot be explained away so easily. For example, McNutt (1983) obtained elastic 
thickness estimates for northern California based on both an admittance study of an area 200 
by 200 km in size and on a direct study of a profile across the Klamath mountain range. The 
one-dimensional modelling of the profile data gave an elastic thickness value greater than that 
determined from the admittance technique. It is possible that this may be due to the fact that the 
admittance study looks at a wider area than the direct profile study and therefore may sample 
lithosphere of varying rigidity as suggested by Cochran (1980), although this is unlikely since 
200 by 200 km is a very small sample area. McNutt (1983), in the same way as Forsyth (1981) 
and Louden and Forsyth (1982), preferred to interpret this discrepancy in terms of subsurface 
loading of the lithosphere. 
1.4.2 The subsurface loading problem 
Until that time, traditional admittance studies had assumed that the lithosphere is initially lat-
erally homogeneous in density and is subsequently deformed by the application of topographic 
surface loads. However, as Dorman and Lewis (1970) pointed out in their first paper on the 
subject, "the topography is more likely to be the result of changes in density at depth than the 
cause". Many tectonic processes such as heating of the lithosphere, metamorphism, volcanic 
intrusion and crustal under-plating involve changes in subsurface density which will behave as 
internal or bottom loads. Louden and Forsyth (1982) and McNutt (1983) derived a theoretical 
admittance function for internal or bottom loads and showed that the admittance has a very 
different form to that for surface loading. Both concluded that a combination of both top and 
bottom loading would best explain the observed admittance estimates. 
Chapter 1. Introduction 	 26 
Forsyth (1985) then developed the idea of subsurface loading one step further and combined 
the expressions for the admittance functions for both top and bottom loading in order to get a 
function which is dependent on f; the ratio of subsurface to surface loading. This function for 
combined loading relies on the surface and subsurface loading before isostatic compensation 
being statistically independent processes (i.e. having a random difference in phase). Forsyth 
showed that unless the amplitude of the bottom load was significantly greater than that of the 
surface load, then the shape of the response function is very similar to that for only surface 
loading of a weaker plate. Neglecting to take subsurface loads into consideration could there-
fore lead to serious underestimates of the rigidity of the plate. This might then explain the 
apparent discrepancy between the results of previous admittance studies and results from di-
rect analysis of individual features. Forsyth further suggested that the discrepancy might also 
arise due to several provinces with varying flexural rigidity being combined in a single study 
area and because of the weighting given to areas of high topography. 
If several tectonic provinces are combined in one study then the statistical method of obtaining 
an average value of the admittance for a particular wavenumber annulus is biased towards areas 
with the highest topography. If the Bouguer gravity anomaly in a specific region is related to 




Thus in averaging the admittance from different areas or different forms of loading, individual 
admittance functions are weighted by factors proportional to the square of the amplitude of the 
topography. This leads to average estimates which are a good indication of the compensation 
under the main topographic features but which give a biased estimate of the average elastic 
thickness of the lithosphere for the area as a whole. For example, if the plate is loaded only from 
below, areas of high rigidity will not undergo much surface deformation whereas weaker areas 
will be deformed to form high topography. The average admittance function will therefore be 
biased towards areas with smaller elastic thickness. 
1.4.3 The coherence technique 
Unable to distinguish between the effects of subsurface loading and averaging over regions of 
varying rigidity and types of loading, Forsyth (1985) developed a new method for studying 
isostatic compensation which makes use of the coherence between the gravity field and the 
topography. If loads are placed at the top and bottom of an infinitely rigid plate then neither load 
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is able to bend the plate (figure 1.12). In this instance a Bouguer gravity anomaly will exist over 
the subsurface load but none will exist over the topographic load and there will therefore be zero 
coherence between the Bouguer gravity and the topography at all wavelengths. Conversely, 
if the plate is infinitely weak then all surface loads cause deflections of the Moho and all 
subsurface loads will cause topographic deflections at the surface. In this case there is perfect 
coherence between the topography and Bouguer gravity. Thus for loading of a plate with 
intermediate, finite rigidity, the coherence changes from 1 for long wavelength loading to 0 at 
short wavelengths. The particular wavelength at which this change from 1 to 0 takes place is 
an indication of the rigidity of the plate. 
Infinitely rigid plate 	 infinitely weak plate 
HT 






mantle 	 load mantle 




coherence y 2 =0 	 coherence y 2 = 
Figure 1.12: Diagrams showing the coherence between the Bouguer gravity anomaly and the topography 
for an infinitely rigid and an infinitely weak plate. HT is the topography due to the surface load; HB 
is the topography due to the bottom load; WT is the deflection of the Moho due to the surface load and 
WB is the deflection of the Moho due to the bottom load. Redrawn from McNutt (1990). 
The observed coherence between the topography and the Bouguer gravity signal is given by 
the equation 
2 (GH)(GH) 
7 - (GG*)(HH*) 
(1.13) 
In the same way as for the admittance, Forsyth (1985) then derived a theoretical expression 
for the coherence of an elastic plate loaded at both the surface and at the base of the crust 
(Moho). Again this expression relies on the surface and subsurface loading being statistically 
independent. By comparing the theoretical coherence with that obtained from observations of 
gravity and topography it is therefore possible to determine the rigidity of the plate. Forsyth 
determined that, unlike the admittance, the coherence is relatively insensitive to the ratio of 
subsurface to surface loading f, thus avoiding the bias by subsurface loads inherent in the 
admittance technique. 
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Forsyth (1985) then re-analysed the data from East Africa in terms of the coherence and found 
that an elastic thickness of 25 - 30 km and loading ratio of 1, fitted the data, indicating con-
siderably greater strength in the lithosphere than suggested by Banks and Swain (1978). These 
values were also found to fit the admittance data. The coherence technique was likewise applied 
to the United States data and it was found that the transition from coherent to incoherent grav-
ity and topography occurred over a broader wavenumber range than possible with a straight 
forward coherence model. This was interpreted as being due to averaging over several tec-
tonic provinces with different flexural rigidity although variations in the loading ratio across 
the area or correlation between top and bottom loading might also produce this effect. Bechtel 
et al. (1990) studied coherence data from individual provinces within the United States and 
found that the elastic thickness did indeed vary across the continent; ranging from greater than 
100 km within the Precambrian interior to less than 5 km in the recently active Basin and Range 
province. 
Assumptions regarding the coherence method 
The assumption of zero-correlation between the surface and subsurface loads on the lithosphere 
is an important one. The elastic thickness cannot be uniquely determined from either the admit-
tance or coherence unless this assumption is made. However, Macario et al. (1995) point out 
that in many realistic cases such as mountain building, this assumption is likely to be violated. 
By calculating elastic thickness estimates based on Monte Carlo simulations of fractal surface 
and subsurface loads with varying degrees of correlation, Macario et al. (1995) determine that 
as the degree of correlation between the loads increases, there is a clear downward bias in the 
elastic thickness estimated from the coherence. 
Models of admittance and coherence data from large (heterogeneous) areas which included 
provinces with different flexural rigidity appear to lead to ambiguous results. Attempts have 
therefore been made to model observations from smaller (homogeneous) data areas. However 
Macario et al. (1995) find that there is a strong likelihood of an upward bias in the elastic 
thickness estimate if the dimensions of the study area are not sufficient for long wavelengths 
features to be resolved. 
The assumption that the lithosphere is isotropic in its response to loading affects both the 
admittance and coherence methods. If the lithosphere is strongly anisotropic, the admittance 
and coherence average over azimuths with different rigidity. This may lead to similar problems 
as averaging over a heterogeneous area with provinces of variable rigidity. Indeed, Bechtel 
et al. (1990) found that the lithosphere in the Basin and Range Province of the USA appeared 
to be more rigid in the direction parallel to the faulting than in the perpendicular direction. 
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These assumptions of zero-correlation between surface and subsurface loads, and of litho-
spheric homogeneity (both in different provinces and in a directional sense) should therefore 
be taken into consideration when interpreting elastic thickness estimates derived from the ad-
mittance and coherence techniques. 
Past coherence studies of some regions have yielded very large estimates of the continental 
elastic thickness (for example 130 km in the Western Shield and Northern Craton of Australia 
(Zuber et al., 1989) and 80 km for the Eastern Canadian Shield (Bechtel et al., 1990)) which 
are not consistent with the observed depths of earthquakes and mantle temperature information. 
McKenzie and Fairhead (1997) attribute this to short wavelength variations in the Bouguer 
anomaly which are related to near-surface lateral density contrasts. They propose that these 
short wavelength variations bring about a spurious signal in the Bouguer coherence which is 
not related to plate flexure. This in turn leads to over-estimates of the elastic plate thickness 
and is therefore an additional effect which must be considered when making investigations of 
this kind. 
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1.5 Project aims 
This chapter has given an overview of the previous work investigating the rheological nature of 
the oceanic and continental lithospheres, which led to the conception of this project. Rheolog-
ical studies of the oceanic lithosphere have been largely successful, such that it is considered 
to be relatively well understood. However, the elastic thickness values derived for the conti-
nents can only be described as inconclusive in terms of our understanding of how loads on the 
continents are supported over time. 
If the admittance and coherence are accurately modelled, then they should yield identical re-
suits in terms of elastic thickness. Failure to do so is an indication either of errors in the data or 
that the rheological model is unsuccessful in describing the Earth. However, since the advent of 
Forsyth's coherence method, there has been a decline in the use of the admittance between the 
gravity and topography and it is rare for authors to study both the admittance and coherence. In 
this project the admittance and coherence are therefore studied along side each other in order 
to see if they give consistent results. 
Possible explanations of why the admittance and coherence are frequently observed to give 
contradictory results are investigated in this work and methods are developed in an attempt to 
overcome these complications. One of the initial objectives of this project was to look at the 
significance of subsurface loads on the lithosphere by studying an area in which there is thought 
to be negligible subsurface loading. The Qattara Depression in the Western Desert of Egypt is 
thought to have formed in such a way that the surface topography is not associated with any 
subsurface loads, such that the loading ratio f should approximate to zero. By solving for the 
loading ratio, its effect on the elastic thickness is studied. If (as suggested by Forsyth (1985)) 
the elastic thickness estimates from past admittance studies really are biased towards small 
values due to the presence of subsurface loads, then an analysis of admittance of the Qattara 
region should yield the true elastic thickness and a loading ratio of zero. The coherence should 
also give the same result. 
In addition to the Egyptian dataset, data from three other regions (Kenya, the southern UK, and 
Greece and the Aegean) were also analysed to provide a comparison with Egypt in terms of 
different degrees of internal loading, the age and thermal state of the lithosphere, and the age 
of the load. 
A further assumption involving the loading ratio f is that surface and subsurface loads are not 
correlated. However it is entirely possible that loads may be correlated in some geological situ- 
ations and Macario et al. (1995) have shown that elastic thickness estimates from the coherence 
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may be biased towards small values if this is the case. The accuracy of the assumption of zero 
correlation is analysed by calculating a correlation coefficient between the derived initial loads. 
If a model which includes the possibility of subsurface loads is still unable to give accurate elas-
tic thickness values, then other possible sources of error must be considered. Forsyth (1985) 
points out that averaging over large areas of differing rheology may also lead to the admittance 
being biased in favour of small elastic thickness values. Previous attempts to obtain estimates 
for smaller (and therefore more homogeneous) regions, through the use of maximum entropy 
spectral estimation are described and the errors inherent in this method are discussed. Alter -
native methods of determining elastic thickness estimates from smaller datasets, by extracting 
information from the intermediate and short wavelength part of the spectrum, are developed. 
McKenzie and Fairhead (1997) have highlighted the problem of short wavelength noise in 
gravity data, in particular, its effect on the coherence. The gravity data is examined here for 
the presence of such short wavelength noise and a more sophisticated model for the admittance 
and coherence (similar to that of Bechtel et al. (1987)) is developed which allows internal 
loading on the plate to occur nearer the surface than in Forsyth's model, which requires internal 
loads to be positioned at the Moho. By allowing internal loads near the surface rather than 
forcing them to be positioned on the Moho, short wavelength Bouguer gravity anomalies can 
be included in the model, rather than simply being viewed as undesirable noise. McKenzie 
and Fairhead published their paper towards the completion of this work and raise many of the 
points which had been investigated as part of this project. Their contribution to the study of 
isostatic admittance and coherence is considered and their data are re-analysed to extend this 
study further. 
As previously stated, the degree of success in modelling admittance and coherence estimates 
also depends on the estimates themselves. The need to improve the accuracy of admittance 
and coherence estimates was also recognised by McKenzie and Fairhead (1997) who therefore 
implement a multitaper spectral analysis. In this work the effect of the data window is consid-
ered and several statistical methods are utilised in an attempt to improve the reliability of the 
observed estimates. 
Note 
The necessary computer programs for calculating admittance and coherence estimates from 
gravity and topographic data, and for subsequently modelling these estimates, were developed 
from routines written by Roger Hipkin and Roger Banks (pers. comm.)', and Jon Kirby (1995). 
'Uthveristy of Edinburgh, Scotland 
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1.6 Thesis structure 
The four datasets used in this thesis are presented in chapter 2 where they are described in 
terms of data source, correction and gridding. In addition, a geological review of each area is 
given, summarising those aspects of the geology which might be expected to have a bearing 
upon the rheology of the lithosphere and its loading history. Geological summaries are also 
given for additional areas for which admittance and coherence estimates were taken from the 
literature. 
In chapter 3, different techniques for calculating the observed admittance and coherence and 
their associated errors are compared, and possible explanations as to why these may lead to 
different results are given. 
The admittance and coherence are calculated for each of the datasets in chapter 4 and the effect 
of spectral windows upon the Fourier transform of the gravity and topography is explored. A 
rigorous statistical analysis is implemented in order to obtain the most reliable admittance and 
coherence estimates possible. 
Chapter 5 gives the derivation of the theoretical admittance and coherence for an elastic plate 
loaded both internally and externally. The specific case of surface and bottom loading on the 
crust is presented. The influence of the various Earth parameters involved in these models is 
discussed. Methods are developed for deriving elastic thickness estimates from intermediate 
and short wavelength admittance and coherence information. 
Chapter 6 describes the modelling of both the admittance and coherence estimates of McKenzie 
and Fairhead (1997) and those calculated for the four datasets of this project. The hypotheses 
concerning the role of subsurface loading; correlation between surface and subsurface loads; 
lithospheric heterogeneity and short wavelength noise in the gravity (as outlined in the previ-
ous section) are tested. The alternative methods for deriving elastic thickness estimates from 
intermediate and short wavelength information are also applied. 
In chapter 7, the degree to which these spectral methods are a successful technique for obtaining 
estimates of the elastic thickness of the continental lithosphere is assessed. Elastic thickness 
estimates obtained for each area are interpreted in the context of the known geological history 
of the area. By comparing the results for different areas with different geological regimes, 
attempts are made to interpret elastic thickness estimates in terms of a model of the rheology 





This chapter provides an introduction to the gravity and topography datasets analysed in this 
project. Firstly an introduction to the Earth's gravity field, its measurement, and its correction 
for known variations is given. Original admittance and coherence estimates were derived from 
point gravity data in four regions. In addition, other estimates were obtained from the literature. 
The four areas of point data are Egypt, the southern United Kingdom, Greece and the Aegean, 
and Kenya. A summary is given of those geological features in each area, which may be signif-
icant when investigating the hypotheses introduced in section 1.6. This includes descriptions 
of the age and mode of crustal formation, the tectonic and thermal reworking of the crust and 
upper mantle, and the nature of possible internal and external loads on the lithosphere. Results 
from additional geophysical surveys, which give further insight into the strength of the litho-
sphere in these regions, are also given. The gravity and topographic datasets for each area are 
then described in terms of their data source, correction and gridding. The compilation, stan-
dardisation/correction and gridding of the Egyptian data was undertaken as part of this project. 
The remaining three datasets were available in the formats described. The chapter ends with a 
summary of the geology of regions for which admittance and coherence estimates were taken 
from the literature. 
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2.2 Gravity Data 
2.2.1 The Earth's gravity field 
The inverse square law of gravitational attraction by which two point masses m1 and m2, a 
distance r apart, attract each other with a force F given by 
F=cmlm2 	 (2.1) 
r2 
(where Q is the gravitational or Newtonian constant) was deduced by Sir Isaac Newton in 1666. 
G represents the magnitude of the gravitational force acting between two material points, each 
one kilogram in mass, which are placed at a distance of one metre. The major gravitational 
force acting on a body at the surface of the Earth is the gravitational attraction of the Earth 
itself. If the Earth is considered to be perfectly spherical in shape with a spherically symmetric 
density distribution (such that the Earth's mass can be considered to be concentrated at its 
centre), the gravitational acceleration at the surface of the Earth g is given by 
cM 
(2.2) 
(in which a is the Earth's radius), since the force is equal to the mass multiplied by the ac-
celeration. In the eighteenth-century, Cavendish showed how the value of G  could be found 
experimentally with a straight rod with a mass at either end, suspended from a thin wire. Two 
further large masses are placed close to the masses on the rod and the attractional forces acting 
between the masses cause torsion in the wire. By measuring the angle of rotation of the wire 
as well as the elastic torque produced in the wire, it is possible to calculate the value of G. A 
more recent determination by Luthor and Towler (1982) gave the value 
G = 6.6727(1 ± 7.5 x 10 5 )x 10_11  m3 kg-1 s 2 . 
The mass of the Earth M, was originally determined by making measurements of the acceler-
ation due to gravity g and inserting this and values for g and a into equation 2.2. More recent 
observations of the orbital paths of satellites allow a much more accurate calculation of the 
product 9M, using Kepler's Third Law of Planetary Motion, which states that gM is equal to 
the cube of the orbital radius of the satellite multiplied by its mean angular velocity. 
However this is a very simplified view of the world. In fact, the Earth is not a perfect sphere 
because of its rotation and surface topography and therefore its mass can not be considered to 
be concentrated at its centre. Since gravity studies are generally concerned with investigating 
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subsurface geological variation, it is necessary to correct for the effects of rotation and topog-
raphy in order to isolate those parts of the gravity signal which are due to subsurface density 
variations. The collection of gravity measurements and their correction for these effects are 
considered in the next sections of this chapter. 
2.2.2 Collection of gravity data 
Absolute measurements of the acceleration due to gravity require either a very long pendulum 
or instruments which are capable of measuring extremely precisely the time taken for a freely 
falling object to travel a known distance. Such instruments are not readily portable but in 
general it is only the relative difference in gravity between sites which is necessary to determine 
subsurface lateral density variations. However, by tying such relative measurements into a 
more widely spaced grid of absolute gravity measurements, it is possible to determine values 
of absolute gravity everywhere. 
Relative gravity measurements make use of Hooke's Law which states that the tension T in a 
spring loaded with a mass m, is given by 
T = mg = k(x - x 0 ) 
	
(2.3) 
where x0 is the initial length of the unloaded spring, x is the new, extended length of the 
spring and k is a constant of proportionality known as the spring constant. With such static 
systems however, the extension of a spring caused by gravity variations seen at the surface of 
the Earth would be so small as to be unmeasurable. A static gravity meters, such as the Worden 
and LaCoste-Romberg meters, therefore contain a beam which is supported by a special "zero 
length" spring. This introduces a force to balance the background value of gravity, such that 
variations in gravity produce much larger displacements from the equilibrium position. 
The sensitivity of the gravity meter is proportional to the relative change in the length of the 
spring but the length of the spring may vary due to other effects such as thermal expansion 
and contraction. This can be avoided to some extent by the use of springs made of special 
alloys which have very small thermal expansion coefficients but it is also necessary to keep 
the mechanism in an oven which is thermostatically controlled to ± 0.02 O  C. Furthermore, 
stretching or sudden shocks can cause the addition or migration of lattice defects within the 
metal spring which can also cause changes in its length and consequently, an apparent change 
in the value of gravity with time. This effect is known as instrument drift. 
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The Sun and Moon also cause temporal changes in gravity, both due to their direct attraction 
and to their elastic distortion of the solid Earth. The elastic distortion causes changes in the 
height of the measuring site as well as variation in the Earth's mass distribution. It is possible 
to correct for both the effect of these Earth Tides and instrument drift by bringing the gravity 
meter back to a base station for duplicate readings every few hours. During this time the effects 
can be assumed to be linear and can be removed if the time at which the gravity measurements 
were made is noted. 
2.2.3 Correction of gravity measurements 
Since the reason for collecting gravity measurements is to learn something new about the Earth, 
it is necessary to correct the observed values for effects which are already understood and can 
be accurately predicted. What then remain are the gravity variations due to as yet unknown or 
poorly understood causes such as subsurface density variations. This section describes the stan-
dard corrections which are generally made to gravity measurements in order to make further 
interpretations possible. 
Absolute gravity networks 
Until 1970, many relative gravity measurements were tied in to the Potsdam Gravity Refer-
ence System, which consisted of an international network of relative pendulum measurements 
which were connected to a single pendulum determination of absolute gravity made in Pots-
dam in 1907. This was superceded in 1971 by the International Gravity Standardisation Net 
(IGSN-7 1) which is a hybrid network of seven free-fall laser interferometry gravity measure-
ments, hundreds of relative pendulum measurements and nearly 4000 observations made with 
calibrated relative gravity meters. IGSN-7 1 has sites in nearly every country worldwide and an 
accuracy of 2 x 10 m -2•  Today relative gravity measurements are tied into this new network 
and for consistency; measurements made before 1971 should have a correction applied, since 
there is a systemmatic 1.4 x 10-4  m 2  difference between the Potsdam and ISGN-7 1 systems. 
Latitude correction 
Perhaps the most obvious systematic variation in gravity at the Earth's surface is its variation 
with latitude due to the Earth's rotation about its polar axis. A rotating body experiences an 
inertial force known as the centrifugal force which acts in a direction perpendicularly away 
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from the axis of rotation. The strength of the force F is given by the equation 
F = mw2r 	 (2.4) 
where m is the mass of the body, w is its angular velocity and r  is the distance from the spin 
axis at a particular latitude W. This force is therefore of smaller magnitude in polar regions than 
at the equator, since the distance from the spin axis is greatest at the equator. 
The rotation of the Earth effects the strength of the gravity field at its surface in three ways. 
The centrifugal force itself causes the gravitational attraction at low latitudes to be reduced 
but this also causes redistribution of the Earth's mass in the form of polar flattening and an 
equatorial bulge, and this deviation in the Earth's shape from a perfect sphere has two further 
effects. Measurement sites at the equator will necessarily be further away from the Earth's 
centre and for this reason experience a weaker gravity field. However the excess mass of the 
equatorial bulge will act in the opposite sense and will cause an increase in the gravitational 
attraction. The net result of these three effects is to cause gravity to be weaker at the equator 
(i-' 9.78 m s 2 ) than at the poles (i-'  9.83 m s 2 ) 
It is possible to correct for the effects of rotation by calculating the gravitational field on the 
surface of a Reference Ellipsoid or model Earth of known mass, shape and rate of rotation. 
This theoretical gravitational field (also known as normal gravity) is given by the International 
Gravity Formula: 
7eq (1 + f3sin 2 (p + /3fsin 4 co) 
	
(2.5) 
in which is the latitude and 'y is the acceleration due to gravity at latitude '. 'y (the value of 
gravity at the equator), 8 and are constants dependent on the mass, shape and rotation rate. 
The surface of the Reference Ellipsoid is an approximation to the mean sea-level over the 
oceans which, together with its hypothetical continuation on land, is known as the geoid. The 
geoid is simply the physical manifestation of the gravitational field. The shape and mass of the 
Earth used in the original International Gravity Formula (in 1930) were therefore determined 
by gravity measurements made on land and at sea (and are therefore also dependent upon 
the Potsdam Gravity Reference system). The advent of artificial Earth-orbiting satellites in 
1957 meant that by radio tracking the orbital paths of the satellites, the shape and mass of the 
Earth could be determined with much greater accuracy than previously possible. This led to 
new values for the constants 'Yeq' 13i and 02 given by the Geodetic Reference System of 1967. 
Since then, further slight improvements have been made but the Geodetic Reference System 
of 1980 does not differ significantly from that of 1967. Differences between the 1930 and 
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1967 constants are shown in table 2.1. It is necessary to correct measurements from surveys 
pre-dating 1967 for this difference. 
II IGF 1930 GRS 1967 
Yeq (M S_ 9.78049 9.7803267715 
,31 0.0052884 0.0052790414 
02 -0.0000059 -0.0000001262 
Table 2.1: Table showing the differences between the constants used in the International Gravity For-
mula (1930) and those used in the Geodetic Reference System (1967). 
The gravity variations at the surface of the Earth which are not caused by its rotation are 
therefore given by Lg where 
= gobs - 	 (2.6) 
and gobs  is the observed or measured value of gravity. 
Free Air correction 
Variations in measured gravity also occur because the Earth is not perfectly ellipsoidal in shape 
due to the presence of local surface topography. A measurement of gravity made from the top 
of a crane will be less than if the measurement had been made at sea-level, since the inverse 
square law of gravitation states that the strength of the gravitational field decreases with the 
square of the distance from the object. If the Earth is considered to be a sphere, then the 




g(h) =go ( ' a+h) 
	
(2.7) 
in which go is gravity at sea-level and a is the radius of the Earth. Since topographic variations 
h are of considerably smaller magnitude than a, this equation can be approximated by 
g(h) = go 	 ) 
Ii -\ 	 (2.8) 
a 
Measuring gravity at a height h therefore gives a value that is 2goh/a less than it would be at 
sea-level (equivalent to 0.3086 mgals per metre of elevation): This is known as thefree air gray-
ily correction because it makes no allowance for any masses between sea-level and the observa-
tion point. If the gravitational field of the Reference Ellipsoid is used to calculate this elevation 
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effect, the value is latitude-dependent and ranges between 0.30858 and 0.30863 rngals rn_ i 
However an approximation of 0.3086 mgals m 1 generally gives sufficient accuracy. 
The gravity variations at the surface of the Earth which are not caused by its rotation or by this 
elevation effect are therefore given by the free air gravity anomaly I.gFA, which is given by 
9FA = gobs - ')( + 89FA 	 (2.9) 
where 59FA  is the free air correction, (2goh/a). 
Bouguer correction 
As previously stated, the free air correction to gravity measurements makes no allowance for 
the gravitational attraction of any mass between the observation point and sea-level. However 
the force due to gravity on top of a mountain would be greater than that on top of a crane of 
equal height because of the additional mass of the mountain. In the mid-18th century, Pierre 
Bouguer showed how this effect can be removed from the gravity measurement by approximat-
ing the mass of a mountain of height h, by a slab of infinite horizontal extent and thickness h. 
The gravitational effect of the mass between the measuring height h and sea-level is therefore 




in which g is the gravitational constant and p is the density of the material between the mea-
surement point and sea-level. ögB is known as the simple Bouguer gravity correction and is 
equivalent to 0.1119 mgals per metre of elevation for rocks of an average crustal density of 
2670 kg m 3 . In very mountainous areas however, a simple Bouguer correction is not suffi-
cient and a terrain correction is also necessary to allow for deviations of the surface from an 
infinite plane. For example, gravity in a valley between two large mountains will be weakened 
because of an attraction upwards towards the mountains. The terrain correction (5gT)  can be 
calculated by numerical integration of the gravity effect of a digital terrain model but in many 
cases is so small that it can be ignored. The combination of the simple Bouguer correction and 
the terrain correction is known as the complete Bouguer correction. 
Gravity variations at the surface of the Earth which are not caused by its rotation, the elevation 
of the measuring site, or the mass between the measuring site and sea-level, are therefore given 
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by the Bouguer gravity anomaly (gB)  given by the equation 
gB = gobs - ')' + 89FA - SgB + 59T 
	 (2.11) 
The calculation of the Bouguer gravity anomaly is dependent upon the topography of some 
model Earth but if this is calculated correctly, the Bouguer Anomaly should correspond only 
to the gravitational effect of density variations below sea-level. 
Bouguer correction densities 
In order to calculate a Bouguer anomaly from gravity measurements, it is necessary to know 
the average density of the topographic variations above sea-level, but rock densities are diffi-
cult to determine. A sample of rock from the surface may not be representative of the mountain 
mass as a whole and even if it were, it is not easy to measure the density of a rock specimen. 
Its weight can be measured easily enough but measuring its volume is difficult owing to pore 
spaces in the rock which may become filled if the sample is placed in a fluid. A better way 
to calculate the density of surface topography is to use Nettleton 's method; a field-based pro-
cedure which makes use of the effect which topography has on gravity. A profile of gravity 
observations is made over a feature where the gravity is known to vary only due to the to-
pography (i.e. one which does not contain any subsurface density variations, for example an 
erosional feature). The gravity data are then reduced to a series of Bouguer anomaly profiles, 
calculated using different Bouguer correction densities. The profile which correlates least with 
the observed topography corresponds to the average density of the topographic feature. (This 
is actually the basis of the admittance technique as described in chapter 1.) 
2.3 Egypt 
2.3.1 The geology 
The Egyptian dataset covers an area of 1000 km square (figure 2. 1), situated south of the eastern 
Mediterranean, extending from longitude 22'1'E to 32'5'E and latitude 24 1 9' N to 330 9, N. 
The area consists of most of Egypt (with the exception of Sinai and the Red Sea) as well 
as eastern Libya and a southern strip of the continental shelf of the Mediterranean Sea. The 
following description of the geology of Egypt pertaining to this project is largely based on 
Rushdi Said's book "The Geology of Egypt" (1990) and in particular on the chapter entitled 
"Egypt in the framework of global tectonics" by Paul Morgan. 
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Precambrian crystalline basement (Nubian shield) rocks are exposed in eastern Egypt, south 
Sinai, in the southwest Uweinat massif and also near Aswan, but are thought to underlie all of 
Egypt since they are also seen in well cores from northern Egypt. The oldest rocks. of Archaean 
age (2700 Ma). are found in the southern Uweinat massif and are thought to have formed 
in a continent-continent collision belt. This was followed by further crustal formation and 
metamorphism in a Middle Proterozoic fold belt at the margin of the Late Archaean continental 
nucleus, which together form the Nile Craton. This craton (figure 2.1) is thought to extend north 
as far as the Uweinat massif and Aswan and its border with the surrounding crust constitutes a 
major basement boundary. 
20' 	22' 	24' 	26 	28' 	30' 	32' 	34' 	36' 
36' 36' 
22' 
20' 	22' 	24' 	26 	28' 	30' 	32' 	34' 	36 
Figure 2.1: Map showing the main geological elements of Egypt. The approximate position of the Nile 
Craton is taken from Meshref (1990). The blue lines indicate pre-Eocene faults while red lines denote 
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Elsewhere in Egypt the age of basement rocks ranges between 1200 Ma and 500 Ma, with in-
dication of continual tectonic and magmatic activity during this period. This is thought to 
represent the addition of Late Precambrian juvenile crust onto the Archaean continental nu-
cleus, most probably in the form of accretion of island arcs. This initially caused the intrusion 
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of mantle-source igneous melts, and was followed by re-melting of the newly formed and 
thickened crust. Together these events constitute the "Pan African tectono-thermal event", dur-
ing which a significant volume of crust was accreted onto the northeastern margin of the Nile 
Craton. 
After the Late Precambrian/Early Cambrian Pan African activity, there was a period of relative 
stability in Egypt. It has been hypothesised that during the Palaeozoic, relaxation of thermal 
anomalies generated by the Pan African crustal accretion led to subsidence in the Kufra and 
Dakhla Basins, with up to 3 km of sediment being deposited. Early Palaeozoic igneous ac-
tivity was characterised by post-tectonic granitoids, associated with the thermal readjustment 
of the thickened Pan African crust, which appear to have affected most of Egypt. From the 
Carboniferous until the Triassic, magmatism occurred in the Eastern Desert and the far south 
of the Western Desert near Gebel Uweinat and included mantle source, alkaline volcanics and 
ring complexes. This magmatism is thought to be related to the Hercynian Orogeny in Europe. 
which was caused by the creation of the Pangaean super-continent from the northern Laurasia 
and southern Gondwanaland, involving some closure of the Tethyan ocean to the north of the 
African-Arabian land mass. 
During the Jurassic and Cretaceous sedimentation was controlled by tectonic activity related 
to initial rifting in the South Atlantic (later followed by rifting in the North Atlantic). This 
caused E - W and ENE - WSW features including faults, uplift of sections of the north Egyp-
tian margin and possible block tilting as well as alkaline magmatism in the Eastern Desert. 
During the Early Jurassic, the eastern Mediterranean was closed with southern Turkey being 
contiguous with northern Egypt. But in the Late Jurassic/Cretaceous, major extension caused 
separation from the Turkish microplate and initiated formation of the eastern Mediterranean. 
The axis of extension ran approximately NW - SE (for example the Sirte Embayment in north-
eastern Libya). The Turkish microplate then drifted northwards causing the closure of the older 
Paleotethys. 
Movement of Africa towards Asia during the Cretaceous generated compressive stresses, acting 
in a more or less N - S direction, which brought about the closure of the southern Neotethys 
during the Late Cretaceous. This compressive regime caused the formation of broad folds 
(known as the Syrian Arcs) across all of northern Egypt, northeastern Libya and offshore in 
the Mediterranean. Growth of these folds continued into the Middle Eocene which also saw 
the accentuation of uplift and erosion along the Mediterranean coast and increased subsidence 
inland. 
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The Paleogene saw a transition from the compressive stress regime of the Syrian Arcs to ex-
tension in the Red Sea and Gulf of Suez. The Cenozoic uplift and associated magmatic activity 
in the Uweinat Massif in southwest Egypt are thought to be thermal in origin and related to 
the heat source responsible for the rifting in the Red Sea and the separation of the African and 
Arabian plates. Faulting across the northern coastal belt of Egypt is probably coincident with 
the opening of the Gulf of Suez. 
Origin of the Qattara Depression 
The main topographic feature of the Western Desert of Egypt is the Qattara Depression. Its 
boundary is taken as sea-level and it extends down to a maximum of 134 m below sea-level. The 
western and northern boundaries are marked by steep cliffs, while to the south the floor rises 
gradually to merge with the Libyan Plateau (figure 2.2). The Qattara Depression is excavated 
out of sedimentary rocks of Cenozoic age which include Early Miocene fluviatile and fluvio-
marine facies (Moghra formation), overlain by a massive calcareous unit which includes pure 
limestone (Marmarica formation) (Albritton et al., 1991). 
While it has been hypothesised that the Depression is tectonic in origin (for example; Grindy 
(1991)), there appears to be little evidence to support this claim. LANDS AT imagery has been 
used to identify 7 sets of fractures in the Qattara area, the most controversial of which is the 
"Qattara Fault Zone". This set of E - W trending fractures is thought to represent one of a 
swarm of ancient left-lateral strike-slip faults which extend across Africa and possibly into 
South America. These Precambrian structures are part of the "Pelusium system", which is also 
known as the Trans African Lineament. However these faults are far too old to be related to the 
formation of the Qattara Depression which post-dates the Lower Eocene. Only 3 of the 7 sets 
of fractures identified are mentioned in the tectonic report by the Egyptian Geological Survey 
(Meshref et al., 1991). 
The normal faults shown in blue in figure 2.1 (taken from Sigaev (1959)) do fall within the 
Qattara region but are of pre-Eocene age and therefore cannot be related to the formation of 
the depression. Those faults shown in red in figure 2.1 are recent enough to have caused the 
formation of Qattara, but they lie far away from the depression and do not appear to be related. 
The alternative explanation is that the Qattara Depression was formed by erosion, particularly 
aeoiian erosion. While the wind could be responsible for the erosion of the fluvial sediments, 
this does not explain how the extremely hard limestone cap of the Marmarica formation was 
breached. Albritton et al. (1991) propose that the Qattara originated as the valley of a stream 
which originated in the Gilf Kebir Highlands and drained into the Mediterranean (figure 2.2). 
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Figure 2.2: Map showing the route of Late Miocene drainage which lead to the formation of the Qattara 
Depression (redrawn from Albritton etal. (1991)). GK denotes the Gilf Kebir highlands. 
This stream cut through the limestone and formed the steep northern wall of the depression. 
The decrease in sea-level in the Mediterranean during the Late Miocene caused ground water 
to drain through northward dipping aquifers, initiating karstic processes and causing the stream 
to disappear into underground sinks. 
While Late Miocene drainage patterns in the Eastern Desert of Egypt testify to the fact that 
Egypt was subject to vigorous erosion by streams, visible evidence of drainage in the West-
em Desert has been obliterated by further erosion and covered by sand. Seismic studies and 
well cores indicate that the thickness of loose sediment increases northwards towards Siwa. 
Outcrops of alluvium observed south of the depression suggest that beneath the surficial aeo-
han sand, accumulations of coarse sand and gravel are fluvial in origin. Seismic profiles from 
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north of the Qattara reveal a rough and gullied topography produced by Messianian rivers and 
it seems likely that this drainage is linked to the Ras Alam er Rum Canyon found offshore in 
the Mediterranean (Ryan (1978), Barber (1981)). 
The evidence would therefore appear to support a non-tectonic origin for the Qattara although 
extension and fracture over the crests of the Syrian Arc folds may have provided the initial 
drainage pathway. 
Summary 
The basement in this area dates back to the Archaean, and everywhere predates the Cambrian 
with minimal thermal alteration since the Pan-African. Tectonic activity since then includes 
faulting and folding with a mainly E - W orientation. With the exception of the Mediterranean 
this has generally been in response to events outwith the area and is therefore not particu-
larly intense. The Egyptian lithosphere may therefore be described as old, cold and relatively 
homogeneous, with only a weak E - W trend. 
Magmatism in the area has been minimal since the Pan-African and is mostly limited to extreme 
eastern and southern parts of the area. Internal loading of the lithosphere should therefore be 
minimal. Surface loading of the lithosphere occurs in the Mediterranean (3 100 m below sea-
level); in the far east of the area on Red Sea rift flanks (900 m); along the uplifted Libyan coast 
(800 m); in the remnants of Pan-African Highlands in the Gebi Kebir (700 m) and in the Qattara 
Depression (134 m below sea-level). The non-tectonic origin of the Qattara Depression should 
mean this particular part of the data area is loaded only at the surface 
Geophysical information 
Geophysical information for the Western Desert of Egypt is hard to come by since relatively 
few surveys have been undertaken in this remote part of the world and those that have are 
mostly in the oil company domain and the results are therefore not widely available. Geise 
et al. (1982) have interpreted seismic refraction studies as giving a depth to the Moho beneath 
on-shore Egypt of the order of 30 km. Heat flow values in the Western Desert range between 
30 and 50 mW m 2 and in the Eastern desert they increase to more than 70 mW m 2 (Morgan 
et al. (1980, 1983, 1985) and Boulos (1990)). Western Egypt is not seismically active (Ke-
beasy, 1990) and there is therefore no information concerning the seismogenic thickness of the 
lithosphere in this area. 
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2.3.2 The gravity data 
The main dataset covering the Qattara Depression area in Egypt was collected by the Sahara 
Petroleum Company (SAPETCO) (now the Egyptian National Oil Company (ENOC)) between 
1954 and 1956 and consists of nearly 22000 measurements. Gravity base stations were setup at 
40 km intervals from the Heiwan Observatory (an absolute gravity station), northwest through 
Alexandria and Matruh to El Daba. Bases were then set up going southwards into the field 
area from this initial baseline. Gravity measurements were then made using 5 Worden gravity 
meters at 1 km spacing in a pattern of 5 by 5 kilometre square "loops" such that all gravity 
base stations were double run within a maximum period of two and a half hours. After drift 
correction, the loop misciosure did not exceed 0.10 mgals. Measurements were also made 
along all accessible roads in the area. 
Horizontal positions were tied into the existing first order triangulation net. Height measure-
ments were surveyed using standard K & E transits and the railhead elevation at the Burg-El 
Arab railroad station was used as a vertical datum. Vertical loop misciosure did not exceed 
0.31 m. 
Gravity measurements made by the survey were tied into the absolute gravity measurement at 
the Helwan Observatory in Cairo which was part of the Potsdam Gravity Reference System. 
Latitude corrections were made to the data using the International Gravity Formula of 1930. 
A hand written manuscript (Griffin, 1956) accompanying the data maps states that the total 
elevation correction (free air plus Bouguer correction) applied to the gravity data to give the 
Bouguer gravity values was 0.242 mgals rn_ i . This value was derived from five "elevation cor-
rection factor profiles" and calculated using Seigert's method (equivalent to Nettleton's method 
as previously described). This value of 0.242 mgals m 1 is equivalent to a simple Bouguer cor-
rection factor of 0.0666 mgals m 1 or Bouguer correction density of 1600 kg m 3 . This also 
happens to be the density of loose sand, suggesting that the topographic features used in the 
elevation correction profiles were sand dunes. It is unlikely that this density is truly represen-
tative of all topography in the area and changes to this correction density are discussed later in 
this chapter. 
2.3.3 Verification of the gravity data 
Maps showing the latitude-longitude position of the survey sites together with Bouguer gravity 
and height information had been previously digitised in order to give computer files containing 
six figure latitude and longitude values, Bouguer gravity to 0.01 mgals and height to 0.1 m. 
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Verification of this data was then the first step of this project. 
The survey sites were plotted on a latitude - longitude grid using the UNIRAS mapping package 
(UNIMAP, 1989) and it was found that a block in the southwest corner of the data was mis-
aligned due to incorrect parameters having been entered into the digitisation program. These 
were corrected and the program rerun to give the correct latitude and longitude values. These 
points are shown in green on figure 2.3. 
The Bouguer Gravity values were checked to see if they were absolute values or relative to 
some unknown datum by comparing them to data from a CD-ROM produced by the National 
Geophysical Data Center (1992). This CD contains a few scattered values covering the survey 
area, some of which occupy exactly the same sites as the SAPETCO survey. It was found 
that the survey values were consistent with those from the CD suggesting that they were true 
absolute values and not relative to any datum. 
Height measurements made by the SAPETCO survey were originally made relative to the rail-
head elevation at the Burg-El Arab railroad station. To ascertain whether this datum level had 
subsequently been added to the measurements, a 1:100000 map of this area, published by the 
Department of Survey and Mines (Egypt) in 1927 and revised in 1938, held in the National 
Library of Scotland, was consulted. A comparison of this rail-head elevation (22.94 m) and 
other height data (particularly along roads which were the most easily distinguishable features) 
from the 1:100000 map with height data from the survey, determined that the survey heights 
were absolute heights above sea-level. 
2.3.4 Padding of the gravity data 
As can be seen in figure 2.3, due to variations in road quality and access to fresh water, the 
SAPETCO survey covered a very irregular shaped area. For this reason it was necessary to 
pad out this initial dataset with additional data in order to be able to interpolate the data onto 
a rectangular grid. Further padding of the data was also desirable since the larger the data 
dimensions, the longer the wavelength of features which can be analysed. 
OSU91A Geopotential model data 
Initial attempts were made to use satellite geopotential model data to fill in the gaps in the grav- 
ity data. The Ohio State University model 91A is a spherical harmonic global potential model 
of the Earth, based on terrestrial and sea gravity data as well as satellite perturbations (Rapp 
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Figure 2.3: Map showing the gravity data coverage and various data sources for the Egyptian area. 
Green denotes SAPETCO data; pale blue denotes BGI data for Libya; dark blue denotes BGI data for 
Egypt; yellow denotes BGI data for the Mediterranean and red denotes data taken from Kamel (1990). 
Solid lines indicate the approximate position of the Mediterranean coast, the border between Libya and 
Egypt, and the boundary of the Qattara Depression. 
et al., 1991). The model goes up to a maximum spherical harmonic degree of 360 which is 
equivalent to a minimum wavelength of 111 km and therefore represents a much longer wave-
length gravity field than the SAPETCO survey data. The coefficients for degrees 2 to 50 were 
calculated from a combination of 0.5 degree mean gravity anomaly data and the coefficients 
from another geopotential model GEM-T2, while the coefficients for degrees 51 to 360 were 
calculated from a global set of adjusted gravity anomalies. 
In order to establish whether this spherical harmonic model could predict the gravity field in 
the Egyptian area with sufficient accuracy to be used to pad out this data, the free air grav-
ity field for harmonic degrees 80 to 360 was generated at the sites of the SAPETCO survey 
measurements. Harmonic degree 80 corresponds to a wavelength of 500 km which is the max-
imum wavelength in the SAPETCO dataset which covers a distance of 500 km in the east - 
west direction. This free air field was then compared with the free air gravity anomaly from the 
SAPETCO survey and it was found that the residuals between the two were as large as 50 mgals 
in some places. The problem is that the SAPETCO survey data does not contain wavelengths 
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greater than 500 km, while the geopotential model does not contain reliable information of 
wavelengths less then 500 km. There is therefore no overlap in the wavelength of information 
reliably contained by the two datasets and the OSU91A geopotential model is therefore not 
suitable for padding out the SAPETCO data. Rapp et al. (1991) state in the technical report 
for this model that the geoid undulation differences between the OSU91A model and other 
previous geopotential models are particularly large in the region of the eastern Mediterranean 
Sea. This is possibly due to the lack of constraining land data in the area of North Africa and 
may explain why the residuals seen in this area were found to be so large. 
BGI gravity data 
Given that the satellite geopotential model data was not suitable for padding out the SAPETCO 
data, an alternative source was required. Data was extracted from two global gravity data CDs 
(Bureau Gravimdtrique International, 1 996a,b). Latitude, longitude, free air gravity and height 
data were downloaded from the discs for areas of Egypt, Libya and the eastern Mediterranean 
Sea, for those sites which had been validated by the BGI. Plotting of the free air gravity data 
on UNIMAP showed two ship tracks of marine data which were wholly inconsistent with 
neighbouring tracks and were therefore discarded. Otherwise the BGI data appeared to be in 
good agreement with the SAPETCO survey data. However this still left an area north east of 
the Qattara depression which did not have data coverage. 
Gravity map published in "The Geology of Egypt" (Said, 1990) 
Kamel (1990) compiled several gravity datasets from this area of Egypt to generate a Bouguer 
anomaly map with 10 mgal contours. These datasets included the SAPETCO survey and also 
surveys made by Philips Petroleum, General Petroleum, AMOCO and GEOFISICA. Ideally 
these datasets would be included in this analysis but they are not generally available. However 
in order to constrain the area to the north east of the Qattara Depression at least to some extent, 
a 15 arc minute grid was superimposed on Kamel's map and the Bouguer gravity estimated by 
eye at these grid points to the nearest mgal. The position of these points are shown in red on 
figure 2.3. A comparison of the map with the other data suggested that Kamel had used the 
3 . standard Bouguer correction density of 2670 kg m 
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2.3.5 The topography data 
Although the SAPETCO survey data and BGI data have associated height measurements made 
at the same sites as the gravity measurements, these only give the same, rather irregular cover -
age as the gravity data. A better topographic coverage is available from digital terrain models 
on CD-ROM. 
ETOP05 topographic data 
This is a compilation of continental and oceanic elevations gridded at 5 arc minute intervals, 
distributed by the National Geophysical Data Center (1993). However this digital terrain model 
has been found by many workers to be unsatisfactory in continental areas due to: 
• Grids having been derived from lower resolution data sets 
• Spatial resolution and gridding being very blocky in character, causing "steps" in the 
gridded data 
• A systematic westward shift of land data by 10 to 20 km 
• A lack of information concerning the data sources. 
Indeed an extraction of data for the area under consideration was found to contain north-south 
and east-west trending steps in the continental part of the data of up to 200 m, particularly in 
the northern coastal areas. For this reason it was decided that the ETOP05 data set was not 
sufficient for our purposes and an alternative was required. 
GLOBAL-DTM5 topographic data 
GETECH (Geophysical Exploration Technology, 1995) became aware of the problems with 
the continental ETOP05 data whilst compiling continental scale gravity studies in the 1980s. 
GETECH therefore constructed a new global digital terrain model using the old ETOP05 data 
as well as new data from various gravity and aeromagnetic projects, topographic maps, na-
tional digital terrain models and satellite heights. The ETOP05 values were given the lowest 
weighting. The result (GLOBAL-DTM5) for the Egyptian area is a data set at 5 arc minute 
intervals which does not contain north-south or east-west trending "steps" or (it is assumed) 
any westward shift. 
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2.3.6 Standardising the data 
The first step in compiling a single gravity data set from the three different sources was to 
standardise the various sources with respect to the absolute gravity networks and latitude cor-
rections used. While the BGI and Kamel data are based on the IGSN-7 1 absolute network and 
the 1967 version of the Geodetic Reference System, the SAPETCO data was measured relative 
to the Potsdam Gravity Reference System and the International Gravity formula of 1930. The 
SAPETCO data was therefore corrected to the modern IGSN-7 1 and GRS67 standards. 
The next step was to convert the SAPETCO and Kamel data from Bouguer gravity anomalies 
to free air anomalies using the formula 
FA = tgB + 29ph 
	
(2.12) 
To convert the SAPETCO gravity data, the SAPETCO height data and a value of p = 1600 kg m 3 
were used while for the Kamel data, GETECH-DTM5 topographic data and a value of p = 
2670 kg m 3 were used. 
The data then consisted of latitude, longitude and Free Air gravity readings. The latitude 
and longitude positions were converted to Eastings and Northings in km using the Universal 
Transverse Mercator projection. This is a cylindrical projection whereby the latitude and longi-
tude coordinates are projected onto a cylinder which lies in contact with a great circle passing 
through the Poles and the area in question (UTM zone 35). This great circle is known as the 
central meridian. 
Finally the free air anomalies were converted to Bouguer gravity values using a Bouguer cor -
rection density of 2500 kg m 3 . This density value was determined experimentally using a 
method based on the same principles as Nettleton's method (described earlier in this chapter). 
Given equation 2.12, 
QB = QFA - 279P 
	
(2.13) 
in which QB  is the admittance from the Bouguer gravity and QFA  is the admittance from the 
free air gravity. 
If the topography is completely isostatically compensated as is assumed to be the case at very 
long wavelengths, then A9FA = 0 such that QB = — 2r9p. However if the topography is 
completely uncompensated as it will be at very short wavelengths, then LgB = 0 and therefore 
QB = 0. Thus if the correct Bouguer correction density is used, the admittance should range 
between —27rcp at the longest wavelengths to zero at short wavelengths. If the correction 
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against wavenumber k as shown in figure 2.4 will be displaced along the y-axis and will not 
pass through zero at short wavelengths. The admittance was therefore calculated for varying 
Bouguer correction densities until the admittance at short wavelengths was made to equal zero. 
This yielded a value of 2500 kg m 3 which is not as high as the standard value of 2670 kg m 3 
but this is unsurprising since the topography in this area is mostly composed of sedimentary 







Figure 2.4: Diagram showing how the admittance varies with wavenumber if the correct Bouguer cor-
rection density is used. 
On land areas the Bouguer gravity anomaly is calculated from equation 2.12 where p (the cor-
rection density) is 2500 kg m 3 . However in offshore areas (the Mediterranean), the effect of 
the water between the sea bed and sea surface must be taken into consideration when calculat-
ing the Bouguer anomaly in this area. For sea areas the Bouguer gravity anomaly is therefore 
given by 
IgB = LFA - 27rg(p - p)h 	 (2.14) 
where p is the Bouguer correction density (2500 kg m 3 ) and Pw  is the density of sea water 
(1025 kg m 3 ). 
In the same way, the topography of offshore areas is also modified to take account of the load of 
the sea water and to convert it into an equivalent depth of rock. This load equivalent topography 
of areas submerged beneath the sea is therefore given by hLE, where 
It




and h is the true bathymetry. 
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2.3.7 Gridding the data 
The irregularly spaced Bouguer gravity data was then interpolated onto a 5 km grid of 200 by 
130 points using the default bilinear interpolation routine in the UNIMAP mapping package. A 
bivariate quadratic function is then fitted to all points lying in an annulus about each grid node. 
The annulus extends in radius from a distance of 1 to 1.25 times the distance to the closest 
data point. This generates interpolated values on a regular 2-dimensional grid. Variations from 
the default options in terms of the interpolation radius and level of smoothing were tested, but 
it was found that the default settings gave the best results in terms of a reliable and smooth 
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Figure 2.5: Diagram showing the position of the gridded BGI and SAPETCO data and their interpolation 
southward to a line of zeros. 
The 1000 by 650 km rectangular grid (lying to the north of 3100 km N) created by this inter-
polation contains the main area of interest (i.e. the Qattara Depression) in the southern part 
of the grid (figure 2.5). Ideally the Qattara should lie in the centre of a square data grid, with 
an equal amount of padding on every side. However point gravity data was not available for 
the region south of the Qattara and instead data was generated by extrapolating the known data 
southwards. This was done by fitting a plane to the gridded data between northings 3100 km 
and 3450 km which constitutes the continental part of the area with data. This plane was then 
removed from the entire grid so that the continental part consisted only of residual gravity 
anomalies with the regional trend removed. These were then extrapolated 350 km southwards. 
In order to prevent spurious oscillations, the extrapolation was constrained to fit a line of zeros 
extending east-west at northing 2750 km (figure 2.5) using the default UNTTVIAP interpolation 
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routine. This gave the 1000 km square grid of Bouguer gravity data at 5 km spacing shown in 
figure 2.6. 
The load equivalent topography data were interpolated onto a regular UTM grid using two dif-
ferent methods. Firstly, the UTM coordinates of the regular 5 arc minute latitude-longitude grid 
were calculated, put into UNTMAP and interpolated onto a regular 5 km UTM grid using the 
default interpolation method. However this involves some degree of smoothing of the data so 
an alternative method was implemented. This method involves converting the desired Easting-
Northing grid node into a latitude-longitude coordinate and then using the surrounding box of 
16 known latitude-longitude points to interpolate onto the desired grid node. It is possible to 
use this very direct method of interpolation only when converting from one form of regular grid 
to another. Unlike the UINIMAP interpolation there is no smoothing or loss of information and 
the resultant map (figure 2.7) therefore shows more short wavelength detail than that generated 
by UNIMAP. 
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Figure 26: Map showing the Bouguer gravity field over the Egyptian area using a Bouguer correction 
density of 2500 kg m 3 . 
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Figure 2.7: Map showing the load equivalent topography data gridded using a direct interpolation rou-
tine. 
2.4 The United Kingdom 
2.4.1 The geology 
The British dataset covers an area of 600 km square, extending from longitude 6° 0' W to 2° 
4'E and latitude 49 0 6' N to 550  0 'N. The area covers England, Wales, the northeastern tip of 
Ireland and the northern tip of France, as well as offshore shelf regions of the English Channel, 
the southern North Sea and the Irish Sea. The following description of the geology of Britain 
which is pertinent to this work, is taken from "Geological Science" by McLeish (1986). 
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Figure 2.8: Map showing the main geological elements of the southern British Isles (redrawn from 
Anderton et al. (1990)). 
British Precambrian rocks are found in two main areas. The northern group, found in north- 
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of the Iapetus Ocean. These Lewisian gneisses date back to the Late Archaean but do not fall 
within the boundaries of this study. 
Southern Precambrian outcrops are very scattered, being found as inliers in central England, 
Wales and southeastern Ireland. They are therefore hard to correlate, although they are all 
thought to have formed on a continent south of the Iapetus Ocean. In general they consist of 
high grade schists and gneisses with a maximum age of 1600 Ma, overlain by Late Precambrian 
lavas, tuff and sediments. 
The Iapetus Ocean began to close during the Mid Ordovician, causing increased igneous and 
metamorphic activity due to the development of subduction zones. An oceanic trench de-
veloped along the southern margin of the Iapetus Ocean (northwest of Cumbria) during the 
Ordovician where andesites, rhyolites, tuffs and ignimbrites denote volcanism in a continen-
tal margin arc. Volcanic activity died out towards the middle of the Silurian as the Iapetus 
Ocean was progressively consumed. The closure of the lapteus brought about the main phase 
of Caledonian deformation (530 - 465 Ma), causing high grade metamorphism and folding and 
thrusting of the Moinian and Dalradian seafloor sediments to form the NE - SW trending Cale-
donian mountain chain. Caledonian metamorphism and deformation were much less intense 
in southern Britain and occurred later, from the Late Ordovician to the Devonian. Complete 
closure of the Iapetus occurred approximately 420 Ma ago such that Britain lay as one single 
land mass on the southern margin of a continent which included Scandinavia, Greenland and 
parts of Canada and the USA. 
The Hercynian (Variscan) orogeny is thought to have resulted from the closure of an ocean 
which lay across much of Europe during the Devonian and Carboniferous. This ocean may 
have been a marginal ocean basin, lying north of the main Rheic Ocean which separated Pan-
gaea from Gondwanaland at this time although the exact nature of the closure is unclear. The 
Hercynian fold belt runs from central Europe across into North America and impinges on south-
ern Britain and southern Ireland producing E - W trending compressional structures. Further 
north, the effects of the orogeny were much weaker and it produced open folds with variable 
trends determined by pre-existing basement structures. The Hercynian orogeny, which began in 
the Devonian and was at its peak in the Carboniferous, also led to the Lower Permian intrusion 
of granite batholiths in southwest England and dolerites in northern England and Scotland. 
The Permian saw the initiation of the extension which eventually led to the formation of the 
North Atlantic. This extension, which continued through the Mesozoic, caused Cretaceous 
rifting in the North Sea. At the start of the Tertiary, opening of the North Atlantic along a line 
NE - SW close to Britain brought about the separation of Greenland and Britain. Because the 
opening was spatially coincident with a hotspot plume, this brought about igneous activity on a 
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particularly large scale. Magmatic activity occurred in a band from the Bristol Channel, north 
though northeastern Ireland to western Scotland, and included the eruption of flood basalts, 
intrusion of plutonic rocks and intrusion of NW - SE trending dykes. It is also thought that the 
current elevated position of northern Britain, may indicate magmatic underplating of the crust 
at this time. As Britain moved away from the Mid Atlantic Ridge, igneous activity declined 
and died out about 45 Ma. 
During the Late Mesozoic, Europe was affected by compressional forces from the south. The 
Tethys Ocean which had separated Europe from Africa through much of the Mesozoic began to 
narrow as its oceanic crust was subducted. The Alpine orogeny, caused by the collision of these 
two continents, reached its peak at the end of the Eocene / beginning of the Oligocene. Late 
Alpine movements during the Early Miocene caused uplift above sea-level, tilting of Britain 
from west to east and E - W trending folds in southern England. 
During the Pleistocene, Britain experienced periodic advances and retreats of glacial ice due 
to a period of rapid cooling which began about 15 Ma. These ice sheets, which reached a 
maximum thickness of 2 km, caused further modification of Britain's topography by erosion 
and later by uplift and isostatic rebound as they melted. 
Summary 
While parts of the basement of the UK (central England) date back to the Archaean, much of 
it is of post Ordovician age. The Caledonian Orogeny led to NE - SW trending deformation, 
metamorphism and magmatic intrusion in the northwest, with weaker deformation occurring 
in southern Britain. The Hercynian Orogeny created a fold belt of E - W trending compres-
sional structures (folds and thrusts) which ran across Europe and into southern Britain. Further 
north, the effects were weaker, with structural trends being determined by pre-existing base-
ment structures. The Alpine Orogeny also led to E - W trending folds in southern Britain. 
The lithosphere can therefore be described as intermediate in age, relatively cold, but distinctly 
heterogeneous. The lithosphere and surface topography are the result of three orogenic events 
of varying age and intensity. 
The crust has been intruded by Ordovician island arc magmatism, granite batholiths related 
to the Hercynian Orogeny and Tertiary basalts. There is therefore a high degree of internal 
loading on the lithosphere, with loads being of variable age. Surface loads on the lithosphere 
also vary in age, being derived from various orogenic episodes and further modified by glacial 
erosion and post glacial rebound. They include the mountains of northern Wales (900 m) and 
Cumbria (750 m); the Pennines (700 m) and the hills of southwest England (500 m). The many 
sedimentary basins that cover Britain, both on and offshore, also constitute loads on the litho-
sphere. 
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Geophysical information 
The Moho beneath and around Britain has been imaged extensively by seismic refraction and 
deep seismic reflection experiments which suggest a depth to the Moho of 30 km on-shore 
(Bamford et al., 1976) which is reduced off-shore in the Irish Sea (Blundell and Parks, 1969) 
and in the North Sea (Barton and Wood, 1984) due to crustal extension. The variations in 
crustal thickness are shown in figure 2.9 which is taken from Meissner et al. (1986). 






Figure 2.9: Map showing the variation in the UK crustal thickness from Meissner etal. (1986) (compiled 
from long range refraction data on land and sea, BuRPS reflection data in the shelf areas and additional 
reflection measurements on land (Matthews (1986); Bamford et al. (1978); Whittaker and Chadwick 
(1984) and Jacob etal. (1985)). Black shaded areas indicate Moho depths in excess of 35 km. 
The mean surface heat flow for the UK is given by Sciater et al. (1980) as 59 mW m— 2  although 
figure 2.10 shows how the heat flow actually ranges between 45 mW m 2 across central Eng-
land to more than 90 mW m 2 in the North Sea. 
The focal depths of earthquakes beneath Britain are given in Main et al. (1999) and range 
between 2 and 26 km with the majority occuring in the top 20 km of the crust. 
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Figure 2.10: Map showing the variation in surface heat flow across Britain and the North Sea from 
Burley (1993). The data are from Andrews-Speed etal. (1985) and Eggen (1984). 
2.4.2 The data 
A gravity bank was created at the Department of Geophysics, University of Edinburgh during 
the 1980s to compile gravity observations from various organisations for the British Isles and 
surrounding waters (Hipkin et al., 1986). More than 160000 data points fall in the region be-
tween Eastings 100 and 700 km and Northings -50 and 556 km of the British National Grid, 
with relatively even coverage. Further information was also obtained by digitisation of contour 
maps based on commercial surveys for which the data was not available. The data are Bouguer 
gravity anomalies based on the GRS67 latitude correction and the IGSN-71 network and gen-
erated using a Bouguer correction density of 2700 kg m 3 . Terrain corrections were applied 
where necessary in high regions. These irregular data points were then interpolated in 100 km 
square blocks at a grid spacing of 2 km on land and 4 km for offshore areas. The offshore data 
were then smoothly evaluated on a 2 km grid using a cubic interpolation formula (Hipkin et al., 
1986). 
The problem with the Bouguer anomalies as they then stood was that they did not take the many 
sedimentary basins, which cover the British Isles, into consideration. This is an important 
distinction when attempting to study the loading of the lithosphere. The original Bouguer 
correction 69  for the vertical section shown in figure 2.11 would be equal to 27rgpB h when 
in actual fact it should equal 27rg(psd + pB(h - d)) in which h is the topographic height 
above sea level; d is the depth of the sedimentary basin; PB  is the basement density and PS 
is the sediment density. Genç (1989) digitised maps of the depth to the Permian basement 
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(Zechstein) and calculated the gravity effect of the sediments using surface density values for 
the top 100 m of sediment cover and a general depth-density profile for all sediments below 
100 m. This gravity effect was then removed and replaced by the gravity anomaly created by 
infihling the basin with rocks of average basement density. This created a "stripped" Bouguer 
gravity anomaly (figure 2.12) which was unaffected by low-density sedimentary basins such 
that the regional effect of the compensating density masses at depth was clearly visible. 
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Figure 2.11: Diagram showing how the sedimentary basins need to be taken into account when cal- 
culating the Bouguer gravity anomaly. h is the topographic height above sea-level, d the depth of the 
sedimentary basin below the topographic surface, PB  the basement density and PS  the sediment density. 
The topography data from the gravity bank consisted of heights measured at the gravity stations 
on land and along the ship tracks at sea which were then interpolated by Hipkin et al. (1986) 
onto a 2 km grid for the same area as the gravity data. Admittance analyses assume that the 
topography constitutes a load of constant density but varying height. However the presence 
of the low density sedimentary basins means that this is not the case. Genc (1989) therefore 
calculated a load equivalent topography for the area by converting the thickness of sediment 
(d in figure 2.11) or water (in offshore areas) into an equivalent thickness of basement rock 
with density PB.  This then gave a load equivalent topographic data set (shown in figure 2.13) 
which shows the total load that is balanced by the compensation masses at depth. It should be 
noted that Genc (1989) only had basement maps for the UK and the Irish Sea and therefore 
the sediment correction does not extend south beyond the median line of the Channel which 
therefore shows up as a discontinuity in the stripped gravity and load equivalent topography. 
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Figure 2.12: Map showing the stripped Bouguer gravity anomaly for southern Britain, calculated with a 












- 	50- 300 
- 0- 150 
- 	-ISO- 0 
- -300- -150 
- 	-450- -300 
- BELOW -450 
 
100 	200 	300 	400 	500 	600 
Eastings (km) 
Figure 2.13: Map showing the load equivalent topography of southern Britain. 
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2.5 Kenya 
2.5.1 The geology 
The Kenya dataset covers an area of 800 km square, extending between longitudes 34 ° 0' E and 
41 ° 12' E and between latitudes 3 ° 12' S and 4° 0' N. The area covers almost the whole of Kenya 
as well as very small sections of northeastern Tanzania, eastern Uganda and southern Ethiopia. 
This summary of the geology of East Africa and in particular, Kenya and the surrounding 
regions, is based on "The Regional Geology of Africa" by Petters (1991) and "The Geology of 
East Africa" by Schlüter (1997). 
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Figure 2.14: Map showing the main geological elements of Kenya. (Elements taken from Duff (1993) 
and Baker et al. (1972).) The shaded area denotes the Kenya Dome (see main text) and the Tanzania 
Craton is bounded by the dot-dash-dot line. 
The oldest rocks in the region of study are found in the Archaean Tanzania Craton or Shield. 
This is found in the south of the region and extends as far north as southwest Kenya and 
southeast Uganda. The north of the craton consists of Nyanzian-Kavirondian schist belts, with 
-4 . -4 , 
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the structurally simple Kavirondian rocks being infolded into the Nyanzian which contains 
folds and shear-belts with local isoclinal folding and thrusts. Widespread granitoid magmatism 
occured between 2700 and 2500 Ma on the Tanzania Craton and assimilated a lot of the pre-
existing high grade rocks, supracrustal material and granitic rocks. Since the Archaean this 
region has remained largely cratonic, with subsequent tectonism being confined to surrounding 
belts. 
The Mozambique Belt exhibits a N - S structural trend and extends over 6000 km from north-
ern Mozambique in the south, through Tanzania, Kenya, Sudan and Ethiopia into northern 
Somalia on the Red Sea coast. It comprises gneisses of sedimentary and igneous origin, 
metamorphosed to amphibolite and granulite facies. The belt is polyorogenic, ranging in 
age from Kibaran (1300 Ma) in the south to Pan-African (600 Ma) from Tanzania northwards. 
The Kenya-Tanzania province is characterised by high grade, polyphase metamorphism. It is 
thought to represent the deep crustal levels of a Precambrian continent-continent collision, with 
polyphase deformation and easterly dipping thrusts along the western orogenic front adjacent 
to the Tanzania Craton. Deformation culminated in the intrusion of syntectonic granites and 
final uplift and cooling is dated at 500 - 480 Ma. 
From the Late Carboniferous to the Early Jurassic, up to 8 km of Karoo sediments were de-
posited in narrow grabens and half grabens or troughs in Tanzania, Kenya and Uganda. These 
resulted from the long period of regional crustal extension (resulting in several aborted rifts) 
which preceded the break up of Gondwana in the Middle Jurassic. Southeast transform motion 
of Madagascar and India along the Davie Fracture Zone created a subsiding continental mar-
gin in eastern Africa with rift basins, containing 6 km of sediments, in the Horn of Africa and 
offshore. NE - SW opening of the Mascarene basin occured in the Late Cretaceous, separating 
Madagascar from the Indian subcontinent. 
Rifting in East Africa was initiated in the Late Oligocene-Early Miocene and led to a shallow 
but wide topographic depression. Once initiated, rifting occurred along normal faults with 
subsidence of the 70 km wide rift floor and uplift of the adjacent rift flanks. The rift system 
has an eastern and a western branch, the positions of which appear to have been controlled 
by pre-existing basement structures, since they follow the line of Proterozoic fold belts and 
skirt round the Archaean Tanzanian Craton. The rift system cuts into the East African Plateau 
which is a large elevated region about 1000 in high. This plateau is characterised by a long-
wavelength negative Bouguer gravity anomaly and is attributed to low-density material beneath 
the plateau with possible dynamic support through convective upwelling (Ebinger et al., 1989). 
Superimposed on top of the plateau are a number of domes (e.g. the Kenya Dome). These 
were initially also thought to reflect broad uplifts of the lithosphere-asthenosphere boundary 
(Banks and Swain, 1978) but further analysis (Bechtel et al., 1987) would suggest that much 
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of the domal topography is actually due to extrusive magmatism. The domes coincide with 
regions along the rift where the most magmatism occurs, forming volcanos which are further 
superimposed on the domes. 
The advanced rifting stage is manifested in significant magmatic intrusions along the rift axis. 
Basic and ultrabasic igneous rocks were intruded in the Quaternary by individual magmatic 
diapirs fed by a wedge shaped body of partially melted asthenosphere. The eruption of enor-
mous volumes of basaltic to intermediate extrusives observed would require the existence of 
very large magma chambers and plutonic bodies below the rift. It has been concluded that the 
amount of crustal extension across the rift would be insufficient to cause the observed man-
tle upwelling. Instead it is thought that a plume controlled the geometry of rifting and was 
responsible for the extensive partial melting, mantle diapirism and associated volcanism. 
Summary 
The basement in this part of East Africa consists of the Tanzania Craton of Archaean age in the 
southwest and the Pan-African Mozambique belt which has a N - S structural trend. Extension 
preceding the breakup of Gondwanaland in the Late Carboniferous/Jurassic, led to faulting 
with a N - S trend and subsidence of the continental margin. Late Oligocene/Early Miocene 
rifting began with strike slip faulting in a NW - SE direction, followed by extension along N - 
S trending normal faults. These faults follow the Proterozoic fold belts and do not impinge on 
the Archaean Craton. The rift cuts through several domes, including the Kenya Dome, which 
indicate thermal upwelling in the mantle. The Kenyan lithosphere is therefore very old and has 
a strong N - S structural trend. The rifting of the crust may have reduced its strength and the 
thermal anomalies caused by mantle plumes have re-heated the lithosphere, also causing it to 
be weakened. 
The intrusion of basic and ultrabasic rocks along the rift has probably caused significant internal 
loading on the lithosphere. Surface topography includes the East African Plateau (1000 m), the 
Kenya Dome (1500 m), the high topography of the rift flanks, as well as the enormous volume 
of extrusive volcanics (for example: Mount Kenya (4150 m), Mount Elgon (3900 m) and Mount 
Kilimanjaro (4570 m). 




Nolet and Mueller (1982) found typical crustal thicknesses of 40 km for the Kenyan rift using 
teleseismic data. The crustal thickness map shown in figure 2.15 (from Keller et al. (1991)) 
is based on seismic refraction profiles as well as gravity data and shows the crustal thickness 
beneath Kenya to range from 40 km across most of the country down to 25 km at the centre of 
the rift valley. 
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Figure 2.15: Map showing the variation in crustal thickness beneath Kenya (from Keller etal. (1991)). 
The contours are derived from refraction profiles (Griffiths etal. (1971); Swain etal. (1981) and working 
group (1987)) and gravity data. 
Morgan (1983) gives heat flow values of 105 mW m 2 on the Kenyan rift floor, and 57 m m 2 
and 39 mW m 2 on the western and eastern rift shoulders respectively. The map of heat flow 
variations shown in figure 2.16 is from Lysak (1992) also shows how the positive thermal 
anomaly is confined to the narrow rift. 
Shudofsky (1985) reports earthquakes with epicenters which range in depth from 5 to 30 km, 
while Foster and Jackson (1998) report earthquakes to a depth of 35 km. 
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Figure 2.16: Map showing the variation in surface heat flow in the Kenya rift zone (from Lysak (1992)). 
The contours are based on data from Baker and Wohlenberg (1971); Tkachenko et al. (1978); Mi-
lanovsky (1976); Logatchev (1977); Crane and Connell (1983) and Lysak (1988). 
2.5.2 The data 
The gravity data for East Africa came from several sources including Leicester and Newcastle 
Universities as well as the British Petroleum, Chevron and Burmah Oil companies (Swain 
and Khan. 1978). The data includes over 8000 observations with variable coverage of the 
area. There are stations in every degree square and most contain more than 50 stations but 
while the station spacing in the rift valley is 1 km, the coverage is much sparser in other areas 
such as in northeast Kenya. The data have been reduced to the IGSN-71 datum and the 1967 
Chapter 2. Data 	 68 
latitude correction and a Bouguer correction was made using the standard correction density 
of 2670 kg m 3 . Terrain corrections were made to 167 km in regions where they would be 
significant. The station locations were converted to UTM values and given the variability of 
the station coverage, a gridding interval of 10 km was chosen as a good compromise between 
oversampling and the need to avoid aliasing (Banks and Swain, 1978). 
Due to the poor station coverage in some areas, particularly in rugged areas of high topog-
raphy where there is a lot of energy at short wavelengths, Banks and Swain found it hard to 
extrapolate the topographic data from the gravity stations accurately onto a regular 10 km grid. 
Instead, they took data from a 1:1000000 topographic sheet of East Africa. The Bouguer grav-
ity anomaly is smooth because it has been corrected for terrain effects and thus represents the 
average attraction of subsurface masses beneath 10 km square blocks. It was therefore neces-
sary to obtain a similarly smoothed topography but without causing aliasing. The procedure 
used by Banks and Swain (1978) was therefore to smooth the topographic contours by eye be-
fore reading off heights on a 5 km grid. The average of a block of 4 of these points around each 
gravity grid node was then calculated to give points with a spacing of 10 km. The estimated 
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Figure 2.17: Map showing the Bouguer gravity anomaly for Kenya in East Africa, calculated with a 
correction density of 2670 kg m— 3. 
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Figure 2.18: Map showing the topography of Kenya in East Africa. 
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2.6 Greece and the Aegean 
2.6.1 The geology 
The Greek dataset covers an area of 700 by 900 km, extending between longitudes 19 1 E and 
27° E and between latitudes 34° N and 42° N. The area covers the whole of Greece and its 
islands in the Aegean, Ionian and Mediterranean Seas as well as most of Albania, Macedonia 
and southern Bulgaria. 
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Figure 2.19: Map showing the main geological elements of Greece and the Aegean. Shaded circles 
denote subduction arc volcanics. (Elements taken from Taymaz etal. (1991).) 
The Precambrian does not appear to be represented in Greece but Lower Ordovician, Upper 
Carboniferous and Lower Permian to Lower Triassic granites are found in the north of Greece 
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underlie all of Greece except for an area in the northeast. The northeast appears to have under-
gone major post-Palaeozoic volcanism, regional metamorphism and plutonic igneous activity. 
Thick ultramafic rocks found in this area are thought to represent the remains of Mesozoic 
oceanic basement while a parallel zone of Jurassic volcanics is thought to indicate an accreted 
post Palaeozoic continental margin or island arc. 
During the Triassic, much of Greece was covered by a carbonate platform. This broke up 
during the Upper Triassic/Jurassic, possibly due to the opening of a number of small ocean 
basins within the Hellenides. Granites were intruded into the northeastern Hellenides during 
the Late Jurassic and Early Cretaceous and they are thought to represent an active continental 
margin or island arc environment. This was accompanied by regional metamorphism and the 
emplacement of ophiolites. 
The Hellenides comprise eight large thrust sheets (forming distinct geological zones), which 
were transported from the northeast along low angle thrust faults dipping to the northeast. 
Thrusting occurred as part of the Alpine Orogeny (caused by the collision of Africa and Eu-
rope) and continued into the Pliocene with the total Tertiary transport exceeding 200 km. East 
of the Hellenides, in the Rhodope Massif, east trending syntectonic Oligocene granites were 
emplaced into the cores of large antiforms. Alpine regional metamorphism affected the north-
eastern Hellenides as well as the Rhodope massif during the Mesozoic and/or Tertiary but the 
five southwestern most geological zones were unaffected. Later Tertiary intermediate and acid 
volcanics were inter-bedded with post orogenic molasse sediments in the eastern basin (Var-
dar trough) but there is no evidence of igneous activity in the western basin (Meso-Hellenic 
trough). 
The Aegean Sea and surrounding coastal areas of Greece and western Turkey is one of the 
most seismically active and rapidly deforming continental regions (Taymaz et al., 1991). The 
currently active tectonics in the central Aegean are dominated by 
• The westward motion of Turkey relative to Europe 
• The continental collision between northwest Greece-Albania and the Apulia-Adriatic 
Platform in the west 
• The presence of the Hellenic Subduction zone to the south. 
As right-lateral slip on the North Anatolian Fault enters the Aegean region it becomes dis-
tributed over several parallel faults. Continental shortening in northwest Greece and Albania 
does not allow sufficiently rapid rotation of the western margin of the region to take up this east-
west right-lateral shear. This therefore leads to east-west shortening in the northern Aegean, 
which is compensated by north-south extension as the southern Aegean margin is able to move 
easily over the Hellenic subduction zone. Once initiated, this system is self sustaining due 
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to roll-back of the subducted slab which causes SW - NE extension and normal faulting in a 
back-arc basin. 
Subduction of the African plate northwards beneath the Aegean at the Hellenic arc began dur -
ing the mid-Tertiary. The Hellenic subduction zone exhibits an external trench complex and 
seismicity indicates a slab dipping northwards beneath the arc. An internal volcanic island arc 
(including the volcanic island of Santorini), is situated approximately 200 km from the trench 
complex. 
Summary 
All basement beneath continental Greece is of variable Palaeozoic age with much of it hav-
ing been formed during the Hercynian Orogeny. During the Jurassic/Cretaceous, the northeast 
underwent island arc or continental margin accretion with granite intrusion, regional metamor-
phism and ophiolite emplacement. Thrusting related to the Alpine Orogeny occurred in the 
Hellenides during the Tertiary along NW - SE trending faults and causing regional metamor -
phism. The lithosphere beneath Greece is therefore very young and is likely to have a strong 
NW - SE structural trend. 
The currently active tectonics in the Aegean region are also related to the Alpine Orogeny and 
the collision of the African and Asian continents. This includes E - W strike-slip faulting in the 
eastern Aegean and extension on NW - SE normal faults in the southern Aegean, north of the 
Hellenic subduction zone. In contrast to the compressional regime and thickened continental 
crust of the Hellenides, the Aegean is underlain by extended and thinned continental crust. 
Small patches of oceanic crust also exist. The lithosphere beneath the Aegean is therefore even 
younger than that beneath Greece and also has a strong NW - SE structural trend. Thinning due 
to extension has increased the heat flow to the base of the crust, thus causing the lithosphere to 
be further weakened. 
Subsurface loads on the lithosphere include granite intrusions into the northeast and east of 
Greece as well as subduction zone volcanics in the Aegean. On the mainland, the lithosphere 
is loaded at the surface by the Hellenide mountain chain (2500 m) which extends from Albania 
down into the Peloponnesus and Crete. Offshore topographic variations include the Hellenic 
trench (3000 m below sea-level) and the chain of volcanic islands which form an arc 200 km 
north of the subduction zone. 




Seismic refraction experiments by Geise et al. (1982) suggest that the Moho lies at a depth 
of 30 km beneath on-shore Greece and at a depth of 20 km in the Aegean. Maps compiled by 
Makris and Stobbe (1984) (from seismically constrain gravity data) and by Papazachos et al. 
(1995) (from teleseismic data, figure 2.20) show a variation in the Moho depth from less than 
25 km in the Aegean to more than 45 km beneath the Hellenide Mountains. 
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Figure 2.20: Map showing the variation in crustal thickness beneath Greece and the Aegean (from 
Papazachos et al. (1995)). 
Jongsma (1974) gives a maximum value for heat flow in the Aegean of 115 mW m 2 although 
the map of heat flow shown in figure 2.21 from termak (1978) (in Makris and Stobbe (1984)) 
shows that the heat flow in this area ranges from less than 38 mW m 2 under northern Greece. 
Rigo et al. (1996) have studied earthquakes depths in Greece and find that the maximum earth-
quake activity is concentrated in the depth range 6- 10 km, with 98 % of events occuring at 
depths of less than 13 - 14 km. Likewise King et al. (1985) found less than 5 events from 
depths greater than 15 km. 
2.6.2 The data 
A gravity anomaly map for Greece and the Aegean was first compiled in the 1970s from grav-
ity data collected by a number of Hellenic institutions. These have been further updated since 
1987 at the University of Athens (Lagios et al. (1994) and Lagios et al. (1995)). Land gravity 
data came mostly from the observations of Makris and Stavrou (1984), as well as the Institute 
of Geology and Mining Exploration, the Public Oil Corporation of Greece and Athens Univer-
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Figure 2.21: Map showing the variation in surface heat flow in Greece and the Aegean (from ermak 
(1978)). 
checked and referred to the IGSN-7 1 network and a Bouguer anomaly was then calculated 
using the standard correction density of 2670 kg m 3 . The irregular data were converted into 
UTM coordinates using UTM zone 34 and then interpolated onto a 4 km grid. This grid was 
then further interpolated onto a finer 2 km grid of 350 by 450 points (figure 2.22). Morelli 
(1990) estimated the errors in the data to be ± 0.9 mgal in continental areas and ±5 mgals in 
manne areas. 
A topographic data base was also compiled at Athens University. Land elevations were esti-
mated from 1:50000 topographic maps with an estimated accuracy of ± 10 m. Offshore depths 
were digitised from 1:250000 and 1:500000 hydrographic maps as well as the maps of Morelli 
et al. (1975a,b). Again the data were converted to UTM coordinates using UTM zone 34, in-
terpolated onto a 2 k grid and converted to a load equivalent topography using a topographic 
density of 2670 kg m 3 (figure 2.23). 
It was later found that the Bouguer correction density of 2670 kg m 3 did not cause the Bouguer 
admittance estimates (equation 2.13) to tend to zero as they should at short wavelengths. The 
gridded gravity was therefore converted to the Bouguer anomaly given with a correction density 
of 2900 kg m 3 , which gave the desired tail off to zero. The load equivalent topography was 
likewise converted for a density of 2900 kg m 3 . Given that the topographic relief ranges from 
approximately -4 to ±1.5 km, this high density suggests that the gravity is primarily influenced 
by oceanic crustal basement and high density continental crustal basement. 
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Figure 2.22: Map showing the Bouguer gravity anomaly for Greece and the Aegean, calculated with a 
correction density of 2900 kg m- 3 
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Figure 2.23: Map showing the load equivalent topography of Greece and the Aegean. 
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2.7 The geology of additional regions 
This section gives a brief outline of the relevant geological features and geophysical informa-
tion from areas for which admittance and coherence estimates were taken from the literature. 
2.7.1 Central USA 
This area comprises the Superior and Montana-Wyoming Archaean Cratons as well as Early 
Proterozoic orogens (Windley, 1995). The Superior Archaean Craton (2.68 - 2.75 Ga) consists 
of sub-parallel belts of contrasting lithology, age and metamorphic grade which are thought to 
represent arc collision zones. The Archaean Craton in Montana-Wyoming (USA), consists of 
high grade gneissic rocks which underwent metamorphism 3.4 Ga and a late Archaean granite 
(2.8 Ga). These cratons are surrounded by Early Proterozoic terranes, including the Trans-
Hudson orogenic belt which was formed by an arc-continent collision followed by a continent-
continent collision (1.9 - 1.8 Ga). 
Geophysical information 
Numerous seismic techniques have been used to study the configuration of the midcontinent 
crust of the U.S.A. including seismic reflection, travel-time residuals, analysis of local earth-
quakes and refraction studies (Hinze and Braile (1988)). The map of crustal thickness varia-
tions shown in figure 2.24 is from Braile et al. (1986) and is based soley on seismic refraction 
data. It can be seen that the depth to the Moho varies between more than 48 km underneath the 
Rocky Mountains to less than 36 km in the far northeast of the area adjacent to Canada. 
Figure 2.24: Map showing the variation in crustal thickness beneath central USA (from Braile et al. 
(1986)). 
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The map of surface heat flow values for the whole of the USA shown in figure 2.25 is modified 
from Sass et al. (1981) (in Morgan and Gosnold (1989)). It shows that the surface heat flow 
in the Central United States mostly ranges between 40 and 60 mW m 2 with values in a small 
area in the northwest of the region extending up to more than 100 m m 2 . The mean surface 
heat flow value for the Central United States is given as 51 mW m 2 (Morgan and Gosnold, 
1989). 
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Figure 2.25: [Map showing the variation in surface heat flow across the whole of the United States 
(modified from Sass etal. (198 1) (in Morgan and Gosnold (1989))). 
The range of focal depths for earthquakes in the central United States has been calculated by 
Herrmann (1979) to be 2-20 km with the majority of events being concentrated about the New 
Madrid Seismic Zone at the head of the Mississippi Embayment (York and Oliver, 1976). 
2.7.2 Eastern USA 
This data area dates to the Proterozoic in the western part and Phanerozoic in the east (Windley, 
1995). Break-up of the supercontinent which had formed by 1.5 Ga, due to continental colli-
sions and arc-accretionary orogens in North America, began in the Early Proterozoic. This was 
later followed by the Grenville Orogeny (1.1 - 1.0 Ga) which formed a collisional belt 4000 km 
long and was responsible for joining many continental blocks into a Late Proterozoic supercon-
tinent. Seismic reflection evidence would suggest that the Grenville terrain is thrust westwards 
onto the older Proterozoic rocks. To the east of the Grenville terrain lie the Appalachian moun-
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related to the closure of the Iapetus Ocean (section 2.4.1). From the Carboniferous to the Per-
mian, the central and southern parts of the Appalachian belt underwent further deformation 
due to the Allegheny Orogeny which was caused by the collision of the African and North 
American plates. This is equivalent to the Hercynian Orogeny in the Britian (section 2.4.1). 
Geophysical information 
The map of crustal thickness variations beneath the eastern United States (derived from seismic 
refraction and teleseismic data) shown in figure 2.26 shows that the depth to the Moho in 
this region varies between less than 35 km along the coast to more than 50 km further inland, 
beneath the Appalachian mountain chain (Taylor, 1989). 
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Figure 2.26: Map showing the variation in crustal thickness beneath eastern USA (from Taylor (1989)). 
Surface heat flow in this area (figure 2.25) can be seen to vary from less than 40 MW  m2 
to greater than 60 m m— 2  (Sass et al., 198 1) with an average value of 42 MW M- 2 (Taylor, 
1989). 
The seismogenic thickness in parts of the Valley and Ridge province extends to 25 or 30 km 
(Bollinger et al. (1985) and Johnston etal. (1985)) but elsewhere in this region earthquakes are 
generally confined to the upper 15 km of the crust (Dewey et al., 1989). 
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2.7.3 Western USA and Western Canada 
The area covered by the Western USA and Western Canada datasets was formed by the Cordilleran 
Orogen which stretches from Mexico to Alaska (Windley, 1995). It involves tectonically active 
margins where an oceanic plate is being consumed beneath the continental plate. The Ar -
chaean and Proterozoic rocks were truncated by Late Proterozoic rifts relating to the break-up 
of the Late Proterozoic supercontinent. This formed a stable continental margin until the Early 
Carboniferous in the USA and Jurassic in Canada when shelf rocks were thrust westwards in a 
collisional event known as the Antler Orogeny. In the Late Permian/Early Triassic, an island arc 
accreted eastwards onto the continental margin (the Sonoma Orogen) and in the Jurassic, the 
Nevada Orogeny formed a series of accretionary wedges along the whole of the North Amer-
ican Cordillera. 10000 km of Pacific plate was subducted during the Early Mesozoic (with a 
further 13000 km in the last 145 Ma). Further arc-accretion occurred during the Cretaceous and 
continental margin rocks were thrust eastwards to form a major fold and thrust belt, with crustal 
shortening and thickening. This was followed by post-collisional detachment-controlled exten-
sion, giving rise to metamorphic core complexes and silicic magmatism. Neogene-Quaternary 
extension by normal faulting in the Basin and Range is associated with crustal thinning, basaltic 
magmatism and high heat flow. 
Geophysical information 
The crustal thickness map in figure 2.27 is taken from Burchfiel et al. (1992) and shows that 
the Moho beneath the Western United States ranges in depth from less than 30 km in the Basin 
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Figure 2.27: Map showing the variation in crustal thickness beneath western USA (from Burchfiel et al. 
(1992)). 
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The heat flow in western USA can be seen from figure 2.25 to range mostly between 60 MW m 2 
and in excess of 105 mW m 2 although some areas do have a surface heat flow of less than 
60mWm 2 . 
The seismogenic zone beneath this part of the United States generally extends to a maximum 
depth of 15 km (Smith, 1978) although beneath the areas of highest heat flow it is generally 
confined to the upper 5 km of the crust (e.g. Pitt and Hutchinson (1982)). 
Crustal thickness variations beneath western Canada are shown in figure 2.28a) and range from 
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Figure 2.28: Maps showing the variation in a) crustal thickness and b) heat flow, beneath western 
Canada (from Sweeney et al. (1991)). 
Heat flow values are shown in figure 2.28b) (Sweeney et al., 1991) and range from 82 mW m 2 
in the west of the area (Davis and Lewis, 1984) to about 40 mW m 2 inland beneath the Fore-
land belt (Roy et al., 1968). Seismicity in this area extends down to 30 km beneath the surface 
along the coast but is mostly confined to upper 15 -20 km inland (Sweeney et al., 1991). 
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2.7.4 Siberian Shield 
Archaean mobile belts predominate in the Siberian Shield which comprises blocks of granite-
greenstone and granulite-greenstone terrains such as the Aldan Craton and and Dzhugdzhur-
Stanovoy province (2.5 Ga) (Khiltova and Shustova, 1993). Late Archaean internal processes 
are thought to have completed the formation of the crustal structure in these belts. The Moho 
has been imaged by deep seismic sounding to be at an approximate depth of 45 km. Early 
Proterozoic tectonic provinces utilised previously formed structural elements and sutures and 
separate the Archaean blocks, on which they have had local effects. 
Geophysical information 
The average crustal thickness beneath the Siberian Sheild is given by Egorkin et al. (1987) as 
43 km and by Belyayevsky et al. (1974) (in McNutt and Kogan (1987)) as 40 km. The map 
shown in figure 2.29 (from Beloussov et al. (1991)) shows that is actually ranges from less 
than 36 km to more than 48 km. 
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Figure 2.29: Map showing the variation in crustal thickness beneath the Siberian Shield (from Beloussov 
et al. (199 1) in Pavlenkova (1991)). 
Surface heat flow values across the Siberian Shield are shown in figure 2.30 and are in general 
less than 40 mW m 2 (Kutas and Smirnov, 1991). 
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Most of this area has not been tectonically active in recent times (Wu et al., 1997) but King 
(1998) gives an estimate for the seismogenic thickness of the Baikal Rift (southern margin of 
the data area) of 30 km. 
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Figure 210: Map showing the variation in surface heat flow across Siberia (from Kutas and Smirnov 
(199 1) in Pavlenkova (1991)). 
2.7.5 Eastern Siberia 
During the Early and Middle Palaeozoic, the Siberian plate extended as far east as the New 
Siberian Islands (Fujita and Newberry, 1982). Westward subduction was initiated during the 
Ordovician along the margin of the Siberian plate and a volcanic arc developed on what was 
probably continental crust. In the Triassic/Early Jurassic the Omolon massif approached from 
the southeast and collided with the eastern boundary of the plate, causing granite intrusions. 
Thrusting in the Cherskiys was also reactivated at about this time. Through the Early Creta-
ceous, the oceanic crust between Arctic Alaska and Omolon was consumed, finally resulting 
in the South Anyui belt. Late Cretaceous sediments filled the East Siberian basin and extended 
the shelf to its present position. Subduction of the Kula plate then led to the collision of the 
Okhotsk Sea with Siberia and the formation of the southwest of the data area. Finally, in the 
Cenozoic, the site of subduction shifted several times, leaving behind linear belts of ophiolites. 
Geophysical information 
The crustal thickness beneath this area is given by Wu et al. (1997) and Belyayevsky et al. 
(1974) (in McNutt and Kogan (1987)) as 35 km. The surface heat flow (figure 2.30) ranges 
between 50 and 80 mW m— 2  and like the Siberian Shield, this area is characterised by very few 
earthquakes (Wu etal., 1997). 
Chapter 3 
Theory for obtaining admittance and 
coherence estimates 
3.1 Introduction 
This chapter presents different methods for estimating the admittance Q. These different esti-
mators are affected to varying extents by bias due to noise and weighting by the topography. 
The implications of these effects is discussed and the most ideal estimator is consequently cho-
sen. Two approaches for calculating the error in the admittance are given with reasons as to 
which should be used. A method for deriving unbiased estimates of the coherence and their 
associated errors is also presented. 
3.2 Theory for calculating the admittance 
Dorman and Lewis (1970) formulated a model in which they assumed that the Fourier trans-
forms of the Bouguer gravity anomaly G and surface topography H are linearly related in the 
wavenumber domain according to the equation 
G(k) = Q(k)H(k) + N(k) 	 (3.1) 
in which Q(k) is the linear transfer function or isostatic admittance and N(k) is the noise 
in the gravity. (Higher order terms are assumed to be small.) They considered those parts 
of the gravity signal which are linearly related to the topography (Q(k)H()) to be due to 
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k 
Figure 3.1: Estimates of Q are obtained by averaging around wavenumber annuli Ak. 
isostatic compensation of loads on the lithosphere. N(k) denotes those parts of the gravity 
signal which are not linearly related to the topography, such as measurement errors, although 
these are likely to be small and random. Short wavelength, near surface density variations, such 
as igneous intrusions and sedimentary basins, are also often classified as "noise" in the gravity 
field even though they do actually constitute loads on the lithosphere. The importance of short 
wavelength internal loads is discussed in more detail in later chapters. 
The isostatic response of the Earth to the load of the topography is usually assumed to be 
azimuthally (or cylindrically) symmetric, allowing the admittance to be averaged over all di-
rections of wavenumber within a magnitude range Ak (figure 3.1). Within this wavenumber 
band there are M complex spectral pairs, G 2 , H2 (i = 1, M). Thus while the gravity and 
topography fields are directionally dependent upon Ic, the admittance Q depends only upon the 
magnitude of /. The vector arguments are therefore dropped in subsequent derivations. 
Three possible expressions for the admittance, based on different theoretical approaches, are 
presented here. This is followed by a discussion about which method gives the most reliable 
results. 
3.2.1 Minimising the errors in the gravity 
k 
This method calculates a best estimate Qi for the admittance by minimising the square of those 
parts of the gravity signal which are not linearly related to the topography. The admittance is 
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therefore determined by minimising the squares of the residuals, Ni where 
N=G2 —Q 1 H2 , i=1,M 	 (3.2) 
such that 
M 	 M 
= 	- Q1Hi) (G - QHfl) 	 (3.3) 
Capital letters denote the Fourier transforms of the gravity (g) and topography (h) data and * 




- GQH - GQH + QlHQHfl) =0 	 (3.4) 
and 
 




+ HHQ) = 0 	 (3.6) 
and 
+ HHQ1 ) = 0 	 (3.7) 
and the estimate of the admittance is therefore given by 
	
M 	 M 
Qi = 
il 	 and 	Q = 
il 	 (3.8) 
H2 H 	 H2 H 
i=1 	 i=1 
The admittance can also be written in the form 
Qi - (GH') (GH) 
and 	Q::= (3.9) (Hi Hi*) (HH) 
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in which the angle brackets denote averaging around wavenumber annuli A k. Because isostatic 
models assume that compensation of loads on the lithosphere is laterally symmetric with the 
loads themselves, the admittance is generally considered to be real and relates those parts of 
the gravity and topography which are in-phase. 
3.2.2 Minimising the sum of the squares of NH* 
Whereas the previous method (section 3.2. 1) made the part of the gravity which does not cor -
relate with the topography (N) average to zero, the method described in this section seeks 
to minimise this component in a least squares sense. The method minimises the sum of the 
squares of (NHfl, where 
i=1,M 	 (3.10) 
such that 
M 	 M 










- QHHGH - Q2HHGH + Q2QHHHHfl) 0 
(3.13) 
The estimate of the admittance is therefore given by 
M 
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which can also be written as 
Q2 
- (GHHH) 	 - (GHHH) 
: 	




3.2.3 Minimising the error in the admittance 
This method minimises the squares of the errors in the admittance N /IJ, where 





















Gi * 	1 	 (3.19) Q = 	 and Q3 = L H* 
j=1 	 i=1 
which can otherwise be written as 
/G\ 





3.2.4 Previous literature 
In all instances of the literature thus far, the result given in equation 3.9 has been used, although 
it has been derived by various methods. For example, Dorman and Lewis (1970) state that 
Q=(Il() ') 	 (3.21) 
if (NH*) = 0. (R denotes the real part of a complex number.) However in order to perform the 
averaging around wavenumber annuli, as denoted by the angle brackets, they linearly regress 
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lGlcosa against PHI (where a is the angle between G and H in the complex plane and I I 
denotes the modulus of the complex number). This gives 
Q = R ( 
(GH*)\\ 	
(3.22) 
McNutt (1978) shows how this formula may also be derived using a unit vector approach 
and Lagrange multipliers. McKenzie and Bowin (1976) and Banks and Swain (1978) derive 
the same expression by regarding the definition of the noise in the gravity N to be given by 
(NH*) = 0. Therefore if 
(GH*) = Q(HH*) + (NH*) 	 (3.23) 
this approach gives the same result as minimising the squares of the gravity residuals, as in 
section 3.2.1. 
3.2.5 Bias by noise 
Nowhere in the literature, however, have admittance estimates ever been calculated using the 
formulae given in equations 3.15 and 3.20, derived by minimising the sum of the squares of 
NH* and N/H respectively. The reason for not using equation 3.20, as stated by McKenzie 
and Bowin (1976), is that it gives estimates which are positively biased by noise. This can be 





where N/H does not average out to zero. In the same way, Q2  can be expressed as 
Q2 =
(QHH*HH* + NH*HH*) 
(HH*HH*) 	 (3.25) 
where NH*HH* does not average to zero. Only Qi,  given by 
(QHH* + NH*) 
Qi = 	(HH*) 	 (3.26) 
is not biased by noise since (NH*) = 0. 
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3.2.6 Weighting factors 
Another important difference between these three formulae for the admittance is that they are 
weighted by the topography H to varying degrees (Forsyth. 1985). It can be seen from equa-
tions 3.24, 3.25 and 3.26 that Qi  is weighted by HH*, Q2 is weighted by HH*HH* and Q 
is not weighted at all. These weighting factors are particularly important when the admittance 
study is averaging over several geological provinces with lithosphere of varying rigidity. For 
example, a relatively rigid plate loaded at the Moho will show very little associated topographic 
expression, whereas a weak plate loaded at the Moho will show a large associated topograph-
ical variation. Thus if Qi  is used to calculate the average admittance of such an area which 
covers a variety of tectonic provinces with different rigidities, it will weight in favour of those 
provinces with the weakest lithosphere because they create the largest topographic anomaly 
H. Conversely, if the majority of the loads on the plate are surface loads, the admittance Qi 
will weight in favour of those provinces with the most rigid lithosphere. Q2  will weight even 
more strongly in favour of provinces with large topographic variation because the admittance 
for each province is weighted by HH*IIH*. Qi and  Q2  may therefore under-estimate or 
over-estimate the true average elastic thickness of the whole data area. 
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Figure 3.2: Plot showing admittance estimates for Egypt (left) and the southern UK (right) calculated 
by each of the three methods given in sections 3.2.1 to 3.2.3. 
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Figure 3.3: Plot showing admittance estimates for Kenya (left) and Greece and the Aegean (right) 
calculated by each of the three methods given in sections 3.2.1 to 3.2.3. 
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Plots of Qi. Q2 and Q3 are shown for four different areas in figures 3.2 and 3.3. As expected. 
the estimates from Q3 are more noisy than those from Qi.  It can also be seen that the Q2  ad-
mittance estimates "roll-off" at longer wavelengths than the Qi  estimates, indicating a stronger 
lithosphere (chapter 5) and therefore suggesting that the majority of the loads in the four areas 
are positioned on the surface. 
Forsyth (1981) (in McNutt (1983)) suggests that since estimates derived using Qi  (equa-
tion 3.9) favour areas of high topography and thus surface loading, a better expression for 




This expression can be derived by minimising the squares of the errors in the topography 
(N/Q) which are given by 
= (Gi 
 _ H) , i=1,M 	 (3.28) 
Given that (NH) = 0, substituting for G2 in equation 3.27 gives 
Q4 = (QQtHHt + NN*) 
(Q.HH*) 	 (3.29) 
Q4 therefore weights the admittance in each area by GHt and does not bias in favour of top 
or bottom loading or in favour of weak or rigid areas. However, as McNutt (1983) states, Q 
also amplifies the noise in each estimate because of the NN* term in equation 3.29. This is 
demonstrated by the admittance estimates calculated using Q4 for Egypt shown in figure 3.4. 
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Figure 3.4: Plot showing admittance estimates for Egypt calculated using Q (left) and Q (right) 
compared with Qi. 
McKenzie and Fairhead (1997) propose an additional formula for calculating the best estimate 
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of the admittance Q, which is given by 
- ( Q_ ((GG*)HH*)) 
 1/2 
(3.30) 
Unfortunately they give no physical or mathematical justification for this approach which gives 
estimates which do not tend to zero at short wavelengths (figure 3.4). After consideration of 
the problems of noise reduction and bias by the topography, it was decided that the admittance 
estimates calculated in this thesis for the four data regions should be derived using the Qi 
estimator given in equation 3.9. 
3.3 Theory for calculating the error in the admittance 
Assuming that the best estimate of the admittance is given in section 3.2.1 by equation 3.9, 
it is then possible to calculate confidence limits for this estimate. Two different methods of 
calculating the standard deviation in the admittance are discussed below. 
3.3.1 Method 1. 
Given that all the uncertainty in the admittance is assumed to lie in the gravity (G 2 ± X i ), the 










where 8G, is the uncertainty in the gravity (i.e. that part of the measured gravity not predicted 
by the admittance). If the errors in the gravity are uncorrelated then 
/ M 
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It is then assumed that 8(GHr) is equivalent to H*6G 1 , such that 
HH5GSG 
01 




This gives a weighted average of 6G5G (weighted by HZH). The error in the gravity (G) 
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(3.35) 
Substituting in Q and 
Q* from equations 3.9 gives 
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M
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(3.36) 
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This method can also be used to calculate the error in the alternative expressions for the admit-
tance (Q2 and  Q), as derived in sections 3.2.2 and 3.2.3. If 
Q2 - (G Z HHL H) 
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then the standard deviation is given by 
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3.3.2 Method 2. 
This second method is given by McNutt (1978) and states that 
/ Al 
Hi H 







M 	 M 
1 
= 	G6G = 	 - QH)(G - Q* Hi*)) 	 (3.43) 
i=1 	 i=1 
However this statement is wrong since it implies that 
M 	 M 
H1 H8G2 8G U( 2 HH 	 (3.44) 
(the product of the average of HZHr and the average of 6G8G), when in fact 
M 
HiHGi5GI 	7GH2 	 (3.45) 
i=1 
(the average of the product of HH and 8G6G). This incorrect step leads to the expression 
(
/ IM \ 





Al 	 1/2 
- 
Q1 @1 HZHHZHZ) 1 
(3.46) 
The expression derived by method 1 (equation 3.37) is therefore used in preference to that 
given in equation 3.46, for the reasons given above. 
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3.4 Theory for calculating the coherence 
The coherence (y 2 ) measures the fraction of the total gravity power at wavenumber k that can 
be attributed to a linear isostatic relationship and is therefore given by the square of the power 
of the cross spectrum of the topography and gravity, divided by the product of the power spectra 
of the topography and gravity such that 
72(k) - (GH*)(G*H) 
(3.47) 
- (GG*)(HH*) 
However this estimate tends to be positively biased by noise such that the coherence is not 
normally distributed but instead, has a skewed probability distribution (figure 3.5). This is 
because the coherence cannot take any value, only those between zero and one. The unbiased 
coherence (32)  is therefore generally approximated using the expression 
	
132 = M72 - 1 	 (3.48) 
M —1 
(Munk and Cartwright, 1966) while the standard deviation in the unbiased coherence is given 
by 
(2-,2 ) 1/2 
.l 2 ) 	 (3.49) 
(Bendat and Piersol, 1980). M is the number of coherence estimates in each wavenumber 
annulus Lk. 
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Figure 3.5: A schematic diagram showing the skewed distribution of the coherence estimates (72) 
compared with the normal distribution of the random variable . 
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However, it has been found (Koopmans, 1974) that the variable W , where 
(p = tanh_ 1 (,,/) 	 (3.50) 
is approximately normally distributed, with mean and variance 










in which /32  is the unbiased estimate of the coherence and tanh is the hyperbolic tan function 
which can be expressed in terms of 
tanhx = 	 and 	tarih 1 x - - 
2 
In 	 (3.53) 
e2x_1 	 1 (1+x) 
1-x 
The unbiased coherence estimate is therefore given by 
(tank (tanh - 1 ( -~/?) 
- 2(M1- 1))) 	
(3.54) 
3.5 Theory for calculating the error in the coherence 
The probability that lies between the limits —U0/2 and +u,'2 (figure 3.6), is given by 
- 	
(Var())/ 	
12a/2 ) = 1 - a (3.55) 
P( 
/2< 
where —U0 /2 and +u/2 are given in terms of a number of standard deviations. 
Substituting in equations 3.50, 3.51 and 3.52 this becomes 
(_/2 	
tanh'() - tanh1() 
- 2(M-1) 	




This allows the 100 (1 
- 
a) % confidence interval for the unbiased coherence estimate 
-u (112 
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Figure 3.6: Diagram showing the probability density function and confidence limits — ua/2 and u,,,, 2 of 
the random variable p. 
(32 , 02 	32) to be calculated where the upper confidence limit (32)  is given by 
/32 = tanh (tanh — 1 	- n12(2(M - 1))_1/2 - (2(M - 1))_ 1 ) 	(3.57) 
and the lower limit (j32)  is given by 
02 = tanh (tanh— 1 	+ 	- 1))_1/2 - (2(M - 	 (3.58) 
is equal to 1.64 for the 90 % confidence limit. 
This approximation of the unbiased coherence and its confidence limits has only been shown 
to be accurate in the range where M > 20 and 0.4 0.95. For the wavenumber 
annuli at long wavelengths, the number of estimates in each annulus M is often less than 
20, while for shorter wavelength annuli, 32  is sometimes less than 0.4. Nevertheless, this 
approximation is still more accurate than using the biased coherence and is probably a better 
than the approximations given by Munk and Cartwright (1966) and Bendat and Piersol (1980) 
(equations 3.48 and 3.49). 
Occasionally, equation 3.58 yields lower bounds on the coherence which are less than zero and 
in these cases the lower limit was set at zero. Otherwise graphs of the admittance and coherence 
estimates calculated from the four datasets are plotted with the 90 % confidence limits as error 
bars. 
Chapter 4 
Calculation of admittance and 
coherence estimates 
4.1 Introduction 
As described in the previous chapter, the estimation of the admittance and coherence first re-
quires the calculation of the Fourier transforms of the gravity and topography data. However 
the data are of finite size and taking a discrete Fourier transform (DFT) introduces a deleterious 
effect known as spectral leakage. This chapter gives a description of this effect and its causes, 
followed by an investigation of various methods for its reduction/elimination. These include the 
use of different spectral windows and data-padding techniques. Different statistical/averaging 
methods for obtaining admittance and coherence estimates for individual wavenumber annuli 
are tested and their relative merits discussed. Finally, attempts are made to derive more robust 
estimates of the admittance by using a central-quartile analysis which eliminates the effect of 
outlier, non-Gaussian distributed values. 
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4.2 Preparation of the data for the Fourier transform 
4.2.1 The two-dimensional discrete Fourier transform (DFT) 
The two-dimensional continuous Fourier transform (CFT) of a function b(x, y) is defined as 
the integral 
00 00 
F[b(x,y)] = B(u,v) = f f 
—00-00 
b(x, y)exp(—i('ux + vy))dxdy (4.1) 
where F is the two-dimensional Fourier operator, B(u, v) is the spectrum of the function 
b(x, y), and u, v are the wavenumbers corresponding to the x, y spatial coordinates, respec-
tively, and are given by 
2ir 	2ir 
tLT-, v= - —  A Y 
(4.2) 
"I 
where A x and A',, are the wavelengths in the x and y directions. 
It is possible to obtain b(x, y) in the space domain from its spectrum B(u, v) by means of the 
inverse two-dimensional Fourier transform: 
00 
F'[B(u,v)] = b(x,y) = 	7 JB(u,v)exp(i(ux+vy))dudv 	 (4.3) 47r  
-00-00 
where F' denotes the inverse two-dimensional Fourier operator. 
However these equations only apply for functions b(x, y) which are of an infinite extent in both 
the x and y directions. In practise however, gravity and topographic data are available only 
over a finite area (for example —X12 < x X12 and —Y/2 < y < Y/2) and the continuous 
Fourier transform as described by equation 4.1, cannot be applied. Instead an estimate of the 
spectrum B1, is obtained by calculating the finite integral 
X/2 Y/2 
Bj(u, v) 
= f f b1 (x, y)exp(—i(ux + vy))dxdy 	 (4.4) 
-X/2 -Y/2 
Furthermore, the data are known only at discrete points on a grid with sampling intervals of 
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Ax and Ay. The dimensions of the data are therefore 
X=IIiILXx and Y=NLiy 	 (4.5) 
where M and N are the number of data points in the x and y directions. The integral in 
equation 4.4 may therefore be approximated by the sum 
Al-i N-I 





Urn = mu and 	n.v 	 (4.7) 
The data are then assumed to be periodically extended in the plane x, y so that the spectrum 
becomes discrete with the frequency spacings 
AU 
= X ( Mx) 
and v 
= ( Nay) 
2irf 	27r '\ 
	
27r / 	2ir\ 	
(4.8) 
The spectral transformations may then be written in terms of the discrete Fourier transform 
pair: 
Al-i N-i 
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This is the form of the Fast Fourier transform algorithm used to evaluate the DFT (see for 
example, Schwarz et al. (1990)). 
4.2.2 Data spacing, the Nyquist frequency and aliasing 
Due to the discrete nature of the data in both the space domain and the spectral domain, the 
spectral estimation of Bd (equation 4.10) only allows frequencies up to 
27r 	 2ir 
±— and v = 
2Lx 
(4.11) 
to be recovered. The frequencies 'a rn, and v,, are known as the Nyquist frequencies and are the 
highest frequencies that can be resolved from data with spacing Ax, Ay. 
wavelength 
Figure 4.1: Diagram showing how aliasing may occur due to an insufficiently small sampling interval. 
The sample interval used when collecting data can introduce errors into the spectrum since high 
wavenumber components can be mistaken for lower wavenumber components if the sampling 
interval (data spacing) is too low. This effect, known as aliasing, arises because a function is 
completely determined by discrete values only if its highest wavenumber component is less 
than the Nyquist wavenumber (Shannon's sampling theorem). It is possible to avoid this effect 
by sampling at intervals at least half that of the smallest wavelength present in the gravity or 
topographic signal (figure 4.1). 
4.2.3 Detrending the data 
The finite length of the data means that the DFT cannot resolve wavelengths longer than the 
dimensions of the dataset. The finite dataset is periodic in the Fourier domain such that any 
large amplitude anomalies at the edge of the dataset (caused by signals of wavelength greater 
than MAx or NAy) will have a large (and detrimental) influence on points near the opposite 
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edge. This is sometimes known as the wrap-around effect. In other words, power in the data 
due to signals of wavelength greater than the dimensions of the data will be falsely attributed 







Figure 4.2: Diagram showing a signal before and after detrending. 
Errors caused by this effect can be reduced by fitting a least squares plane to the two-dimensional 
data in the space domain and then subtracting it before taking the Fourier transform. This has 
the effect of largely removing signals of wavelengths greater than the data size (figure 4.2). 
4.2.4 Windowing the data 
Spectral leakage also arises due to the DFT approximation to the Fourier transform of the 
function underlying the data samples. The truncation of the finite data may be viewed as the 
multiplication of an infinitely long data record (b(x, y)) by a window function (w(x, y)) of 
rectangular or boxcar shape, such that w(x, y) = 1 except where jxj > X12 , yJ > Y12, where 
w(x, y) = 0 (figure 4.4). The finite data function is therefore given by b1 = b(x, y)w(x, y). 
In the spectral domain this truncation (and therefore the DFT) is equivalent to the convolution 
of the continuous Fourier transform of the infinite function underlying the data and the Fourier 
transform of the rectangular window. This can be written as 
B1(u,v) = B(u,v) ® W(u,v) 
	
(4.12) 
(in which ® denotes convolution). Since the ideal, infinitely continuous data function would 
be given if w(x, y) - 1 for all x, y, the Fourier transform should bc equivalent to B(u, v) 
convolved with a Dirac delta function at wavenumber zero. To get an idea of how well the DFT 
approximates the continuous Fourier transform of the infinitely continuous function underlying 
the finite dataset, the Fourier transform of the boxcar window function must be compared with 
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0 	 0 
Figure 4.3: Diagram showing the function w(x) = 1 and its Fourier transform the Dirac delta function. 
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Figure 4.4: Diagram showing the boxcar rectangular window function and its Fourier transform, a sinc 
function. 
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Figure 4.5: Diagram showing how tapering the boxcar spectral window with a cosine function reduces 
the amplitude of the side lobes in the Fourier transform (given by equation 4.16). 
It can be seen that the effect of the boxcar window is to cause significant leakage of power in 
the spectral domain from long wavelengths into oscillatory side lobes at shorter wavelengths. 
This leakage can be reduced by introducing a taper to the edge of the window function so that 
the window function changes more gradually from zero to a maximum and then back to zero. 
Several such windowing functions have been proposed in the past but all involve a trade off 
between making the central peak in the spectral domain as narrow as possible and making the 
oscillatory tails of the distribution fall off as rapidly as possible. 
One such taper consists of a pair of cosine bells and is known as a "Tukey" window. The 
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one-dimensional window function is given by 
w(n) = (i + cos ((nL + 	 for - ( L + M) n < —L (4.13) 2 	MA 
w(n) = 1 for - L < n 	 (4.14) 
w(n) 	(i + cos (-(ni - Li))) 	for + (L + M) n > +L (4.15) 
2 	MA 
where 2(L-i-M) is the data length and MA is the width of the taper on either side (figure 4.5). 
TI is the number of data points and A is the data spacing. When L = 0 this function becomes 
a full cosine bell and is known as a "Hanning" window. The discrete Fourier transform of the 
window function given in equation 4.15 is given below: 
ir MA\ 
1 








U + MA ) 	) 
ir Mz\ 
1 
+ 	cos (uL 	+ ( - 
) 
(M + 1)-- 
sin((u_M)_) 
- MA 2 












The larger the taper ratio is made, the smaller the oscillatory side lobes. However this also has 
the effect of making the central band wider. Figure 4.6a shows boxcar functions with different 
degrees of cosine tapering and the graphs in figures 4.6b - f show the Fourier transforms of 
these functions in the spectral domain. 
The graphs shown in figures 4.7 to 4.12 show the effect of tapering the window function on 
the admittance and coherence estimates (plotted against wavenumber). It can be seen that 
tapering 10 % of the data on each edge gives improved admittance and coherence estimates (in 
terms of scatter and size of error bar) when compared to those for an untapered boxcar window. 
However further tapering (up to and including a full cosine bell taper) causes increased variance 
in the estimates. (This effect is more noticeable in the admittance than the coherence.) This 
may seem surprising since it has already been determined that an increased taper ratio reduces 
the size of the oscillatory side lobes in the spectral domain. However it must also be noted that 
tapering the data causes data to be discarded and reduces the amount of information upon which 
the estimates are based. For example, a cosine bell taper reduces the amount of information 
by one half. There is therefore a trade off between avoiding the effects of spectral leakage and 
retaining as much data as possible. In this instance the optimum compromise appears to be 
given with a taper ratio of 10 % at each edge of the data. 
0 0.6 
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Figure 4.6: Graph a shows window functions with varying degrees of cosine taper on either side. Graphs 
b - I show the difference between the DFTs of the boxcar function (dashed line) and of Tukey windows 
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Figure 4.7: Graph showing the admittance and coherence estimates obtained with a rectangular boxcar 
window. 
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Figure 4.8: Graphs showing the admittance and coherence estimates for the Egyptian data obtained with 
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Figure 4.9: Graphs showing the admittance and coherence estimates for the Egyptian data obtained with 
a boxcar window with a cosine taper of 20% on either side. 
Chapter 4. Calculation of admittance and coherence estimates 	 107 
0.04 	 1.0- 
0.02 
1 	 0.8 
i 
-002' 	J 	 0.6- 
.°°'- 	f -0.06- - 
0.2- 
008- 
.0.1_ F 	 I 	 0.0- 
0.0 	0.04 	0.08 	0.12 	0.16 	0.2 	 0.0 	0.04 	008 	0.12 	0.16 	0.2 
wavenumber (/km) wavenumber (/km) 
Figure 4.10: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
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Figure 4.11: Graphs showing the admittance and coherence estimates obtained with a boxcar window 
with a cosine taper of 40% on either side. 
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Figure 4.12: Graphs showing the admittance and coherence estimates obtained with a boxcar window 
with a cosine taper of 50% on either side (a full cosine bell). 
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4.2.5 The two-dimensional shape of the spectral window 
The shape of the data window is also significant. While the diagrams of data windows shown 
so far in this chapter are of simple one-dimensional cases, this analysis makes use of two-
dimensional data and therefore the two-dimensional shape of the window function becomes 
important. A one-dimensional window function, applied first in the x direction and then the y 
direction to the two-dimensional data, is known as a rectangular window (figure 4.13). How-
ever if instead, the one-dimensional window function is applied to the 2-dimensional data in a 
rotationally symmetric fashion then this is known as a circular window. 
Rectangular window 	 Circular window 
E\ - 1.0  0.5 
Figure 4.13: Contoured 2-dimensional diagrams showing the rectangular and circular window functions 
(taper on either side is 20%). 
It might be expected that the circular window would give better results, since it contains the 
same amount of information in all directions while the rectangular window contains additional 
information in the directions of the corners of the rectangle/square. But because the data are 
finite in extent and therefore periodic in the Fourier domain, the repetition of the rectangular 
window produces a continuous function in all directions, whereas the repetition of the circular 
window contains "gaps" of zero value in the directions of the diagonals (figure 4.14). The 
effect of these areas of zero value in the corners of the data is to cause greater variance in the 
estimates than when using a rectangular window, which is therefore preferred. (See figures 4.15 
and 4.16.) 
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x or y direction 	 diagonal direction 
W(x) 	 w(x) 	 "Gap" of zeros 
continuous function 
I \ / 
Figure 4.14: Diagram comparing the repeated, periodic circular window function in the x and  direc-
tions with that in the directions of the diagonals. 
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Figure 4,15: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
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Figure 4.16: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
with a circular boxcar window tapered by 10%. 
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4.2.6 Multi-taper spectral windows 
Although a rectangular Hanning-window, with a taper of 10 %, gave the best Fourier do-
main admittance and coherence estimates possible for this project, Scheirer et al. (1995) and 
McKenzie and Fairhead (1997) have shown that a multi-taper, involving three window func-
tions in each direction, appears to give smoother admittance and coherence estimates which 
are more reliable at the long wavelengths (due to a reduction of spectral leakage into neigh-
bouring wavenumber bands (Thomsen, 1982)) and which have smaller associated errors. The 
admittance and coherence estimates given in figure 4.17 are taken from McKenzie and Fairhead 
(1997) and show the difference between those values obtained with multi-taper, Hanning-taper 
(10 % at each edge) and mirroring techniques for data from the Western USA and Western 
Australia. The estimates given in figure 4.18 are McKenzie and Fairhead's multi-taper results 
for East Africa as compared with the 10% Hanmng-taper results derived for approximately the 
same area, as part of this project. In actual fact the gridded dataset used by McKenzie and Fair-
head (1997) contains additional data sources compared with that used in this project (described 
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Figure 4.17: Graphs showing the difference between admittance and coherence estimates calculated 
using a multi-taper (Mi'), a Hanning-taper (HT) and mirroring (M) for Western USA (left) and Western 
Australia (right). 
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Figure 4.18: Graphs showing the difference between admittance and coherence estimates calculated 
using a multi-taper (MI) and a Hanning-taper (Hi) for East Africa. The multi-taper estimates are from 
McKenzie and Fairhead (1997) and the Hanning-taper estimates are from this thesis. Both use data from 
approximately the same area. 
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It can be seen that the multi-taper method appears to yield admittance and coherence estimates 
which are of greater magnitude at the intermediate wavelengths than those given by a Hanning-
taper of 10 %. In other words, the 'roll-off' in the admittance and coherence occurs at shorter 
wavelengths with the multi-taper (indicating a weaker lithosphere) than with the Hanning taper. 
The origin of this large difference for the East Africa estimates maybe due to different datasets 
being used in each case (although they appear to cover the same area). This does not explain the 
difference observed between the multitaper and mirrored estimates for Western Australia which 
are calculated using the same dataset. Although the multi-taper is known to give improved 
estimates at long wavelengths, this difference at intermediate wavelengths is surprising. The 
roll-off in the admittance and coherence estimates for many of the areas studied by McKenzie 
and Fairhead is also rather 'step-like'. This is possibly an indication that an insufficient number 
of taper windows have been used in the multi-taper analysis (Roger Banks pers. comm.)'. 
4.2.7 Enlarging the dataset 
Increasing the size of the dataset used can have several positive effects. Firstly (and most 
importantly for a study of this kind) it allows the recovery of longer wavelengths, which is 
important when attempting to resolve long wavelength processes such as isostasy and plate 
bending. It also allows estimates at smaller wavenumber spacing to be recovered from the 
FFT. Secondly, the padding can act as a buffer to the wrap-around effect so that values at one 
edge of the original data are not "polluted" by anomalous values on the opposite edge. Finally 
it allows the data dimensions to be fixed as powers of 2 (or other low prime numbers) so as 




• Padding with zeros 
• Interpolation of the existing data. 
It is quite common for data to be mirrored along the data edges (figure 4.19). However this 
method artificially boosts the signal that is already present, and if there is any trend in the data 
then it causes steps in the second derivative and consequently causes the transform to introduce 
artifacts in the frequency domain. 
'University of Edinburgh, Scotland 
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original data length 
mirrored 	 mirrored 
data data 
Figure 4.19: Diagram showing how data may be mirrored to increase its length and avoid edge effects. 
Ramping the data is the process of extrapolating from the edge values down to zero by means of 
a cosine taper (figure 4.20). The problem with this method is that any anomalies along the edge 
of the two-dimensional dataset will be projected into the ramped region, artificially boosting 
signals in the orientation of the two data edges. While in general this would not matter since 
admittance and coherence estimates are averaged over the entire 3600  azimuth range, this effect 
would prevent analysis of azimuthal variations. 
original data length 
cosine 	 cosine 
ramp ramp 
Figure 4.20: Diagram showing how data may have a cosine ramp applied to the edges in order to increase 
its length and avoid edge effects. 
Simply padding the data with zeros (figure 4.21) would cause none of the errors associated 
with mirroring or ramping and should allow recovery of longer wavelength signals. However 
the veracity of these signals must be in doubt. A better approach is to use some form of 
interpolation routine (based on the original data) to extrapolate out into an additional padded 
region. This is effectively how data south of the ENOC field area in Egypt were generated (see 
chapter 2). 
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original data length 
zero 	 zero 
pad pad 
Figure 4.21: Diagram showing how data can be padded with zeros in order to increase its length and 
avoid edge effects. 
Admittance and coherence estimates have been calculated for varying degrees of padding (with 
zeros and by interpolation) and the results are shown in figures 4.22 to 4.27. It can be seen that 
padding with zeros simply gives estimates at longer wavelengths which are approximately of 
equal value to the longest wavelength estimate obtained without padding. This suggests that 
no additional information is extracted from the data when it is enlarged by padding with zeros. 
Padding by interpolation gives longer wavelength estimates which do not follow the expected 
trend, suggesting that this method is also unusable. The data was therefore not further enlarged 
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Figure 4.22: Graphs showing the admittance and coherence estimates for the full Egyptian dataset, 
obtained with 10% padding of the data with zeros. The taper ratio is 10%. 
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Figure 4.23: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
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Figure 4.24: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 










-0.11 	I 	 1 	 I 0.01 
0.0 0.04 0.08 0.12 	0.16 	0.2 	 0.0 	0.04 	0.08 	0.12 	0.16 	0.2 
wavenumber (/km) wavenumber (/km) 
Figure 4.25: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
with 10 % padding of the data by interpolation. The taper ratio is 10 %. 
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Figure 4.26: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
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Figure 4.27: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
with 50% padding of the data by interpolation. The taper ratio is 10 %. 
4.3 Improving estimate quality with statistics 
The role of statistics in determining admittance and coherence estimates and their associated er -
rors has been discussed in some detail in chapter 3. In this section, further statistical techniques 
for improving estimate quality are described. 
4.3.1 Types and number of wavenumber annuli 
Admittance and coherence estimates are averaged over two-dimensional annuli in the spectral 
domain. These annuli can be spaced in one of three different ways: 
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• Equally spaced annuli 
• Equal area annuli 
• Logarithmically spaced annuli. 
The advantage of having annuli of equal area is that each estimate is then the average of the 
same number of individual values. However, this method of averaging provides fewer long 
wavelength estimates, which are necessary for studying isostatic compensation mechanisms, 
than equally spaced annuli (figure 4.28). Logarithmically spaced estimates give many esti-
mates at long wavelengths but these estimates are based on very few values and are therefore 
unreliable. This is illustrated in figures 4.29 to 4.31 which show admittance and coherence 
estimates averaged over these three types of annuli. 






equal spacing 	 equal area 	 logarithmic spacing 
Figure 4.28: Diagram showing the different types of wavenumber annulus spacing. 
The number of annuli that the wavenumber space is divided into should give a sufficient number 
of estimates to enable the curve to be accurately modelled but at the same time should not be so 
numerous that the estimates are based on very few points, causing the errors to be very large. It 
can be seen from figure 4.32 that increasing the number of equally spaced annuli to 160 gives 
more estimates but with larger errors. It is possible to increase the number of equal area annuli 
to 1500 so that long wavelength estimates are obtained but this also increases the variance 
in the estimates (figure 4.33). Similarly, the number of logarithmically spaced annuli can be 
reduced to 10 so that each estimate is based on at least 5 values. However this yields very 
few estimates in the required wavenumber range (figure 4.34). The best compromise for the 
Egyptian data appears to be to use 80 equally spaced annuli such that the longest wavelength 
estimate is based on a minimum of 5 values. This was also taken as the minimum requirement 
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Figure 4.29: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
with equally spaced wavenumber annuli. The total number of annuli over whole wavenumber range is 
80 but the values displayed are truncated at a maximum wavenumber of 0.2 km* 
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Figure 4.30: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
with equal area wavenumber annuli. The total number of annuli over whole wavenumber range is 80 
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Figure 4.31: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
with logarithmically spaced wavenumber annuli. The total number of annuli over whole wavenumber 
range is 80 but the values displayed are truncated at a maximum wavenumber of 0.2 km- '. 
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Figure 4.32: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
with equally spaced wavenumber annuli. The total number of annuli over whole wavenumber range is 
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Figure 4.33: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
with equal area wavenumber annuli. The total number of annuli over whole wavenumber range is 1500 
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Figure 4.34: Graphs showing the admittance and coherence estimates for the Egyptian data obtained 
with logarithmically spaced wavenumber annuli. The total number of annuli over whole wavenumber 
range is 10 but the values displayed are truncated at a maximum wavenumber of 0.2 km* 
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4.3.2 Normally distributed errors and outliers 
When calculating admittance and coherence estimates, it is assumed that all error stems from 
errors in the Bouguer gravity and that these errors have a normal (Gaussian) distribution. How-
ever errors in gravity data arise from two different causes. True random errors may occur 
due to lack of precision when levelling the gravimeter or reading off measurements, or due 
to inaccuracies in the Bouguer and terrain corrections. These errors are approximately nor -
mally distributed with most (95 %) values lying within two standard deviations of the mean. 
Another type of error arises from large scale inaccuracies such as using a faulty gravimeter or 
from occurrences such as seismic events. These complications will give residual measurements 
which are not normally distributed and for which any value is approximately equally likely (fig-
ure 4.35). Such values which do not follow the normal distribution are known as outliers and 
while only constituting a small proportion of the observations, have a disproportionately large 
(and detrimental) effect on the mean and standard deviation of the set of observations. 
ion 
g 
Figure 4.35: Diagram comparing the probability distributions of the two different types of error. 
The median of a set of values is obtained by placing the observations in ascending order of 
magnitude and then picking out the central observation. The median therefore gives a more 
/ 	 N\ 
robust estimate than the arithmetic mean (which is given by > gj ) since it is relatively 
unaffected by outliers if there are an equal number either side of this central value. Variation 
between the median and the mean is therefore a good preliminary indicator of large outlier 
residuals. 
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4.3.3 Quantile-quantile plotting 
Another way to determine whether a collection of measurements contains outlier values is with 
the use of a quantile-quantile or value ordered plot (Lewis and Fisher, 1982). The cumulative 
probability distribution, Q(g) gives the probability of an observation being less than a given 
value and ranges from 0 up to 1. Given a set of gravity observations g 2 where i = 1, N, 
which are arranged in order of increasing size, the cumulative probability jumps from zero 
before the first observation (g) to 1/N between g and 92  such that at the ith observation the 
probability increases from (i - 1)/N to i/N. A graph of the observed cumulative probability 
therefore consists of a series of steps of 11N at each observation (figure 4.36). The value of 
the cumulative probability actually at the ith point of observation is taken as (i - 112)/N. 
Figure 4.36: Diagram showing the observed and theoretical cumulative probability distributions. 
It is also possible to calculate the theoretical value of g which gives a cumulative probability 
of (i - 1/2)/N given the standardised theoretical normal distribution (mean i= 0 and standard 
deviation a = 1). This may be done either by using statistical tables or by use of Simpson's rule 
of numerical integration to find the cumulative probability Q (g) given the normal distribution: 




= /(2iro•2 ) 	 2a2 	) 	
(4.17) 
followed by Newton's method of interpolation to find g given Q(g) 
A quantile-quantile plot of g 2  against g then gives a straight line if the observations really are 
normally distributed, with gradient equal to the standard deviation and gj intercept equal to the 
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mean. Observations which do not lie on this straight line but instead form "S-shaped" tails, 
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Figure 4.37: An example of a graph of the observed versus theorical quantiles of (NH*)  for one 
wavenumber annulus showing the straight section in the two central quartiles with the "S-shaped" tails 
in the outer quartiles. The variable (NH*)  was used for the quantile-quantile analysis because it is 
assumed that NH*  has a mean of zero over each wavenumber annulus. 
4.3.4 Central quartile statistics 
The aim of robust statistics is to reduce the effect of outlier values in order to determine the true, 
unbiased mean and standard deviation. If the total number of ordered points N are divided up 
into four equal parts (known as quartiles), the outliers will only be significant in the first and last 
(outer) quartiles. The two central quartiles will be dominated by normally distributed errors. 
The y-intercept and slope of just the central quartiles on a quantile-quantile plot will therefore 
give unbiased estimates of the mean and standard deviation which are unaffected by outlier 
measurements. Thus by looking at the distribution of NiH' within each wavenumber annulus 
and by selecting to sum over only those values which fall along a straight line within the two 
central quartiles, it should be possible to obtain more reliable estimates of the admittance and 
its standard deviation. 
Figure 4.38 compares admittance estimates calculated from all the data with those calculated 
from the two central quartiles only. It can be seen that the errors calculated from the central 
quartiles only are indeed smaller than those based on all the data. Perhaps surprisingly however, 
the estimates themselves are not improved and show greater variance than their counterparts 
calculated from all four quartiles. This, combined with the smaller errors, gives estimates 
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Figure 4.38: Graphs showing the admittance estimates and error bounds for the Egyptian data based on 
all four quartiles (a) and those based only on the central two quartiles (b). 
which could not be fitted with any smooth model curve of isostasy or plate bending. This 
result suggests that the outer two quartiles, whilst containing some outlier points, also contain 
normally distributed data which it is necessary to include when deriving average estimates. It 
is likely that there are insufficient points within each annulus for this type of analysis to work 
in this instance. 
4.4 Analysis of the other datasets 
4.4.1 Isolating the Qattara Depression 
When compiling the Egyptian dataset, effort was made to increase the extent of the dataset 
in order to better constrain the irregular areas not covered by the ENOC survey and to obtain 
longer wavelength admittance and coherence estimates. Another consequence of this was to 
include areas with tectonic regimes different from that of the actual Qattara Depression region 
(for example the continental shelf region in the north will have undergone major extension). 
However the original aim in studying this area was to use it as a special test-case since it 
was thought that the Qattara Depression had the unusual property of being unassociated with 
subsurface loads on the lithosphere. In order to isolate the loading regime specific to the De-
pression, admittance and coherence estimates were therefore also calculated for a 500 km by 
500 km sub-area from the centre of the datasets shown in figures 2.6 and 2.7. Because the 
sub-area was so small, the data was not detrended before taking the Fourier transform so as to 
retain as much long wavelength information as possible. The results are shown in figure 4.39. 
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4.4.2 The Kenyan, UK and Greek datasets 
The other three datasets from Kenya, Greece and the Aegean, and the southern United King-
dom were then analysed using the optimal processing steps determined from analysis of the 
Egyptian data (sections 4.2 and 4.3). The data were not padded in anyway, but were detrended 
and then tapered by 10 % at each edge before taking the Fourier transform. The data was 
then averaged over equally spaced wavenumber annuli, with a minimum of 5 points in the 
longest wavelength annulus. The resulting admittance and coherence estimates are shown in 
figures 4.40 to 4.42. 
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Figure 4.39: Graph showing the admittance and coherence estimates for an area 500 km by 500 km 
covering just the Qattara Depression. The data is not detrended and a cosine taper is applied to 10 % of 
the data on each edge. The total number of wavenumber annuli is 72. 
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Figure 4.40: Graph showing the admittance and coherence estimates for Kenya. The data is cosine 
tapered by 10% at each edge and the total number of wavenumber annuli is 40. 
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Figure 4.41: Graph showing the admittance and coherence estimates for the Aegean region. The data is 
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Figure 4.42: Graph showing the admittance and coherence estimates for the southern UK. The data is 
cosine tapered by 10% at each edge and the total number of wavenumber annuli is 100. 
Chapter 5 
Theoretical models for the admittance 
and coherence 
5.1 Introduction 
This chapter presents the derivation of the theoretical admittance and coherence for different 
compensation models. First the general case of an elastic plate loaded both externally and 
internally at some unspecified depth is given. This is followed by the specific cases of external 
loading only and, external and bottom (at the base of the crust as defined by the Moho) loading. 
Forward models for the external and bottom loading case are generated and interpreted in terms 
of the relative importance of the various parameters. 
A method for determining the subsurface to surface loading ratio and elastic thickness from the 
wavenumbers at which the admittance and coherence fall to one half their longest wavelength 
value is introduced. The use of maximum entropy spectral estimation, with the objective of de-
riving elastic thickness estimates for smaller data regions, is discussed. An alternative approach 
to this problem, which aims to derive elastic thickness estimates from asymptotic solutions to 
the short wavelength information, is then presented. 
5.2 Local compensation models 
If gravity observations Lg(x, y, 0) are available on a plane z = 0, then a thin sheet of laterally 
variable mass can always be found whose attraction exactly reproduces them. This surface 
density distribution 9(x, y, 0) is known as the equivalent stratum and the relationship between 
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the gravity and the density is then 
g(x,y,O) = 27rgE(x,y,0) 
	
(5.1) 
Under Airy isostatic compensation, when a load of height h1 is placed on the surface of the 
lithosphere it is compensated by a buoyant, low density root of depth ri directly below (fig-
ure 1.5). By using the equivalent stratum approximation, this topography on the Moho can be 
represented as a surface of laterally variable mass on a plane located at a mean depth of ZM (the 
average depth to the Moho). The local reduction in mass per unit area due to the low density 
root will then be 
S(x,y,zM) = —( Prn —Pc )r(X,Y) 
	
(5.2) 
where r (x, y) is the topography on the moho. The gravitational attraction of this surface at 
depth ZM is then 
Lg(x, j, ZM) = —27rg(pm - P c )T(X, y) 	 (5.3) 
Transformation into the wavenumber domain gives 
G(k, k, zM) = —27rQ(pm - p)R(k, k) 	 (5.4) 
where capitals denote the two-dimensional Fourier transforms in the horizontal plane. Apply- 
ing the upwards continuation operator to correct for making observations at the Earth's surface 
(z = 0) gives 
kyl = —27r9exp(—kzM)(p m —p c )R(k x ,ky ) 	 (5.5) 
where k is the two-dimensional wavenumber such that k 2 = k 2 + k. The mass deficit of the 
low density root balances the mass excess of the topography such that 
h(x, Y)Ph = r(x, Y)(Pm - Pc) 	 (5.6) 
where ph  is the density of the topography. The relationship between the height of the topo-
graphic load and the gravity anomaly created by its compensation is therefore given by 
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The linear response function or admittance QAiry  for Airy compensation is then given by 
- LG(k,k) 	 (5.8) QAiry - H(k,k) 
and therefore 
QAiry = — 2gphexp(—kzM) 	 (5.9) 
A plot of lflQAjry against k gives a straight line with a gradient equal to -ZM and y-
intercept of ln(27rQph). A similar expression can be found for the admittance for the Pratt 
model of isostatic compensation but it is more complicated and not generally used. 
5.3 Plate bending models 
It became apparent that local compensation models (such as the Airy compensation model 
shown above) were insufficient for accurately modelling observed admittance estimates (Banks 
et al., 1977). Instead, models involving the flexure of a thin elastic plate were explored. 
5.3.1 The general case: external and internal loading at any depth 
In a general analysis it is assumed that the lithosphere may be loaded both externally (by 
topographic loads) and internally at any depth (by lateral density contrasts such as igneous 
intrusions). The external load is given by 
LE(k) = phgHE(k) 
	
(5.10) 
in which HE is the initial elevation at wavenumber k before flexure. The internal load can 
likewise be expressed as 
Lj(k) = zpjgHi(k) 
	
(5.11) 
in which H1 is the initial topography on a density interface 'p' (= P1 - Ph) located at a depth 
zr below the surface. The ratio of internal to external loading is therefore given by f, where 
- (API)2 Hi(k)Hy(k) 
(5.12) f(k)f*(k) -  
(Ph 
)2 HE(k)H* E 1' / 
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The lithosphere is considered to be a thin, perfectly-elastic plate such that it has an equivalent 
flexural rigidity D, which is the ratio of the bending stress to the bending strain, and it deforms 
in the same way at all depths. Thus any load which causes a flexure W(k) at the surface, will 
cause the same flexure at the other density interfaces at zj and at the Moho (zM). The plate 
flexure causes displacement of asthenospheric fluid of density Pm'  creating a buoyancy force 
(—p mgW (k)) which partially supports the load. The other effect of plate flexure is to modify 
the surface topography so that the final observed topography at the surface is given by 
H(k) = HE(k) + W(k) 	 (5.13) 
and the various densities involved are related by the equation 
Pm = Ph + /PI + Pm 	 (5.14) 
where Ap. = Pm - P1. The flexure of a thin elastic plate is given by the loading equation in 
the Fourier domain: 
Dk4 = —pgHE(k) - LpjgHj(k) - p mgW(k) 	 (5.15) 
such that 
- —phgHE(k) - IpjgHj(k) 
(5.16) W(k) -  
DO + Pg 
This can be rewritten as 
W(k) = —B(k)HE(k) - 	1 B(k)Hj(k) 	 (5.17) 
\ Ph  




 DO+ Pm 	
(5.18) 
By substituting equation 5.17 into equation 5.13, we can express the observed topography, 
H(k) as a combination of the external load and the flexure caused by both external and internal 
loading 
H(k = W,(k (_iB(k) "\ ± HE (k) (1 - B(kI 	 (5.19) '. I, k / 	 1 / 	
Ph 	1 
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By condensing undulations on an interface of contrasting density to the linear approximation of 
a surface of variable density and then applying the upwards continuation operator, the Bouguer 
gravity anomaly at the surface can be expressed as 
G(k) = GI(k)HI(k) + Gw(k)W(k) 	 (5.20) 
in which 
G1(k) = 2ir9tp1exp(—kzj) 	 (5.21) 
is the gravity anomaly created by unit amplitude topography on the internal density interface 
at depth zi and 
Gw(k) = 2ir9Ipjexp(—kzi) + 27r91pMexp(—kzM) 	 (5.22) 
is the gravity anomaly created by unit amplitude plate flexure. 
By substituting equation 5.17 into equation 5.20, we can express the observed gravity in terms 
of contributions from both the external and internal loads: 
G(k) = HI(k) G1(k) - ( 4-p-, ) 
	 I 
B(k)Gw(k) ' - HE(k) (B(k)Gw(k)) 	(5.23) 
\Ph 
and equations 5.19 and 5.23 can then be rewritten as 
G(k) = ai(k)Hj(k) + cxE(k)HE(k) 	 (5.24) 
and 
H(k) = 01(k)Hj(k) + 13E(k)HE(k) 	 (5.25) 
where 
al(k) = GI(k) - (_eJi) B(k)Gw(k) 	 (5.26) 
aE(k) = —B(k)Gw(k) 	 (5.27) 
31(k) = - (L) B(k) 	 (5.28) 
OE (k) = 1 - B(k) 	 (5.29) 
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The admittance 
The admittance is the linear transfer function relating the topography to the gravity anomaly 
created by its compensation, such that 
G(k) = Q(k)H(k) 	 (5.30) 
and is normally calculated using the expression 
- (G(k)H*(k)) 
(5.31) 
Q(k) - (H(k)H*(k)) 
Thus the model admittance for a thin elastic plate, loaded both externally and internally be-
comes 
Q(k) = aji3
j(HjH) + aEI3E(HEH) 
13(HiH) + /3(HEH) 
(5.32) 
since internal and external loads are assumed to be uncorrelated (i.e. (HEHI*) = 0). This can 
also be written as 
aJ/3Jf2 (ph/LpJ) 2 + crE/3E 	
(5.33) Q(k) = /
3 f 2 (Ph/PI)2 + /3 
showing that the admittance is dependent upon ph. ZM, ApI,  ZI, D (or TE) and f. 
The coherence 
The coherence between the topography and Bouguer gravity (the ratio of the observed power 
in the gravity to the predicted power) is calculated using the expression 
- 
(G(k)H* (k)) (G* (k)H(k)) 	
(5.34) y2(k)  
(G(k)G* (k)) (H(k)H* (k)) 
The model coherence for a thin elastic plate is therefore given by 
- crI3 f 4 (ph//PI)4  + 2aI/3JaE/3Ef2 (ph/1pI) 2 + cfi 
- af4 (ph/pJ)4 + (a 	+ 	)f 2 (Ph/PI)2 + a 	
(5.35) 2 ,812 
which is likewise dependent upon ph zM, Lpj, zj, D (or TE) and f. 
The Young's modulus and Poisson ratio are taken to be 1011  N m 2 and 0.25 respectively. 
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This general model for the admittance and coherence is similar to that of Bechtel et al. (1987) in 
that it can allow loading to occur at any level in the lithosphere. It differs from theirs, however, 
in that loads occur only on two interfaces (the surface and zI) whereas Bechtel et al. (1987) 
include loading at three interfaces (the surface, the Moho and in the near surface crust). The 
expression for the coherence from a model with three layer loading is much more complicated 
and involves a 3 x 3 matrix of terms to relate the initial loads to the final deflections on the 
three interfaces. 
Equation 5.12 indicates that the loading ratio f is actually a function of the wavenumber k. 
However when fitting models involving f to the data, many authors have assumed that f is 
the same at all wavelengths (e.g. McKenzie and Fairhead (1997)). Bechtel (1989) actually 
solved for a variable 1(k) for each wavenumber annulus (as described by King (1998)) and 
although several authors have since used this approach (Cindy Ebinger pers. comm.)' it is 
not actually explicitly stated anywhere in the literature. (It is implicit in Bechtel et al. (1987) 
where they minimise the correlation between the surface and subsurface loads.) The method of 
King (1998) involves downward continuing the Bouguer gravity anomaly and calculating the 
initial surface and bottom (Moho) loads (HE  and HI) using an initial value of TE. 1(k) is then 
calculated using equation 5.12 and the predicted coherence is determined from equation 5.35 
assuming that subsurface loading occurs at the Moho (see section 5.3.3). These values are then 
averaged within wavenumber annuli. This predicted coherence is compared with the observed 
coherence and the value of TE (and 1(k)) which minimises the root-mean-square error is then 
determined. f as a function of k minimises the misfit between the modelled and observed 
coherence but what is really required, in order to understand geological processes, are maps 
of the spatial variability (f (x, y)). In this thesis the loading ratio is always kept constant with 
wavenumber. 
5.3.2 External loading only 
In the first analyses of plate bending of this kind, it was assumed that the lithosphere was loaded 
only at the surface by topographic loads and that the lithosphere was laterally homogeneous 
below the surface (e.g. Banks et al. (1977); McNutt and Parker (1978); McNutt (1980) etc..). 
Thus the ratio of internal to external loading f in equation 5.12 becomes zero and 
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However the gravity anomaly due to flexure of the plate (Gw) becomes 
Gw(k) = 27r9/pMexp( — kzM) 	 (5.37) 
(where Apm = PM - ph) so that the admittance is given by 
QE(k) = —29phexp(—kzM)1e 	 (5.38) 
in which 6 = 1 + (Dk 41gip) (Forsyth, 1985). 
In this instance, when f = 0, the coherence becomes 
2 	af3 _Y  E
	= - 	 (5.39) 2 )32 
for all wavelengths and is therefore not diagnostic. 
5.3.3 External and bottom loading 
These initial models, involving loading at the surface only, could only predict those parts of the 
gravity field which were coherent with the topography. The remaining gravity anomalies due to 
lateral density contrasts within the crust were regarded as noise which degraded the admittance 
estimates and destroyed the coherence at short wavelengths. However, several authors (e.g. 
McNutt (1983) and Forsyth (1981)) recognised the fact that it is geologically possible that the 
lithosphere may also be loaded internally, by such tectonic processes as volcanic intrusion and 
metamorphism and that such internal loads would have a profound effect on the form of the 
admittance. They suggested that this might provide a possible explanation for the surprisingly 
low values for the rigidity of the continental lithosphere which had been obtained assuming 
that f = 0. 
Forsyth (1985) therefore developed a model which included the possibility of internal loads, 
in the form of crustal density anomalies, which make an additional contribution to lithospheric 
flexure. The gravity anomaly and topography are then each sums of largely independent contri-
butions derived from the internal and external loads and the coherence between the total gravity 
and total topography is then low at short wavelengths due to this independence rather than due 
to the presence of "noise". This then gives the general expressions for the admittance and co-
herence as given in equations 5.33 and 5.35, which allow the subsurface (internal) load to be 
placed at any depth (zI). Forsyth, however, chose to represent the internal load as an initial 
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deflection of the crust-mantle boundary, at depths of more than 30 km, since initial tests sug-
gested that the coherence was relatively insensitive to the exact depth of internal loading. Such 
deep internal loading implies that the loads take the form of crustal thickness variations which 
are built into the lithosphere as it cools and stiffens or are the result of underplating. One useful 
consequence of this assumption is that the mathematical expressions involved are simplified, 
since the admittance and coherence are then dependent on fewer unknown variables. The ex-
pressions for the admittance and coherence are then identical to those for general internal and 
external loading but with the following substitutions: 
HI (k) = H(k) 	 (5.40) 
where HB is the initial topography on the density interface at the Moho (zM). 
PM = 0 	 (5.41) 
PI = PM - Ph 	 (5.42) 
and 
ZI = Zj,j 	 (5.43) 
This yields an admittance function which is dependent upon Ph zM, D (or TE) and f, and a 
coherence function which is dependent upon Ph'  D (or TE) and f. 
The initial surface and bottom loads (phHE (k) and Pm HB (k)) can be derived by solving the 
two simultaneous equations 5.24 and 5.25 giving 
HB(k) - 
- aEH(1c) - I3EG(k) 
 EI3I - I13E 
(5.44) 
and 
HE (k) = 
aiH(k) - /31G(k) 
I13E - 
(5.45) 
5.4 Forward modelling for external and bottom loading 
Model curves of the admittance and coherence for external and bottom loading were gener - 
ated in order to show their sensitivity to the parameters involved. Figure 5.1 shows plots of 
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admittance versus wavenumber for varying average depth of compensation ZM, effective elas-
tic thickness TE, loading ratio f and topographic density Ph-  It can be seen that the initial 
slope of the curves at the longest wavelengths is dependent upon the value of ZM,  although at 
shorter wavelengths, the slope becomes insensitive to zM and dependent upon TE.  Increased 
values of zM or TE have the effect of moving the roll-over in the admittance curve towards 
longer wavelengths although the TE effect is dominant. Increasing the loading ratio f has the 
opposite effect; it moves the curves towards shorter wavelengths and also creates a "trough" in 
the admittance at intermediate wavelengths. The topographic density Ph  has very little effect 
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Figure 5.1: Graphs showing how the admittance varies with zM, TE, f and  ph  (given as d) for external 
and bottom loading. The curves were calculated using z q = 30 km. TE = 30 km, f = 1 and Ph = 
2670kgm 3 unless indicated otherwise. 
Forsyth (1985) also plotted forward model curves for the admittance similar to those shown 
in figure 5. 1, and pointed out that loading ratios greater than zero (but less than five) cause 
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the drop-off in the admittance curves to move to shorter wavelengths in a way that mimics the 
effect of small TE values. Thus if bottom loads exist which are not taken into consideration 
in the model, such that a value of f = 0 is used (i.e. surface loading only), then the value of 
TE obtained from the best fit model is likely to be an under-estimate. Forsyth proposed that 
this might provide an explanation for the very small values of TE which had previously been 
obtained using admittance analyses, which were incompatible with those values obtained using 
other techniques such as post glacial isostatic rebound and modelling of individual features in 
the space domain. 
The Bouguer correction density Ph  used to create the gravity anomaly for calculation of ad-
mittance estimates has the effect of simply moving estimates up or down the admittance axis 
by a constant amount (equal to 27rgLPh). When applying Bouguer corrections to the main 
datasets of this project, different values of Ph  were tested until a value was found that made the 
admittance tend to zero at short wavelengths. When modelling estimates from other sources, 
the value of Ph  was allowed to vary in the fitting routine until a best fit value was found. 
Figure 5.2 shows how the coherence varies with TE, f and Ph  (it is independent of zM in the 
case where internal loads are positioned at the Moho). When the lithosphere has no strength at 
all (TE = 0) the coherence is equal to 1 for all wavelengths but for all other elastic thicknesses, 
the coherence drops from 1 to 0, with the drop-off point moving to longer wavelengths with in-
creasing TE. The coherence is dependent upon the square of the loading ratio f which therefore 
has two independent solutions. It can be seen that when the plate is loaded only at the surface 
(f = 0), the coherence is equal to 1 for all wavelengths. As the loading ratio then increases 
from 0 up to 1, the drop-off in the coherence curves moves towards longer wavelengths. 
Then as f increases beyond 1, the drop-off moves back towards smaller wavelengths. Both 
TE and f have little effect on the shape/gradient of the coherence curves and their effects are 
therefore likely to be largely indistinguishable. It can be seen that for geologically reasonable 
values, the coherence is insensitive to Ph 
Forsyth (1985) also plotted forward models for the coherence for external and bottom loading, 
but only appeared to consider f values in the range 0.2 to 5. Since the drop-off in the coherence 
occurs at longest wavelengths when the loading ratio - 1, it is unsurprising that in the f range 
0.2 to 5, Forsyth found that the coherence was largely insensitive to the loading ratio. He 
therefore proposed that assuming an a priori value of 1 would be sufficient for the purposes 
of recovering reliable elastic thickness values. However, by plotting curves for an extended 
f range of 0.01 to 20 in figure 5.2, it becomes apparent that the coherence is sensitive to the 
loading ratio and that the loading ratio has two possible solutions. Perhaps more importantly for 
studies of lithospheric rheology, the effect of the loading ratio f on the coherence is extremely 
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similar to that of TE.  This will have a profound effect on the best fit TE values obtained and 
will make stable solutions of TE hard to determine. 
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Figure 5.2: Graphs showing how the coherence varies with TE, f and  ph  (given as d) for external and 
bottom loading. The curves were calculcated using TE = 30 km, f = 1 and ph = 2670 kg m 3 unless 
indicated otherwise. 
Despite this fact, many estimates of continental effective elastic thickness have been made 
from coherence estimates assuming a constant loading ratio of 1 (e.g. Kogan et al. (1994), 
McKenzie and Fairhead (1997)). Many studies also do not consider the information provied 
by the admittance between the gravity and topography. This approach continued until further 
problems concerning the coherence technique were raised by McKenzie and Fairhead (1997). 
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5.5 The effect of a low signal: noise ratio on the coherence 
McKenzie and Fairhead (1997) recognised that some of the values for continental elastic thick-
ness obtained from coherence analyses, such as those described in the previous section, were 
unrealistically large. They raised the point that TE values in excess of 50 km (e.g. 130 km 
in western Australia (Zuber et al., 1989)) are inconsistent with known thicknesses of the seis-
mogenic layer (maximum depth of observed earthquakes) and mantle temperature information 
based on mineral compositions. Whilst conceding that the reason for this might lie with funda-
mental problems regarding current models of continental rheology, they prefer to attribute it to 
a flaw in the coherence method. 
The Bouguer gravity G can be expressed as the sum of that part which can be predicted by 
plate bending models and is linearly related to the topography (GM), and residual "noise" (N), 
which cannot be predicted by plate bending models. 
G=GM+N 	 (5.46) 
The coherence, which is the ratio of the predicted to observed gravity, is then given by 
2 	IGM J 2 	1 
ly = 1G1 2 = (1+ INI/IGMI)2 	
(5.47) 
Thus when the noise, or that part of the gravity which cannot be predicted by the linear isostatic 
response function Q, becomes significant and comparable in magnitude to GM,  the coherence 
drops from 1 to 0 independently of plate bending. This noise effect may mask the fall-off in 
the coherence which occurs due to the flexure of a plate loaded both externally and at the base 
of the crust and cause spurious elastic thickness estimates to be recovered. If the fall-off in 
the coherence due to the presence of noise occurs at shorter wavelengths than that due to plate 
bending, then the elastic thickness value recovered will be a true indication of the rigidity of 
the lithosphere. However if the fall-off due to noise occurs at a longer wavelength, then the 
elastic thickness estimate obtained will be an upper-bound. 
A low signal to noise ratio in the gravity may occur either due to there being only a very weak 
signal or because the noise component is particularly high. Areas in which the lithosphere 
has undergone relatively little loading (for example areas of low topography) are therefore 
not especially suited to this type of study because there is very little flexural signature to ob-
serve/measure. 
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5.5.1 Possible sources of gravitational noise 
In this context, gravitational "noise" does not mean measurement errors. It simply refers to 
all parts of the gravity field which cannot be predicted from the surface topography assuming 
a model in which the lithosphere is loaded both at the surface and at the base of the crust. 
One possible source of such gravity anomalies are those which are generated by the compensa-
tion of surface topographic loads which are subsequently eroded away, leaving behind gravity 
anomalies which are not correlated with the topography (McKenzie and Fairhead, 1997). Noise 
generated in this way is likely to be of intermediate to long wavelengths due to its deep source, 
and is dependent upon the relative rates of denudation and of relaxation of the lithosphere. 
Denudation would have to occur faster than relaxation in the lithosphere in order for such grav-
ity anomalies to exist. Denudation rates are extremely variable and hard to calculate but are 
known to be very high in areas such as the Himalayas. It as been postulated (McNutt, 1980) 
that remnant isostatic gravity anomalies beneath the Appalachian mountains, which appear to 
be unrelated to the present-day topography, have been created in this way. 
Another possible source of gravity noise which falls into this category is near surface, lateral 
density variations due to features such as igneous intrusions and sedimentary basins. Such ge-
ological features are extremely common and create short wavelength gravity variations which, 
due to the upward continuation operator, cannot be predicted from the surface topography from 
a model which only allows loading at the surface or at the base of the crust. 
5.5.2 Solutions to the problem of gravitational noise 
The main problem is that this noise effect on the coherence can lie undetected when using 
the Bouguer gravity anomaly since the drop-off in the coherence due to noise is then indistin-
guishable from that due to plate bending. McKenzie and Fairhead (1997) therefore maintain 
that the free air gravity anomaly should always be used instead, since the noise affect is then 
immediately apparent and alerts the user to the possibility that the TE value obtained will be an 
upper-bound rather than the true value. They show how the presence of noise can also be deter-
mined from a plot of the relative power spectra of the free air gravity anomaly and the Bouguer 
gravity correction (27rgphh). At long wavelengths, the difference in power is due to isostatic 
compensation of topographic loads at the Moho. But differences at short wavelengths cannot 
be explained this way since short wavelength deflections of the Moho are not visible at the sur -
face due to the upward continuation of the gravity anomaly. Instead, differences between the 
free air anomaly and the Bouguer correction at short wavelengths indicate near surface noise 
due to lateral density variations. 
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An alternative approach to the problem of short wavelength gravity variations, is to actually 
include them in the model by allowing internal loading of the lithosphere to occur at shallow 
depths in the crust (Bechtel et al., 1987). The general form for the external and internal loading 
model described in section 5.2.1 allows loading to occur at any depth rather than specifically at 
the Moho. Thus by allowing loading to occur on a density interface near the surface, it should 
be possible to simulate such short wavelength gravity variations and eliminate the bias in the 
coherence toward large TE values. 
5.6 Forward models for external and internal loading 
While it is possible to generate forward model curves over the whole wavelength range for 
external and internal loading models, these curves may not be particularly useful. This model 
includes six different free parameters TE, f Ph Zj and pj) which combine to give very 
similar admittance and coherence curves, making it hard to distinguish the effects of individ-
ual parameters. An alternative approach is therefore developed here which makes use of the 
wavenumbers at which the admittance and coherence fall to one half of their longest wave-
length value (k1 and /2 respectively). This "drop-off" part of the admittance and coherence 
curves is particularly diagnostic in terms of the parameters f and TE. Model curves are there-
fore generated for different combinations of parameters and the values of k1 and k2 are read 
off. These are then plotted as contours of logki and logk2 on grids of logD against logf, with 
all the other parameters being kept constant (figures 5.3 and 5.4). This allows the effects of TE 
and f to be easily distinguished from the other parameters. (See equation 1.6 in chapter 1 for 
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Figure 5.3: Contoured plots of logio of the wavenumbers at which the admittance (left) and coherence 
(right) fall to half their longest wavelength value. Ph = 2700 kg rn 3 , zM = 30 km, Ap, = 200 kg rn 3 
and zj = 30km. 
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Figure 5.4: Contoured plots of iogio of the wavenumbers at which the admittance (left) and coherence 
(right) fall to half their longest wavelength value. Ph = 2700 kg m 3 , ZAJ = 30 km. pj = 200 kg m 3 
and zj = 0km. 
It can be seen from figure 5.3 that when external loading dominates (f < 0.02) and the plate 
is weak (D < 1020  Nm), the roll-off in the admittance is independent of both TE and f. The 
shape of the response is simply determined by the wavenumber dependence of the gravity field 
due to flexure. In this case the only density contrast is at the Moho (zAf = 30 kin) and it is 
the exponential decay associated with sources at this depth which determines the shape of the 
admittance. When external loading dominates but the plate is rigid (D > 1020  Nm), the roll-
off in the admittance is controlled by the flexural rigidity D (x T) and is independent of 
the value of f. The transition from external to internal loading is determined by f(Ph/PI) 
rather than simply f (equation 5.33). Thus if Ph = 2700 kg rn-3 and isp' = 200kgm 3 , the 
shift in the balance occurs at f = 0.074 rather than f = 1. When the internal load dominates 
and the plate is moderately rigid, the topography is due to the flexure (D) and is small, even 
in response to a large internal load which will create a large gravity anomaly. The roll-off in 
this D-f region is therefore independent of f. When internal loading starts to dominate and 
the plate is rigid, the contours become straight lines with slopes of 2 indicating that the roll-off 
in this region is a function of I 2 /D. 
Figure 5.3 also shows how the roll-off in the coherence is dependent on both TE and f. When 
external loading dominates (small f). the roll-off in the coherence vanes as —f 2/D2 and when 
internal loading dominates (large f), the roll-off varies as 4-f 2/D2 . Only for a very small 
region where f2 (API/ph) is the roll-off in the coherence independent off. 
The plots in figure 5.4 are the same as those in figure 5.3 except that the internal loading 
interface is placed at zj = 0km rather than 30 km. In the case of the admittance, this reduction 
in the depth of the internal load has the effect of increasing the rigidity associated with a 
particular drop-off wavenumber. When internal loading dominates (f > 1), the drop-off in 
the admittance is also associated with a smaller loading ratio than if the internal load is placed 
deep within the crust. In contrast, if external loading dominates, the drop-off in the coherence 
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is associated with weaker lithosphere (smaller D values) if the internal loads are placed at 
shallower depths. The drop-off also becomes less sensitive to the loading ratio f. For f values 
greater than (API /p)'/2 the coherence contours are identical to those for when zj = 30 km. 
5.7 Elastic thickness estimates from small data areas 
It has been demonstrated in the previous section that the drop-off points in the admittance and 
coherence constitute the diagnostic wavenumber range when it comes to determining values 
of TE and f. However, the drop-off in the admittance and coherence generally occur at suffi-
ciently long wavelengths (determined by the flexural parameter c in equation 1.8 in chapter 1) 
to require datasets with dimensions which are several times the size of this characteristic wave-
length. However, it is unlikely that such a large area will have uniform properties throughout 
and instead, such areas are likely to contain more than one geological province with different 
corresponding rigidities. It is therefore not possible to determine how the rigidity varies from 
one province to the next, and the average TE value determined for such an area will not be the 
true average due to bias towards areas of high topography (chapter 3). 
5.7.1 Maximum entropy spectral estimation 
Maximum entropy spectral estimation (Burg, 1975) is one method that has been employed in 
the past to cope with this problem (e.g. Lowry and Smith (1994)). Instead of using periodogram 
spectral estimation as in the classical Fourier transform technique, this method uses an alter-
native function (t) to describe the function underlying the data (Press et al., 1992). Thus the 
function t at point x is given by 
tx = [a_1tx_1 + a_2t_2 + ...] + g 
	
(5.48) 
where a are coefficients describing the function fitted to the data at points tx_n and e are 
those parts of the data at x which the function cannot fit, which are assumed to be Gaussian 
with a mean of zero. This is known as an auto-regressive moving average. It has the property 
of smoothing the data (making it easier to model) and can also be extrapolated beyond the 
limits of the data. It is also able to resolve periodic as well as transient signals, but since the 
gravity and topographic data do not contain periodic signals this does not prove an advantage. 
This method is only accurate if a sufficient number of coefficients (a) are used to define the 
function t such that the residuals E really are Gaussian with zero-mean. These residuals will 
also become more significant as the function is projected beyond the data limits. Estimations 
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of elastic thickness from data areas whose dimensions are comparable with the wavelength of 
plate bending found using this technique must therefore be viewed with some caution. 
More recently, further advances have been made in extracting the maximum wavelength infor-
mation possible from datasets through the use of wavelet analysis (King, 1998). 
5.7.2 Asymptotic solutions for short wavelengths 
An alternative approach to obtaining elastic thickness estimates from small data areas, devel-
oped here, is to make use of the information in the short wavelength end of the spectrum. Al-
though the admittance and coherence tend towards zero at short wavelengths, these estimates 
are the averages of many individual values so that even small values can be significant. By 
expanding the expressions for the model admittance and coherence (equations 5.33 and 5.35) 
asymptotically for short wavelengths, we can derive expressions which describe the admittance 
and coherence in the limit as k becomes large. 
Expansion for the admittance 
Equation 5.33 describing the admittance of a plate loaded both externally and internally, can 
be rewritten as 
Q(k)= 
A3f2+A1A2 (5.49) 
f 2 +A 
where 
A1 
= LPJaE = —27r9phexp(—kzj) [(_Pi - LpMexp(—k(zM - zi)))] (5.50) 
Phi3! Ph 
A2= /.PI13E 	







[(PM + Dk4/g - pi —PMexP(—k(zI - ZM)))]
Ph 
- =  
(5.52) 
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In the limit as k becomes large, these become 
A1 -* —27rgphexp(—kzl) [_L
i] 	 (553) 
A2 - 	I 
I_Dk4] 	 (5.54) 
L irn' 
A 3 	—2Gphexp(—kz1) 1+Dkl 	 (5.55) 
L !JPh ] 
such that the admittance is given by 
f \ 
Q '— 	
Dk 49(pf 2 +pj) 
p —2lrcphexp(—kzl) . (gp,f)
2  + (Dk4)2 ) 	
(5.56) 
which in the limit as k becomes large is 
Q 	—27rgphexp(—kzj) ((Phf2+PI)) 
	 (5.57) 
DO 
A plot of lnIQI + 41nk against k will therefore be a straight line with slope equal to — zj in the 
wavenumber region over which the asymptotic expansion is valid. The function Q1 where 
\ 
Qi = lnQ + 41nk + zjk - ln(2 	
(API + phf 2 )g) 
gph) = In ( 
	D 	) 	
(5.58) 
will therefore be a measurable constant in this range. 
Expansion for the coherence 
The coherence can likewise be expressed in terms of A 1 , A 2 and A 3 as 
(A3f 2 +A1A2) 2 (5.59) 
- Af 2 + A(f 2 + A) 
such that in the limit as k becomes large 
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Thus a plot of Q (1n-y 2 ) + ink) against ink will yield a straight line of zero gradient over the 
range where the asymptotic expansion is valid. The function F1, defined as 
(Lpj + Phf2)9 \ F1 =17VY 2 + Ink =lfl( 	
fD 	) 	
(5.61) 
will therefore also be a measurable constant in this range. 
Contour plots of Q1 and F1 on grids of logioD against logiof are shown in figures 5.5 and 5.6 
with zi = 30 km and 0 km respectively. It is interesting to note how similar these plots are to 
those shown in figures 5.3 and 5.4, suggesting that a similar function underlies the admittance 
and coherence both in the drop-off region and at the very short wavelengths. Differences lie 
in the plots where zi = 0 km. When zj is reduced from 30 km to 0 kin, the half wavenumber 
solution (logk1) shows a decrease in the TE associated with a particular roll-over wavenumber, 
whereas the asymptotic solution shows an increase in the TE value associated with a particular 
value of Q1. Unlike the half wavenumber solutions, the reduction of Z from 30 Ian to 0km 















22- 	 //  
20- 
.34.0 











-6 	-4 -2 0 2 4 6 	 -6 	-4 	-2 	0 	2 	4 	6 
	
log 	 log  
Figure 5.5: Contoured plots of Q1 for the admittance (left) and F1 for the coherence (right). ph = 
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Figure 5.6: Contoured plots of Q1 for the admittance (left) and Ff for the coherence (right). Ph = 
2700kgm 3 , Ap, = 200 kg rn 3 and zi = Okrn (independent ofzM). 
These asymptotic solutions to the short wavelength admittance and coherence are used in chap-
ter 6 to determine estimates of the elastic thickness and loading ratio for the various datasets. 
Chapter 6 
Modelling the admittance and 
coherence: results and discussion 
6.1 Introduction 
This chapter presents the results from fitting the models (derived in chapter 5) to the admittance 
and coherence estimates calculated for the data (presented in chapter 2) using the methods out-
lined in chapters 3 and 4. Admittance and coherence estimates are also taken from McKenzie 
and Fairhead (1997) to provide additional evidence for the various hypotheses which are tested 
(as outlined in chapter 1). Models of surface and subsurface (both at Moho and shallow lev-
els) loading are fitted to the whole wavelength range and the effect of the various parameters 
involved in the models is evaluated. A discussion is given of the effects of correlation between 
internal and external loads on the lithosphere, and short wavelength Bouguer gravity variations. 
Methods for determining elastic thickness estimates from intermediate and short wavelength 
information are implemented and, finally, a summary of the elastic thickness estimates derived 
for each of the areas from these different methods is given. 
6.2 Methodology for fitting models to the data 
The combination of parameters which gave the best-fitting model (as described in chapter 5), 
was determined by iterative forward modelling. The program searches through a range of each 
of the parameters and for each combination the chi-square misfit (x2 ) between the model and 
estimates is calculated. The combination of parameters which gives the smallest value of x2  is 
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then determined. The value of the observed x 2  misfit is given by 
M 
Xb5 	((Y 
- Yrnod) 2 
- 	 ) I
92 obs 
(6.1) 
(Thiébaux, 1994) in which Yobs  is the estimated value; Ymod  is the model value of the admit-
tance or coherence at that wavenumber; a 03  is the calculated standard deviation in the estimate 
(based on the distribution of the individual points which were used to obtain the average esti-
mate) and M is the number of estimates being modelled. The X2 b. misfit is therefore based on 
there being unit variance in the mean square residual. x 2  can also be defined as 
2 = 
 = - 
S2  -- 	 (6.2) 
in which S is the standard deviation between the model and the observations and N is the 
number of degrees of freedom, equal to M minus the number of free parameters. Thus if the 
model fits the data, 82  should approximate to a 2 and Xb8  should be approximately equal to 
the number of degrees of freedom. This is therefore a good initial test to see if the model is 
fitting the data. Chi-square has a known probability distribution such that a theoretical range of 
can be defined which includes, for example, 90% of the distribution of x 2  This is given by 
P (X,o.o5 < XN,obs 	X,o.95) = 0.9 	 (6.3) 
where P(x,) is the probability of x 2  being less than x for N degrees of freedom. This is 
equivalent to 





This means that there is a 90% probability that this range contains the true value of the variance 
parameter a (i.e. it gives an indication of the level of agreement between S and a). Thus if the 
value of calculated from equation 6.1 falls within the range defined in equation 6.3, then 
it is possible to say that the model fits the estimates at the 90% confidence limit. The values of 
0.05 and x, 0.95 can be determined from tables of statistical data. 
Contoured plots of Xbs  are therefore constructed for different combinations of parameters 
(two-dimensional slices through x2 space) in order to study the influence that each has on the 
fit of the model, as well as the relationship/interdependence between them. These plots also 
allow the range on each parameter which gives acceptable solutions (at the 90% confidence 
limit) to be determined, as well as the values which give the very best fit. 
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Figure 6.1: Diagram showing how x2  might vary with TE and 1. 
For example, if the theoretical 90% x2  range was 20 to 30 for a given number of degrees of 
freedom, then model solutions with TE and f values which fell within the outermost ring in 
figure 6.1 would fit the data at the 90% confidence limit. However if the x2 value of the best-
fitting model was less than 20, then this would be an indication that the model was over-fitting 
the data, and was fitting random noise in the data as well as the physical model. This might 
happen if too many free parameters were included in the model. Alternatively, if the best-fit 
x2  value lay outwith the 30 contour (in the unshaded region), this would indicate under-fitting 
and that the model was incapable of fitting the data at the desired (90%) confidence limit. 
6.3 External and bottom loading models 
6.3.1 Re-analysis of McKenzie and Fairhead's estimates 
In order to perform a rigorous analysis of the admittance and coherence techniques as they 
have been used in the past, estimates from McKenzie and Fairhead (1997) were digitised and 
re-modelled. Their long wavelength estimates are likely to be some of the most accurate in 
the literature due to their use of a multi-taper window. This is associated with less spectral 
leakage than the Hanning window used on the data in this thesis. The admittance estimates were 
converted to Bouguer estimates using a correction density of 2670 kg m 3 . Because the data 
were digitised by hand, it was not possible to accurately determine the errors on the coherence 
which are in general very small. It was therefore not possible to determine true x2  values 
for the misfit of the models. Instead, admittance and coherence plots are presented in order 
to give an idea of how well the best-fit solutions fit the data. In some respects this is more 
informative than a x2  value since the plots give an indication of the sign of the misfit as well 
as its magnitude, and specifically at which wavelengths it occurs. 
Re-modelling of McKenzie and Fairhead's data was also intended to highlight the effects of 
several assumptions which are commonly made in this type of analysis. The various solu-
tions to the admittance and coherence, for models constrained in different ways, are shown in 
tables 6.1 and 6.2 respectively. These results are then discussed in the following sections. 






ZM , (f =0) 
(FZm) 
Solving for 
ZM and f 
Solving for 
zM, f and Ph 
 (FP) 
ZM 	TE ZM TE f 	Zf TE Ph 	f ZM i 
Western USA 16 9.1 16 9 0.5 20 13 2770 0.25 17 10 
Eastern USA 16 (f) 10 11 11 1 22 20 2770 1 22 19 
Central USA 16(f) 18 57 0 4 68 22 2470 4 77 23 
Western Canada 17 7.3 18 6 0.05 18 6 2370 0.05 14 11 
East Africa 8 6 19 3 2 26 13 2370 3 36 18 
Eastern Siberia 16(f) 19 24 16 0.125 24 17 2570 1 37 34 
Siberian Shield 16 (f) 15.5 19 15 1 32 29 2770 0.5 25 20 
Peninsula India 16 (f) 24 45 16 3 87 50 2870 3 82 50 
Western Australia 16 (f) ? 35 0 20 57 14 2970 16 51 14 
Eastern Australia 16 (1) 19.6 64 5 4 83 25 2670 4 83 25 
Table 6.1: Table showing the values of ZM , TE, f and  ph  obtained from admittance models of McKenzie 
and Fairhead's data (1997), involving external and bottom loading. (f) denotes a fixed parameter. zM 














sf I 	TE TE sf f TE f Tj 
Western USA 0.96 18 17 0.96 0.05 26 0.0714 23 
Eastern USA 0.82 22 23 0.82 0.1429 20 0.1429 24 
Central USA 0.52 50 103 0.52 1.0 50 0.1667 86 
Western Canada 0.98 15 15 0.98 0.1429 15 0.1667 15 
East Africa 0.96 12 11 0.96 9.0 22 1 11 
Eastern Siberia 0.90 34 34 0.90 0.0588 48 0.1111 39 
Siberian Shield 0.72 40 41 0.72 1.0 40 0.1111 47 
Peninsula India 0.42 40 123 0.42 0.5 34 0.2 108 
Western Australia 0.82 70 70 0.82 0.05 98 0.1111 80 
Western Australia (m) 0.86 130 114 0.86 0.05 167 0.1250 128 
Table 6.2: Table showing the values of sf (scaling factor), TE 	 ls and f obtained from coherence mode 
of McKenzie and Fairhead's data (1997), involving external and bottom loading. (m) indicates data that 
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Figure 6.2: Admittance and coherence plots for Western USA showing the difference between the mod-
els given in tables 6.1 and 6.2. 
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Figure 6.3: Admittance and coherence plots for Eastern USA showing the difference between the models 
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Figure 6.4: Admittance and coherence plots for Central USA showing the difference between the models 
given in tables 6.1 and 6.2. 
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Figure 6.5: Admittance and coherence plots for Western Canada showing the difference between the 
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Figure 6.6: Admittance and coherence plots for East Africa showing the difference between the models 
given in tables 6.1 and 6.2. 
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Figure 6.7: Admittance and coherence plots for Eastern Siberia showing the difference between the 
models given in tables 6.1 and 6.2. 
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Figure 6.8: Admittance and coherence plots for the Siberian Shield showing the difference between the 
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Figure 6.9: Admittance and coherence plots for Peninsula India showing the difference between the 
models given in tables 6.1 and 6.2. 
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Figure 6.10: Admittance and coherence plots for Western Australia showing the difference between the 
models given in tables 6.1 and 6.2. 
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Figure 6.11: Admittance plot for Eastern Australia and coherence plot for Western Australia (mirrored 
data) showing the difference between the models given in tables 6.1 and 6.2. 
Scaling the coherence 
In their models of the coherence, McKenzie and Fairhead (1997) scale the modelled coher-
ence by a factor equal to the observed coherence at the longest wavelengths. Inclusion of this 
scaling factor improves the overall fit of the models to the data and changes the best-fit value 
of TE obtained (although not in a systematic way). However McKenzie and Fairhead (1997) 
give no justification for including such a scaling factor. If the coherence is not equal to 1 at 
longest wavelengths then this gives an indication that either the data area is too small, or that 
processes are occuring which are not included in the model (e.g. mantle convection). Without 
detailed knowledge of these processes however, there is no reason to suppose that they will 
cause a constant scaling of the coherence. Ebinger et al. (1989) use a simple linear convection 
model in order to reproduce the overcompensation observed in admittance estimates from East 
Africa. The model includes a rigid base to the convecting region which causes viscous drag, 
thus reducing the resulting surface topography and leading to long wavelength admittance es-
timates or the order of -0. 15mgals m 1 . (They also show that nearly all of the effects of mantle 
covection occur at wavelengths greater than the characteristic flexural wavelength of the plate.) 
By comparison McKenzie (1994) shows that nonlinear convection models (involving a temper -
ature dependent viscosity) can repoduce the apparent undercompensation observed in the long 
wavelength admittance values (approximately -0.05 mgals m 1 ) calculated for Venus. The ef-
fect of mantle convection on the admittance therefore seems unclear and the effect of such 
dynamic compensation on the coherence is not even discussed. A scaling factor is therefore 
not included here in subsequent models. 
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The effect of the depth of compensation ZM 
Banks et al. (1977) point out that the value of ZM, as determined from modelling of the admit-
tance, should actually be described as an effective depth of compensation since it is dependent 
upon the true nature of the subsurface vertical density distribution. The external and bottom 
loading model assumes that the increase from the average crustal density to the mantle density 
occurs entirely at the Moho. But if a fraction of this density increase actually occurs as a grad-
ual density gradient at higher levels within the crust, then the best-fit ZM returned by the models 
will be biased towards smaller values. Conversely, if compensation also occurs on density con-
trasts below the Moho, then the model values of ZM will be upwardly biased. Compensation 
on such density interfaces requires them to be a coherent part of the plate (lithosphere) which 
flexes in the same way as the Moho. Eventually, at some depth, there will be decoupling be-
tween the coherent plate (lithosphere) and what lies below. Such decoupling may also occur 
due to the brittle-ductile transition at mid-crustal levels (figure 1.4). This is discussed in greater 
detail in chapter 7. 
McKenzie and Fairhead (1997) model admittance estimates for the Western USA using a load-
ing ratio of zero and get a best-fit ZM value of 16 km. They then use this value for all other 
areas except Western Canada and East Africa. It is hard to see a justification for this approach 
since there are known to be large variations in the depth of the Moho between regions (e.g. 
cratonic areas and areas of large-scale thrusting such as the Himalayas). The values of ZM 
should therefore reflect these variations in the depth of the Moho rather than being everywhere 
approximated by 16 km. The value of ZM determined by modelling the admittance will be de-
pendent on the average depth to the Moho over the data area as a whole, about which the mean 
Moho topography is zero. 
The admittance and coherence plots show that, while the fit of models in which zM is allowed 
to vary is not very different to that of models with zpj = 16 km, models which solve for ZM do 
give a slight improvement in fit. It can also be seen from table 6.1 that by solving for ZM,  we 
obtain values which, in general, are greater than 16 km. This is probably because of the crustal 
thinning due to extension which has taken place in the Western USA. In most cases, free zAl  
solutions appear to yield sensible values although those for Central USA, Peninsula India and 
Eastern Australia, are particularly large. However, the crust beneath northern India is known to 
be thickened due to thrusting in the Himalayas, while the depth of the Moho beneath Central 
USA has been shown to be of the order of 45 km (Allenby and Schnetzler (1983), Braile ci' al. 
(1986)). Later plots showing the trade-off between the values of ZJ and TE (figures 6.15c) 
and 6.22c)) basically indicate that near the minimum misfit solution, the value of TE is not 
particularly sensitive to the exact value of ZM,  although it is unclear how this changes for 
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solutions further away from the minimum misfit. It would therefore appear to be more accurate 
to solve for zM rather than assuming an ad hoc value. The TE values associated with these 
solutions seem unreasonably small in some instances, but this is likely to be due to the effect 
of the loading ratio f, as discussed in the next section. 
The effect of the loading ratio f 
McKenzie and Fairhead (1997) use a loading ratio of zero when modelling the admittance and 
yet a value of 1 when modelling the coherence. This approach is not only highly inconsistent, 
but Forsyth (1985) has also shown that TE values from the admittance are biased towards small 
values if a loading ratio of 0 is used. McKenzie and Fairhead (1997) do consider admittance 
models with f ratios of 1 and 2 in the case of the Western USA and determine that they give a 
worse fit to the data. They then use this as a reason for using f = 0 when modelling all other 
areas. They suggest that most continental topography comes from faulting and not igneous 
events, such that subsurface loading of the lithosphere is not a factor. However if this were the 
case, the observed coherence should equal 1 at all wavelengths. The fact that this is not so, 
testifies to the presence of internal loads on the lithosphere. The fact that loading ratios of 1 
and 2 do not fit the admittance data from Western USA, should not lead to the assumption that 
subsurface loading is not an important factor in general. This is confirmed by the results in 
table 6.1. 
These results show that allowing f to vary in the admittance modelling causes a general in-
crease in both the TE values and ZM values obtained (as compared with when f = 0). Although 
allowing f to vary does not produce a dramatic improvement in the fit to the data, it has the 
advantage of not being based on a crude approximation. In general these models also give 
reasonable results in terms of the values of zM, f and TE. Again the exceptions to this are 
Central USA, Peninsula India, Western Australia and Eastern Australia. It should be noted that 
the large ZM values in these four areas are also associated with particularly large loading ratios 
(f > 3). Later studies of the Egyptian and Kenyan data show that there is a trade-off between 
f and zp for f values greater than 1, suggesting that these particular solutions for f and zM 
are not very stable and may have large associated errors. The very poor fit of the models to the 
longest wavelength estimates from Peninsula India is probably due to dynamic support of the 
topography by lateral forces related to the active compression between the Asian and Indian 
plates. Lateral forces are not included in this model although they have been considered when 
modelling plate bending at subduction zones. The topography in this region is therefore not in 
equilibrium and cannot be modelled in terms of isostasy due to plate flexure until the dynamic 
contribution can be quantified. 
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McKenzie and Fairhead (1997) do not consider the effect of f on the coherence, which can 
be large for f values much smaller or much larger than 1 (see chapter 5). Remodelling the 
coherence estimates and solving for f yields TE values which are different (some larger, some 
smaller) to those obtained when f is fixed as 1. For all the regions however, f values less than 
1 are obtained, indicating that the very large values determined from the admittance (f > 3) 
may indeed be spurious. 
Modelling the coherence with free f gives very large TE values for Central USA, Peninsula 
India and Western Australia (the same areas which gave very large ZM values from the ad-
mittance). Central USA and Peninsula India are also the two areas which exhibit the lowest 
coherence at long wavelengths, again suggesting that physical process other than those included 
in the model (e.g. mantle convection), may be in operation in these areas. 
The effect of the topographic density Ph 
As shown in the previous chapter, the topographic density Ph  as used in the Bouguer correction, 
has the effect of moving the admittance estimates up or down the y-axis. The model suggests 
that the admittance should tend to zero at short wavelengths while the y-intercept is dependent 
on the specific value used in the model. The value of Ph  can therefore have a large effect on 
the fit between the model and the data. McKenzie and Fairhead (1997) use a standard Bouguer 
correction density of 2670 kg m 3 but this may not be indicative of the true topographic den-
sity. The modelling program has been written so that it can solve for the best-fit value of 
Ph (table 6.1). However McKenzie and Fairhead (1997) only plot admittance estimates up to 
wavenumbers of 0.07 km — 1 (equivalent to a wavelength of 90 km) and experience suggests that 
at this wavelength the admittance has not necessarily entered the range where it tends to zero. 
There is therefore no way of determining if the values of Ph  given by FP (in table 6.1) are 
accurate. 
Discrepancies between the results from the admittance and coherence 
Although the models in which ZM and f are allowed to vary do not improve the fit to the data 
a great deal, they have the advantage of not being biased by assumptions about the Earth for 
which there is little evidence. It seems far better to solve for zp and f, and to see if the results 
are sensible, than to make a priori assumptions, particularly when it is unclear as to how these 
assumptions will affect the final results. They may, for example, give an inaccurate picture of 
errors associated with the estimates of TE. 
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The most important result however, which is overlooked by McKenzie and Fairhead (1997), 
is that their TE results derived from the admittance do not agree with those derived from the 
coherence. Even for those areas where the coherence does not appear to be degraded by short 
wavelength noise in gravity (Western USA, Western Canada, East Africa and Eastern Siberia) 
the TE values do not agree, with those derived from the coherence being approximately twice 
as large as those from the admittance. The admittance and coherence are derived from the same 
model, and the correct model must therefore fit both. Failure to do so indicates that the model 
cannot accurately describe the Earth. 
Although the TE results obtained by allowing TE, f and ZM to vary are in better agreement 
for East Africa, and the results obtained by also allowing Ph  to vary give better agreement for 
Western Canada and Eastern Siberia, in general the agreement between the TE values from the 
admittance and those from the coherence is still poor. However, the results given in tables 6.1 
and 6.2 are only the very best-fitting solutions. Other solutions may exist which, while not 
fitting the admittance and coherence individually as well as those solutions given in the tables, 
may fit both at an acceptable level. It is therefore necessary to look at the range of acceptable 
solutions and to see if by minimising the misfit between the model and the admittance and 
coherence together, it is possible to obtain a model which fits them both. If this is not possible 
then the model fails to fit the observations. 
6.3.2 Analysis of the other datasets: a modified approach 
When modelling the Egyptian, Qattara, Kenyan, Greek and UK datasets, a modified approach 
was therefore taken. The x2  misfit between the data and the model was found (as outlined 
in section 6.1) and interpreted in terms of the 90% confidence limit. It was then possible 
to establish whether or not the model could fit the data at an acceptable level as well as to 
determine the range of solutions (in terms of combinations of parameter values) which could 
achieve this fit. The trade-off between the different parameters was studied by plotting two-
dimensional x2  slices for variations in parameter values. This also allowed confidence limits to 
be placed on the best-fit solutions to the parameters zM, f and TE. By studying the x2  misfit 
in this way is was possible to establish whether the problem was over-fitted or under-fitted. 
Conclusions could be made as to the ability of the model to match the observations and to give 
significant results (in terms of TE estimates) without additional information being required. 
For each dataset, 12 admittance and 12 coherence estimates were modelled in a range which 
included wavenumbers where the admittance and coherence began to tend to zero. ZM, f and 
TE were all allowed to vary, and sufficiently short wavelength estimates were included for Ph 
to also be resolved as a free parameter. Model solutions were found for the admittance and 
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coherence individually as well as for the combination of the two, in order to see if a solution 
existed which fitted both at a reasonable level. 
The model solutions are displayed in the tables 6.3 to 6.12 and graphs 6.12 to 6.28 given on the 
next ten pages. Plots of the x2  misfits between solutions to the Egyptian and Kenyan data are 
also given in figures 6.15 and 6.22. These are then followed by sections in which the various 
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Figure 6.12: Admittance and coherence plots of models of the Egyptian data, calculated with ZM, TE, 
f and ph  as free parameters and no scaling factor. A denotes models of the admittance only, C denotes 
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Figure 6.13: Admittance and coherence plots of models of the Egyptian data, calculated with Zm, TE 
and ph  as free parameters and no scaling factor. ifi denotes f = 0, fl denotes f = I and if denotes f as a 
free parameter. 
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Figure 6.14: Admittance and coherence plots of models of the Egyptian data, calculated with ZM fixed 
as 30 km. TE, f and p, as free parameters and no scaling factor. A denotes models of the admittance 
only, C denotes models of the coherence only and AC denotes combined models. 
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Figure 6.15: x2  plots of the model solutions to the Egyptian data. Plots a) to e) are for models with zM, f, TE and ph as free parameters but no scaling factor, a) A, b) C, c), d) and e) AC. Plots f) to h) are for 
fixed ZM solutions, 1) A and g) and h) AC. 
Chapter 6. Modelling the admittance and coherence: results and discussion 	 160 
ft 	With scaling factor ft Without 	_factor _scaling 
C A A C AC 
2 
-X 8.47 5.68 15.83 8.47 10.39 23.84 
zf 92 - 89 92 - 91 
Tp 31 23 35 31 29 37 
f 10 0.1429 8 10 0.25 8 
Ph 2500 - 2500 2500 - 2500 
sf - 0.8 0.8 - 1(f) 1(f) 
Table 6.3: Results from the Egyptian data. A denotes models of the admittance only; C the coherence 
only and AC combined models of the admittance and coherence. (f) indicates fixed parameters. 
fixed f  fixed ZM  
A X7 C AC A C AC AC 
11.68 11.09 11.46 28.24 15.66 10.39 31.51 31.33 
ZM 54 54 - 52 30(f) - 30(f) 30(f) 
TE 4 9 34 20 9 29 20 19 
f 0(f) 1(f) 1(f) 1(1) 0.1111 0.25 1 0.8 
Ph 2500 2500 - 2500 2500 - 2500 2500 
sf - - 1(f) 1(1) - 1(f) 1(f) 1(1) 
Table 6,4: Results from the Egyptian data. A denotes models of the admittance only; C the coherence 
only and AC combined models of the admittance and coherence. (1) indicates fixed parameters. 
With scaling factor Without scaling factor 
A I 	C FAXC A C [AC 
5' 19.74 6.58 27.81 19.74 11.97 34.69 
zM 100 - 103 100 - 73 
TE 39 25 34 39 45 35 
1 20 19 20 20 0.3333 9 
Ph 2500 - 2500 2500 - 2500 
sf - 0.34 0.34 - 1(f) 1(f) 
Table 6.5: Results from the Qattara data. A denotes models of the admittance only; C the coherence 
only and AC combined models of the admittance and coherence. (f) indicates fixed parameters. 
fixed f  fixed zM  
A A C AC A C AC AC 
x2 21.60 20.62 11.99 35.39 20.26 11.97 35.31 33.84 
x2  (11) - - - - 20.21 7.27 28.08 - 
ZM 18 24 - 24 30(f) - 30(f) 30(f) 
TE 11 17 47 17 23 45 22 20 
f 0(f) 1(f) 1(f) 1(f) 2 0.3333 2 1.6 
Ph 2500 2500 - 2500 2500 - 2500 2500 
sf - - 1(f) 1(f) - 1(f) 1(1) 1(f) 
Table 6.6: Results from the Qattara data. A denotes models of the admittance only; C the coherence 
only and AC combined models of the admittance and coherence. (f) indicates fixed parameters. x2  (11) 
denotes the misfit when the longest wavelength estimate is not included in the model. 
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Figure 6.16: Admittance and coherence plots of models of the Qattara data, calculated with ZM, TE, f 
and ph  as free parameters and no scaling factor. A denotes models of the admittance only, C denotes 
models of the coherence only and AC denotes combined models. 
E 
I 0 'I 
0.0 0.02 0.04 0.06 0.08 0.1 0.12 0.14 0.16 	 0.0 0.02 0.04 0.06 0.08 0.1 0.12 0.14 0.16 
wavenumber (/km) 	 wavenumber (/km)- 
Figure 6.17: Admittance and coherence plots of models of the Qattara data, calculated with zm , TE and 
Ph as free parameters and no scaling factor. fO denotes f =0, il denotes f = 1 and if denotes f as a free 
parameter. 
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Figure 6.18: Admittance and coherence plots of models of the Qattara data, calculated with zM fixed as 
30 km, TE, f and ph  as free parameters and no scaling factor. A denotes models of the admittance only, 
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Figure 6.19: Admittance and coherence plots of models of the Kenyan data, calculated with zM, TE, I 
and Ph  as free parameters and no scaling factor. A denotes models of the admittance only, C denotes 
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Figure 6.20: Admittance and coherence plots of models of the Kenyan data, calculated with Zm, TE and 
Ph as free parameters and no scaling factor. W denotes f = 0, if denotes f = 1 and if denotes f as a free 
parameter. 
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Figure 6.21: Admittance and coherence plots of models of the Kenyan data, calculated with ZM fixed as 
40 km, TE, f and Ph  as free parameters and no scaling factor. A denotes models of the admittance only, 
C denotes models of the coherence only and AC denotes combined models. 
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Figure 6.22: 2  plots of the model solutions to the Kenyan data. Plots a) to e) are for models with zAf, 
f, TE and ph as free parameters but no scaling factor, a) A, b) C, c), d) and e) AC. Plots 1) to h) are for 
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Withscaling factor Without scaling factor 
A I 	C 	AC A C F AC 
7.51 6.74 23.93 7.51 7.74 25.91 
50 - 47 50 - 47 
TE 5 23 24 5 25 25 
f 6 0.1667 2 6 0.1667 2 
Ph 2670 - 2670 2670 - 2670 
s.f - 0.92 0.92 - 1(f) 1(f) 
Table 6.7: Results from the Kenyan data. A denotes models of the admittance only; C the coherence 
only and AC combined models of the admittance and coherence. (1) indicates fixed parameters. 
fixed   fixedzM  _____ 
A I 	A I 	C I 	AC A C I 	AC AC 
8.76 8.61 8.58 26.43 10.13 7.74 26.48 25.55 
Zf.f 45 46 - 38 40(1) - 40(f) 40(f) 
TE 0 2 27 21 2 25 21 23 
1 0(f) 1(f) 1(f) 1(1) 0.1667 0.5 1 1.5 
Ph 2670 2670 - 2670 2670 - 2670 2670 
i2i  
Table 6.8: Results from the Kenyan data. A denotes models of the admittance only; C the coherence 
only and AC combined models of the admittance and coherence. (1) indicates fixed parameters. 
With scaling factor Without scaling factor 
C I 	AC A C I 	AC 
5.26 6.99 21.92 5.26 22.58 48.47 
zM 25 - 28 25 - 48 
TE 3 6 5 3 12 20 
f 20 0.2 4 20 0.2 4 
Ph 2700 - 2700 2700 - 2700 
s.f - 0.36 0.18 - 1(f) 1(f) 
Table 6.9: Results from the UK data. A denotes models of the admittance only; C the coherence only 
and AC combined models of the admittance and coherence. (1) indicates fixed parameters. 
fixed f fixed zM  _____ 
A]A I 	C AC A C]AC AC 
x2 9.85 9.67 23.09 49.08 5.26 22.58 49.58 48.33 
X 2 (11) - - - - 3.47 7.85 32.91 - 
ZM 20 20 - 20 25(1) - 25(1) 25(f) 
TE 0 1 13 13 3 12 13 14 
f 0(1) 1(1) 1(f) 1(f) 20 0.2 1 1.4 
Ph 2700 2700 - 2700 2700 - 2700 2700 
s.f - - 1(1) 1(f) - 1(f) 1(f) 1(f) 
Table 6.10: Results from the UK data. A denotes models of the admittance only; C the coherence only 
and AC combined models of the admittance and coherence. (1) indicates fixed parameters. x2  (11) 
denotes the misfit when the longest wavelength estimate is not included in the model. 
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Figure 6.23: Admittance and coherence plots of models of the UK data, calculated with zM, TE, f and 
Ph as free parameters and no scaling factor. A denotes models of the admittance only, C denotes models 
of the coherence only and AC denotes combined models. 
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Figure 6.24: Admittance and coherence plots of models of the UK data, calculated with zm , TE and Ph 
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Figure 6.25: Admittance and coherence plots of models of the UK data, calculated with zAf fixed as 
25 km, YE' f and Ph  as free parameters and no scaling factor. A denotes models of the admittance only, 
C denotes models of the coherence only and AC denotes combined models. 
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Figure 6.26: Admittance and coherence plots of models of the Greek data, calculated with zM, TE, f 
and Ph  as free parameters and no scaling factor. A denotes models of the admittance only, C denotes 
models of the coherence only and AC denotes combined models. 
0.4  
I 	 I 	I 	 I 	I 	 0.0 	
--- 	
I 
0.0 0.02 0.04 0.06 0.08 0.1 	0.12 0.14 0.0 0.02 0.04 0.06 0.08 0.1 	0.12 0.14 
wavenumber (/km) wavenumber (/km) 
Figure 6.27: Admittance and coherence plots of models of the Greek data, calculated with Zm, TE and 
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Figure 6.28: Admittance and coherence plots of models of the Greek data, calculated with zM fixed as 
25 km, YE, f and Ph  as free parameters and no scaling factor. A denotes models of the admittance only, 
C denotes models of the coherence only and AC denotes combined models. 
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JJ With scaling factor Without scaling factor 
JJ _A C FACE _A C [AC 
17.23 13.74 33.75 17.23 28.55 57.27 
zM 67 - 61 67 - 54 
TE 21 9 20 21 11 19 
f 20 0.0909 13 20 0.0909 8 
Ph 2900 - 2900 2900 - 2900 
iL - 0.74 0.74 - 1(f) 1(f) 
Table 6.11: Results from the Greek data. A denotes models of the admittance only; C the coherence 
only and AC combined models of the admittance and coherence. (f) indicates fixed parameters. 
fixed f 	11 fixed ZM  
j 	A I 	A I C I 	AC 	11 A I 	C AC AC 
x2 33.35 24.50 35.53 62.00 25.37 28.55 62.07 57.95 
x2  (10) - - - - 23.36 9.17 39.73 - 
ZM 29 28 - 26 25(f) - 25(f) 25(f) 
TE 4 9 12 10 9 11 10 11 
f 0(f) 1  I  1(f) 1 0.0909 1 1.2 
Ph 2900 2900 - 2900 2900 - 2900 2900 
sf - - 1(f) 1(f) - 1(f) 1(f) 1(f) 
Table 6.12: Results from the Greek data. A denotes models of the admittance only; C the coherence 
only and AC combined models of the admittance and coherence. (t) indicates fixed parameters. x2  (10) 
denotes the misfit when the two longest wavelength estimates are not included in the model. 
Solutions in which ZM, TE and f are allowed to vary 
Based on the criteria outlined in section 6.1, the x2  misfit between the models and the observed 
estimates were interpreted in terms of 90% and 95% confidence limits. While the 90 % misfit 
range indicates a reasonable level of fit between the estimates and the model, solutions which 
fall outside of this range (for example, closer to the 95 % limits), do not fit at an acceptable 
level. The x 2  misfit for the best-fit models to the admittance estimates for Egypt, Kenya, and 
the UK fell within the 90% bounds, suggesting an acceptable level of fitting. But these solutions 
do not appear to fit the corresponding coherence estimates well, particularly at wavelengths 
greater than 150 km. The minimum x2  misfit to the Greek admittance estimates fell outwith 
the 90% bounds but inside the 95% limit. The admittance data for the Qattara could not be 
fitted, even at the 95% level. Coherence estimates for Egypt, Kenya and Qattara could be fitted 
with 90% confidence while those of Greece and the UK could not, with the misfit always being 
greatest at the longest wavelengths. The best fit coherence solutions do not in general fit the 
admittance well, especially at intermediate wavelengths. 
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Despite the best-fit admittance solutions not fitting coherence and vice versa, it is possible 
to find solutions which do fit both the admittance and coherence within the 90% confidence 
limit. Combined solutions can be found which fit the Egyptian and Kenyan data within the 
90% confidence limit. However combined solutions do not exist which fit the Greek, UK and 
Qattara data with a x2  misfit which lies within the 95% bounds. These results suggest that 
although the best-fit (minimum x2 ) solutions to the admittance and coherence for Egypt and 
Kenya are not in agreement, this is because the combination of parameters leads to a variety 
of solutions which can fit the admittance and coherence individually at the 90% confidence 
level. The admittance and coherence on their own cannot constrain the model to give a unique 
solution which is consistent with both. This becomes evident when the x2  misfit is plotted as a 
function of the various parameters. 
Chi-square plots and the relationship between z, TE and f. 
In order to understand how the parameters ZM, TE and f combine to determine the admittance 
and coherence it is necessary to study the variation in the misfit of the solutions (x2 ) in three 
dimensions by looking at two-dimensional slices through this. 
The plots in figure 6.15 show the variation in the x2  misfit for various models of the Egyp-
tian data. Figure a) shows that there is no obvious relationship between TE and f for the 
admittance-only models. The range of TE values which fall within the 90% x2  limits is 10 
- 47 km and f is constrained to be > 2. The coherence can be seen in figure b) to have a 
quadratic solution in f which results in a mirror plane about f 1. When f > 1, TE increases 
as f increases and when f < 1, TE increases as f decreases. The 90% TE range is> 15 km 
and f is completely unconstrained. 
By minimising the misfit between the admittance and coherence together, the plots given in 
figures c), d) and e) are obtained. For the minimum x2  value of f, the data appear to be more 
sensitive to TE than ZM with the range of ZPf falling within the 90% x2  limits being 70 - 
140 km and that of TE being > 31 km. When TE takes the minimum misfit value, there is a 
slight trend such that as f increases so does ZM. The 90% range of zM is then 50- 135 km and 
that off is 2 - 14. For the minimum x2  value of zM, TE increases as f increases, with the x2 
contours being flattened against f 1. The 90% range of TE in this instance is defined as > 
21 km and f as 1 - 15. Altogether, this gives three-dimensional 90% confidence limits on the 
parameters of zM = 50- 140 km, TE 21 - >50km and  = 1 - 15. 
The plots in figure 6.22 show the variation in the x2  misfit for various models of the Kenyan 
data. For models of the admittance only (figure a)), the data do not appear to be sensitive to f 
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except where f = 1. The 90% TE range is 0 - 24 km and f is completely unconstrained. The 
models of the coherence only (figure b)) again show the coherence to be a quadratic in f with 
a mirror plane in x2  running through f 1. In this case the TE range which falls within the 
90% x2 limits is> 13 km, and f is unconstrained. 
Models which minimise the misfit in the Kenyan admittance and coherence together are shown 
in figures 6.22 c), d) and e). For the minimum misfit value of f, the data appear to be more 
sensitive to TE than zM.  The range of TE which falls within the 90% misfit limits is then 20 - 
44 km and the range of ZM is 30 - 75 km. With the minimum misfit TE value, there is a slight 
increase in f as ZM increases, with the 90% confidence range of ZM being 15 - 75 km and that 
off being 0.33 - 4. For the minimum x2  value of ZM, f increases slightly as TE increases, but 
TE appears relatively independent of f. The 90% confidence range of TE is 15 - 44 km and 
that of f is 0.25 - 4. Altogether this yields three-dimensional 90% confidence ranges on the 
parameters of ZM = 15 - 75 km. TE = 15 - 44 km and f = 0.25 - 4. 
General conclusions from chi-squared 
In general, neither the admittance or the coherence on their own are able to constrain f, and 
the coherence is only capable of placing a lower limit on TE. However, by using both pieces 
of information and modelling the admittance and coherence together, it is possible to isolate 
a narrower range of acceptable TE values as well as placing constraints on f. For combined 
solutions TE appears to be linearly related to f, although the Egyptian data appear to be more 
sensitive to f than the Kenyan data. zM also appears to be linearly related to f, again with the 
Egyptian data being more sensitive to f. TE and ZM appear to be largely independent, with the 
data being more sensitive to TE than zM.  These conclusions are in agreement with those from 
the forward modelling (chapter 5). 
Qattara, the UK and Greece 
The large misfit between the best-fit models and the data from Qattara, the UK and Greece must 
either be explained in terms of poor quality data or it must be concluded that the model is unable 
to describe the isostatic compensation in these areas. In the case of Qattara, it is likely that the 
estimates are the problem, particularly at the long wavelengths, because they were determined 
from a very small dataset (500 by 500 km). At first glance, the poor results from the UK data are 
surprising since this is one of the most accurate datasets due to the stripping of the sedimentary 
basins. However, the UK dataset is also not very large (600 by 600 km) and may also yield 
Chapter 6. Modelling the admittance and coherence: results and discussion 	 170 
poor long wavelength estimates due to a discontinuity in the data along the English Channel 
(see chapter 2). Furthermore, the UK dataset extends into the Irish Sea where crustal thinning 
relating to the Teriary igneous province will cause lithospheric heterogeneity in this data region. 
The Greek dataset may also include lithospheric heterogeneity due to thinning and re-heating 
in the Aegean Sea and by the inclusion of small remnants of oceanic lithosphere in the south 
of the area. As discussed previously (chapter 3), averaging over different geological provinces 
with different lithospheric properties can lead to estimates which cannot be accurately modelled 
with the current model as it stands. The Bouguer gravity anomaly across the Aegean will also 
contain a long wavelength signal from the subducting slab beneath the Eurasian plate (King, 
1998) and this may affect the long wavelength estimates. 
Constraining the depth of compensation z 
For all the best-fit solutions (including those for Qattara, the UK and Greece) the best-fit ZM 
values are unrealistically large. While the Kenyan admittance and coherence estimates can be 
fitted within the 90% range by zm values in the range 15 - 75 km, the Egyptian estimates can 
only be fitted at the 90% confidence limit by zAj values in the range 50 - 140 km. This range of 
values does not agree with other geological information about the thickness of the crust in this 
area. These large ZM values are also associated with particularly large f values ( 4) and this 
relationship was also observed when modelling McKenzie and Fairhead's data. The trade-off 
between ZM and f was also noted in the plots of the x2  misfit, where increases in zM were 
correlated with small increases in the value off. 
Thus, although every effort was made to keep zp as a free variable, this was simply not possible 
due to the trade-off with the loading ratio. Since it is virtually impossible to predict the loading 
ratio from the known geology, it was therefore necessary to constrain the value of zp which is 
known from geophysical data (teleseismic, reflection and refraction seismic studies). This is in 
contrast to the approach of many authors who simply use the average value of the depth to the 
continental Moho and do not consider the effect of the loading ratio, which is instead assumed 
to equal 1 (see chapter 5). 
In order to constrain TE and f better and force zM to take a more geologically reasonable 
value, it was therefore necessary to use seismically determined values of the depth to the Moho 
interface as an input into the model. Based on the geophysical studies of each area, outlined 
in chapter 2, the values of zj were therefore fixed at 30 km for Egypt and Qattara; 40 km 
for East Africa and 25 km for Greece and the UK. It should be noted that both the seismic 
refraction method and the elastic plate model assume constant parameters (e.g. density and 
seismic velocity) within layers and sharp discontinuities between them. 
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The effect of fixing the compensation depth ZM 
From the tables 6.3 to 6.12, it can be seen that fixing ZM at a sei smologically -determined value 
has the effect of causing the best-fit solution to have a corresponding f ratio of approximately 
1 in the cases of Egypt, Kenya, the UK and Greece, and 2 for Qattara. This is as expected since 
it has already been established from contour plots of x2  that lower values of zM are correlated 
with lower values of f. Fixing ZM in this way also has the effect of reducing the corresponding 
best-fit TE values, suggesting that when f 1, there is a stronger relationship between TE 
and ZM than when f takes larger values. TE is much more sensitive to f in the range where 
f 1 than when f << 1 or when f >> 1. Therefore, in instances when f 1, it is necessary 
for the models to search the region 0.1 < f < 2 in reduced increments of 0.1 (as compared 
with 1 used for the previous models). This then allows the variations in f, TE and zM to be 
determined with greater precision in this range (see h) in figures 6.15 and 6.22). 
Again, the best-fit combined solutions only fit the Egyptian and Kenyan estimates within the 
90% misfit limits (figures 6.12 and 6.19). For Egypt the best-fit x2  value for when ZM is fixed 
at 30 km is larger than that when ZM is allowed to vary, and lies outside the 90% confidence 
limits for the free solution. The fixed ZM solution still fits within the 90% confidence limits, 
however, because of the additional degree of freedom due to ZM being determined from sepa-
rate, unrelated information. The increased misfit with ZM = 30 km appears to come from the 
admittance rather than the coherence (the coherence is not dependent on zM)  and in particular 
from the long wavelengths. A possible explanation of this is that the long wavelength informa-
tion in this dataset is less reliable due to the gravity field in the south of the region being based 
on an interpolation of the data to the north. 
Figures 6.15 1), g) and h) show how the x2  misfit varies for fixed ZM solutions to the Egyptian 
data. The admittance-only solution shows TE to be insensitive to f, which is only constrained 
to be < 1 while the 90% TE range is 7 - 15 km. The combined solution with ZM fixed as 30 km 
requires f to lie in the range 0.2 - 1.5 with the corresponding TE range being 15 - 28 kin. 
Fixing ZM to be 40 km for Kenya yields models which fit at 90% confidence and fit with an even 
smaller x2 misfit than the best-fit free Zf solution (figures 6.22 f), g) and h)). The decrease 
in the misfit with the fixed zjtf solution is only because f is allowed to take values in smaller 
increments than had been possible with the free zj solutions. It is not actually necessary to fix 
zM in the case of Kenya because the ZM value given by the free solution is very similar to the 
seismic value of 40 km. The 90% confidence range for TE is 14 - 45 km and for f is 0.14 - 3. 
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Solutions which do not include the Longest wavelength estimates 
Fixing zAf for the solutions to the Qattara, UK and Greek data yields more realistic f ratios 
but cannot fit the estimates at the 90% confidence limit, even with the extra degree of freedom. 
Specifically, these datasets give the largest x2  misfits at the long wavelength end of the spec-
trum, so attempts were therefore made to fit models to all but the longest wavelength estimates. 
The x2  misfit values of these models are shown in the tables as x2  (11) and x2  (10), in which 
the number in brackets indicates the number of points modelled. These values are smaller than 
those for modelling all the estimates. In the case of Qattara, the coherence-only and combined 
solution misfit fall within the 90% confidence range. The admittance-only and coherence-only 
solutions to the UK data fit at the 90% misfit limit, whereas the combined solution lies just 
outside the 95% x2  range. The best-fit solutions to the Greek data do not fit within the 95% 
misfit range, even when the two longest wavelength estimates are not included. The corre-
sponding TE and f values for these solutions are almost identical for those from solutions to 
all the estimates. This implies that while the longest wavelength estimates increase the misfit 
of the solutions, they do not have a strong influence on the best-fit values of TE and f. 
The effect of the loading ratio f 
In the past it has been common practise for f to be fixed as 0 when modelling the admittance 
(e.g. Lewis and Dorman (1970), Banks etal. (1977), McNutt and Parker (1978) and McKenzie 
and Fairhead (1997)) and f is often fixed as 1 when modelling the coherence (e.g. Kogan 
et al. (1994) and McKenzie and Fairhead (1997)). The consequences of these assumptions are 
therefore investigated here. Fixing f to 1 when modelling the coherence only, can be seen 
to have relatively little effect on the corresponding values of TE (less than 5 km difference in 
all cases). This is because even the free solutions fall in the region where the coherence is 
insensitive to f (i.e. near 1). Fixing f to be 1 when modelling just the admittance has a large 
effect because it takes a very large, or even the maximum, value when allowed to vary freely. 
Fixing f at 1 causes significant reductions in the corresponding values of zAf and TE, due to the 
linear relationship between zAl and f described above. Fixing f at 0 for the admittance-only 
solutions yields even smaller TE values, as predicted by Forsyth (1985). 
In the previous section it was shown that fixing zAI at some realistic value, gave combined 
solutions in which the best fit f ratio was close to I for all thc datasets (0.8 - 1.6 1) . Very similar 
results (TE values to within 5 kin) are therefore obtained by fixing f at 1 and letting ZM and TE 
vary. The exception to this is with models of the Egyptian data where fixing f at 1 gives a very 
similar TE value to the fixed zi solution, but a very different value of zM (20 km difference). 
This indicates a large trade-off in zM for very small change in f, but with little corresponding 
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change in TE. The elastic thickness is therefore relatively insensitive to variations in zij in this 
particular f - TE region. 
Summary of results from constrained solutions 
It has been shown that it is not possible to constrain ZM, TE and f from just the admittance 
or just the coherence, making it necessary to find models which fit both. With the exception 
of Kenya, the best-fit combined models tend to give unrealistically large values of ZM and f. 
These large values seem to be determined specifically by the longest wavelength estimates. 
However, by fixing ZM at geologically reasonable values, as determined from seismology, 
solutions can be found which still fit the Egyptian and Kenyan data within the 90% x2  misfit 
limits. This suggests that the free solutions are not able to constrain ZM ,  TE and f to a very 
narrow range and that additional information, in the form of seismological values of zM,  is 
necessary in order to place tighter bounds on TE. The fixed ZM solutions therefore give the 
best estimates for TE possible with this type of analysis although these solutions only fit the 
data from Qattara and the UK at the 90% confidence level if the longest wavelength estimates 
are discounted. The Greek estimates are too scattered to be fitted accurately at all. These best 
estimates of the elastic thickness are 19 krn for Egypt, 20 km for Qattara, 23 km for Kenya, 
11kin for Greece and 14 km for the UK. 
The particular inability of these best-fit models to fit the longest wavelength admittance and 
coherence estimates requires further investigation. The misfit between these estimates and the 
models must arise either due to problems with the data (as discussed previously) or because 
the model is simply incapable of accurately describing the Earth. Possible explanations for the 
model's failure to describe the isostatic compensation of loads on the lithosphere are discussed 
in the following sections, together with possible methods for overcoming these complications. 
6.3.3 Correlation between external and bottom loads 
One of the main assumptions concerning this type of model is that surface and subsurface 
(Moho) loads on the lithosphere are uncorrelated. This has the advantage of simplifying the 
mathematical expressions as well as allowing TE to be uniquely determined (Bechtel et al., 
1987). Macario et al. (1995) have shown (using Monte Carlo simulations) that a degree of cor-
relation which is significantly greater than zero causes an downward bias in the corresponding 
TE estimates. It is therefore necessary to determine the actual degree of correlation in the data 
to see if the assumption of zero correlation is valid. 
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However, determination of the initial surface and subsurface loads from the gravity and topog-
raphy data requires the values of ZM and TE to be known (equations 5.44 and 5.45, chapter 
5), the derivation of which, requires the assumption of zero correlation (a circular argument). 
The most that can be accomplished is to calculate the coherence between the initial external 
and bottom loads based on the best-fit model results (assuming zero coherence) and to see if 
this coherence really is zero (i.e. check for consistency). Plots of the coherence between the 
initial surface and bottom loads, given the fixed zM results from the combined admittance and 
coherence solutions, are given in figures 6.29 a) to e). 
For all the datasets, the coherence between the top and bottom loads is large at the shortest 
wavelengths, decreases down to zero at intermediate wavelengths and then increases again as 
long wavelengths are approached. The reason for the high coherence between top and bottom 
loads at the shortest wavelengths is the downward continuation of noise in the gravity field. 
The initial loads at the surface and on the Moho are given by 
HE=C1H+C2W and HB=C3H+C4W 	 (6.5) 
in which H is the final surface topography, W is the final deflection of the Moho and C1 to 
C4 are constants dependent on parameters such as TE.  (See equations 5.44 and 5.45.) In order 
to derive W it is necessary to downward continue the Bouguer gravity anomaly to the Moho 
such that W cx e k, m. Thus if there is significant noise in the gravity and eM is large, W 
will dominate both the initial loads such that the coherence between them approximates to 1. 
The downward continuation factor (e 'M) will become large when k is large (hence the effect 
at large k) and when ZM is large (hence the effect occurring at smaller k for free ZM solutions 
which involve larger ZM values). 
While for the fixed ZM combined solutions, the coherence between the external and bottom 
loads is approximately zero for wavelengths between 40 km and 150 km, is coherence increases 
rapidly for wavelengths greater than this. The degree of correlation in the Qattara and Greek 
data is particularly high, with near perfect coherence at wavelengths of 300 km, while the UK 
data do not extend to sufficiently long wavelengths to show this effect. The Kenyan data shows 
the lowest degree of coherence at the long wavelengths. The free ZM solutions are similar 
to those for fixed zNf for long wavelengths although they show a slightly lower degree of 
coherence. 
The high degree of coherence between the initial external and bottom loads at long wavelengths 
suggested by these results may explain why the models appear to be particularly unable to fit the 
long wavelength estimates accurately. The areas which show the greatest coherence between 
the external and bottom loads are also those with the greatest misfit between the estimates 
and the models (Qattara and Greece). The TE results for these areas may therefore also be 
downward biased. 
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Figure 6.29: Graphs showing the coherence between loading at the surface and at the Moho for a) Egypt, 
b) Qattara only, c) Kenya, d) southern UK. e) Greece and the Aegean. Solid lines are for the combined 
admittance and coherence solutions in which zM is fixed, while dashed lines are for the combined 
admittance and coherence solutions where all the parameters are free (but no scaling factor). 
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Bechtel et al. (1987) also studied the correlation between initial loads for East Africa and by 
calculating the degree of correlation for a range of solutions, determined that the TE value 
which gave the lowest correlation agreed well with the TE value which gives the best fit to the 
coherence. They obtained a zero correlation at wavelengths greater than 650 km because at 
long wavelengths, Airy compensation occurs such that it is not possible to distinguish between 
the initial loads and the correlation is therefore meaningless. 
6.3.4 Short wavelength noise in the gravity 
McKenzie and Fairhead (1997) have shown how short wavelength variations in the Bouguer 
gravity field can cause a reduction in the coherence between the topography and the Bouguer 
gravity which is not due to flexure of a plate loaded at the surface and at the base of the crust. 
If this reduction occurs at wavelengths greater than those at which the drop-off due to plate 
bending occurs, then models will yield TE values which are not a true indication of the rigidity 
of the lithosphere but are upper bounds on TE instead (chapter 5). When using such models it 
is therefore necessary to check data for the presence of such short wavelength variations in the 
Bouguer gravity. Since 
= l.gFA - 27rgphh 
	
(6.6) 
at long wavelengths the isostatic compensation of topographic loads and loads at the base of 
the crust create a Bouguer gravity anomaly and residuals therefore exist between L9FA  and 
2 cphh. At short wavelengths however, the lithosphere is sufficiently rigid to support sur -
face loads without compensation and short wavelength variations at the base of the crust will 
not be visible in the Bouguer anomaly at the surface of the Earth (due to upwards continua-
tion). The Bouguer gravity anomaly or residual between L9FA  and 27rcphh should therefore 
approximate to zero. 
Plots of the power spectra of L9FA and 27rgph (figures 6.30 a) to e)) show that this is in-
deed the case for the Egyptian, Kenyan and Greek datasets but indicate the presence of short 
wavelength "noise" in the Qattara and UK datasets. In the case of the UK it is likely that the 
short wavelength Bouguer gravity variations are due to the presence of significant bodies of 
low density granite in the top 10 km of the crust. It is possible that the Qattara region also 
contains such near surface igneous intrusions but that these have not been detected beneath the 
desert sands. The short wavelength noise in the Qattara gravity may also relate to the surface 
covering of unconsolidated sediments. It has been determined that due to the low density of 
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Figure 6.30: Graphs comparing the power spectra of the free air gravity anomalies (FA) and the Bouguer 
correction 27rGph11 (BC) for a) Egypt, b) Qattara only, c) Kenya, d) southern UK, e) Greece and the 
Aegean. 
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the admittance data, is 2500 kg m 3 . But below the near surface, the crust will have a den-
sity approximately 200 kg m 3 larger than this value. This near-surface density increase is not 
included in the model. 
This may explain why this model cannot accurately fit the Qattara and UK data: because they 
contain information about shallow density variations which are not included in the model. 
However these variations only appear to be significant at wavelengths less than 60 km whereas 
the coherence due to plate flexure appears to fall-off at longer wavelengths. This suggests that 
the observed fall-off is actually due to plate bending and not due to the presence of "noise". 
6.4 External and near-surface internal loading models 
Rather than simply avoiding using the coherence if short wavelength variations in the gravity 
are found to be significant, it is possible to change the model so that such short wavelength 
power becomes signal rather than noise. Attempts were therefore made to fit the data with 
a model which solves for the depth of the internal load rather than placing it specifically at 
the base of the crust. This is achieved by including an additional density interface (ipj) at a 
depth zj, along which loading can occur (chapter 5, section 5.2.1), similar to the model used 
by Bechtel et al. (1987). 
6.4.1 The main datasets 
The results from fitting the Egyptian, Qattara, Kenyan, UK and Greek data with this internal 
loading model are shown in tables 6.13 to 6.17. 
ft free zj 
free Ap, 
free zj 
zpj > 0 
free zj 1  fixed Lpj free zj fixed Lpj fixed zj fixed Lp1 fixed zj fixed Lpj 
x2 21.45 19.50 23.51 12.92 31.79 12.99 
ZM 30(f) 30(1) 30(f) 200 30(1) 200 
TE 7 0 38 10 18 10 
f 0.25 0.5 8 0.25 0.2 0.25 
z2 10 64 84 8 10(1) 10(1) 
Zpj -1000 +2000 +100(f) +100(f) +100(1) +100(1) 
Ph 2500 2500 2500 2500 2500 2500 
Table 6.13: Results of internal loading models for Egypt. 




API > 0 
free zj 1  fixed Lpj free zj fixed Lpj fixed zi fixed Lpj fixed zj fixed zp1 
30.71 31.29 32.68 30.06 34.81 30.27 
ZAI 30(f) 30(f) 30(f) 200 30(1) 200 
TE 4 7 0 8 14 9 
f 0.1667 0.5 0.5 0.25 0.5 0.25 
Zi 14 50 82 16 10(1) 10(f) 
A PI -1000 +2000 +100(1) +100(f) +100(f) +100(f) 
Ph 2500 2500 2500 2500 2500 2500 












fixed Ap j 
x 2 14.32 23.90 25.53 16.21 26.60 18.40 
ZM 40(1) 40(f) 40(f) 0 40(f) 124 
TE 0 0 13 0 14 8 
f 0.2 0.5 0.1429 0.5 0.2 0.2 
12 70 0 52 10(f) 10(1) 
L.p1 -1000 +2000 +100(f) +100(1) +100(1) +100(f) 
Ph 2670 2670 2670 2670 2670 2670 
Table 6.15: Results of internal loading models for Kenya. 
fl 	free zi 
free Lpj ] 
[ 	free zj 









x2 20.04 42.01 46.07 24.24 49.39 30.09 
ZM 25(f) 25(f) 25(1) 200 25(f) 200 
TE 0 0 34 3 10 4 
f 0.25 0.5 18 0.1250 0.5 0.1667 
4 46 86 0 10(f) 10(f) 
Lpj -1000 +2000 +100(f) +100(1) +100(f) +100(f) 
Ph 2700 2700 2700 2700 2700 2700 




Lpj > 0 
[ 	free z1 
jfixed Lpf 






x2 38.23 51.54 57.30 42.92 61.78 44.41 
ZM 25(f) 25(f) 25(1) 200 25(f) 200 
TE 3 0 18 5 7 5 
f 0.0909 0.25 6 0.1667 0.2 0.1429 
0 36 48 14 10(1) 10(1) 
Lpj -100 +1800 +100(f) +100(1) +100(1) +100(1) 
Ph 2900 2900 2900 2900 2900 2900 
Table 6.17: Results of internal loading models for Greece. 
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Solutions in which L.pj and zj vary freely 
If Apt is allowed to vary between -1000 and +1000 kg m 3 , then for all the datasets the best-fit 
solution appears to involve a negative density contrast. Near surface density variations may 
well include negative density contrasts, for example, low density granites. However, a laterally 
continuous, negative density layer would be gravitationally unstable and would also require an 
even larger density increase at the base of the crust, since the model defines A pm as 
PM = PM - Lpj - Ph 
	 (6.7) 
Values for Apj of -1000 kg m— 3  are therefore simply not sensible and it is therefore necessary 
to constrain Lpj to be greater than zero. Low density bodies must then be represented by 
downward deflections of this positive density contrast. 
If Apt is allowed to vary between +100 and +2000 kg m 3 , the best-fit solutions involve A pj 
values of +2000 for each dataset (except Greece where the value is +1800 kg rn 3 ) and a best 
fit TE value of 0 in each case. Seismic velocity values would suggest that such large positive 
density contrasts at these depths are simply not realistic. The lithosphere is also known to have 
finite strength such that TE cannot equal zero. It should be noted however, that this problem of 
negative density contrasts does not arise if lateral density variations are instead modelled as an 
independent layer of variable density contrast. 
The effect of fixing the internal density contrast zpj 
Since models in which Lpj is allowed to vary freely give unrealistic results, it was necessary 
to fix Apt at  value of +100 kg m 3 . It was found that the x2  misfit values of the best-fit fixed 
Apt solutions were very similar to those for when Apt takes a value of +2000 kg m 3 . This 
indicates that the data/model is relatively insensitive to the actual value of Lpj as long as it is 
positive. The best fit zj values for these fixed A p, solutions are generally very large (> 48 km) 
except for Kenya where zj = 0. This suggests that the main internal loads on the lithosphere 
are actually deep down (possibly at the Moho) and that in order to get the best fit to the data, 
the model is trying to simulate these deep level loads. This does not mean that the data contain 
no near surface density variations, simply that they are of smaller magnitude and less important 
in terms of the model fit than the deeper loads. 
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The effect of also fixing the depth of the density contrast zj 
Although deeper internal loads appear to have a greater effect on the solutions than near-surface 
loads, in order to specifically model the effect of near-surface variations, zI was fixed at a value 
of 10 km. The best-fit solutions for all the areas then gave x2  misfits almost identical to those 
for the fixed zpj external and bottom loading solutions (section 6.2.2). Short wavelength vari-
ations in the gravity can cause the external and bottom loading models to yield TE estimates 
which are upper bounds rather than the true values. Simulating these short wavelength varia-
tions with the inclusion of a shallow density contrast should therefore yield reduced TE values. 
A comparison of these internal and external TE results with those from the external and bottom 
loading solutions (column 5 in tables 6.13 and 6.17) shows that this is indeed the case. 
If zAj is allowed to vary freely in these solutions, it assumes the maximum value (200 km) 
in the permissible range. Since this value is far greater than alternative geophysical evidence 
would indicate reasonable, ZM was instead fixed at a seismologically determined value for each 
area. 
Figures 6.31 to 6.35 show the relative fit of the best-fit, combined admittance and coherence, 
external and shallow internal loading solutions and external and bottom loading solutions. The 
solutions displayed are those for when ZM is constrained to a seismically determined value 
and in the case of the shallow internal loading solutions, zj is fixed as 10 km and zpj is fixed 
as +100 kg m 3 . The significance of these different model solutions is then discussed in the 
following section. 
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Figure 6.31: Plots comparing the fit of the combined external and bottom loading models and the com-
bined external and shallow internal loading models to the Egyptian data. 
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Figure 6.32: Plots comparing the fit of the combined external and bottom loading models and the com-
bined external and shallow internal loading models to the Qattara data. 
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Figure 6.33: Plots comparing the fit of the combined external and bottom loading models and the com-
bined external and shallow internal loading models to the Kenyan data. 
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Figure 6.34: Plots comparing the fit of the combined external and bottom loading models and the com-
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Figure 6.35: Plots comparing the fit of the combined external and bottom loading models and the com-
bined external and shallow internal loading models to the Greek data. 
The significance of this result 
The fact these external and internal loading models are unable to give sensible results unless 
Lpj, zj, ZM are set at realistic values, suggests that the model contains more parameters, which 
trade-off against each other, than the data is able to resolve. 
The models in which ipj is fixed at +100 kg m 3 , zj is fixed at 10 km and zM is fixed at a 
seismologically determined value, have the same number of degrees of freedom as the fixed 
zM external and bottom loading model results. They also involve very similar x2  misfit values. 
These external and shallow internal loading models therefore fit the Egyptian and Kenyan data 
within the 90% misfit limits but do not fit the data for Qattara, the UK or Greece at this level. 
These solutions show that short wavelength variations in the gravity can be included in the 
model by introducing a near-surface density contrast, and that this in turn gives lower best-fit 
TE values. (For example 18 km versus 19 km for Egypt; 14 km versus 20 km for Qattara; 14 km 
versus 23 km for Kenya; 10 km versus 14 km for the UK and 7 km versus 11 km for Greece.) 
The fact that these results are not associated with a significant improvement in the fit to the data 
and that the free zi solutions place the load deep within the lithosphere, suggest that in actual 
fact the lithosphere is loaded both deep down (possibly at the Moho) and near the surface. 
Ideally a three layer model with loading at z1 and at ZM is therefore required. 
Bechtel et al. (1987) used a three layer density model, with internal loads both at the base of 
the crust and in the near surface, to fit coherence estimates from East Africa. They identified 
two linear segments in the log gravity power spectrum which they interpret as indicating load 
sources at different depths (dependent upon the upward continuation factor e_'M). Loads 
associated with wavelengths greater than 250 km appeared to be derived from a depth of ap-
proximately 32 km (the base of the crust) while shorter wavelength loads are derived from 1 km 
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below the surface which is consistent with the known thickness of the volcanic and sedimen-
tary cover. Bechtel et al. (1987) also found that including short wavelength density variations 
in the form of a density contrast near the surface yielded a TE value of 25 km which was less 
than the best-fit value from a model involving only external and bottom loading (30 km). 
6.4.2 McKenzie and Fairhead's estimates 
Since Egyptian, Qattara, Kenyan, UK and Greek datasets have been shown to contain relatively 
little short wavelength noise in the gravity (section 6.3.4), they are possibly not ideal for inves-
tigating this effect. The external and shallow internal loading model was therefore applied to 
some of McKenzie and Fairhead's data in order to investigate whether it gave a better fit to the 
data and smaller corresponding TE values. 
Since it was not possible to accurately determine the errors on McKenzie and Fairhead's es-
timates, in order to obtain solutions which fit the admittance and coherence together, it was 
necessary to introduce empirical weights for the x2  misfit of the admittance relative to that of 
the coherence. The coherence estimates are of the order of 10 times as large as those of the 
admittance. Because the misfit could not be scaled by the errors in the estimates (as in the 
analysis of the other datasets) it was therefore necessary to give 10 times as much weight to the 
admittance estimates, so that the model did not just try to fit the coherence. This is not an ideal 
approach but was the best possible given the lack of accurate error estimates. 
Combined solutions for six of McKenzie and Fairhead's datasets were therefore determined 
for both external and bottom loading models and for external and shallow internal loading 
models, so as to be able to compare them. In some instances it was necessary to fix zM at a 
seismologically determined value, else it was unreasonably small (in the case of external and 
bottom loading) or too large (in the case of external and internal loading). Again, based on 
the geophysical information for each of these areas, outlined in chapter 2, the thickness of 
the crust in Western Canada, Central and Eastern USA was fixed as 35 km, 45 km and 40 km 
respectively while in the Siberian Shield and Eastern Siberia, it was fixed at 40 kin and 35 km 
respectively. It should be noted that the x2  values for these solutions are not meaningful except 
in comparison with each other and cannot be converted into a percentage confidence limit. 
The results (tables 6.18 and 6.19) are essentially the same as those from the other datasets in 
that solutions from models which include a density interface 10 km below the surface, generally 
bring about an improved fit to the data and also reduce the best-fit value of TE. These results 
are also shown in the form of admittance and coherence plots in figures 6.36 to 6.42. The fixed 
ZM solutions are given for those areas where they are given in tables 6.18 and 6.19. 
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x2 ZM I TE I Ph 
Western USA 0.0511 26 17 1 2670 
Central USA 1.4514 115 88 4 2670 
Central USA 1.5305 45(f) 54 1 2670 
Eastern USA 1.0231 31 34 2 2670 
Western Canada 1 0.3846 11 12 0.3333 2670 
Western Canada 0.5343 35(f) 18 2 2670 
East Africa 0.2169 27 13 2 2670 
Eastern Siberia 0.1029 36 34 1 2670 
Siberian Shield 0.3392 45 46 2 2670 
Table 6.18: External and bottom loading results for combined admittance and coherence for McKenzie 
and Fairhead's data. 
x2 zAf iT j  Pi I 	Ph 
Western USA 0.0451 34 12 0.3333 10(f) +100(f) 2670 
Central USA 1.4623 100 30 0.2500 10(f) +100(f) 2670 
Central USA 1.6010 45(1) 40 0.3333 10(f) +100(f) 2670 
Eastern USA 0.9316 100 18 0.5000 10(f) +100(f) 2670 
Eastern USA 1.0858 40(1) 28 1 10(f) +100(f) 2670 
Western Canada 0.2204 78 8 0.3333 10(f) +100(1) 2670 
Western Canada 0.2970 35(f) 10 0.3333 10(f) +100(f) 2670 
East Africa 0.2979 54 6 0.3333 10 +100(f) 2670 
Eastern Siberia 0.0789 100 20 0.3333 10(f) +100(1) 2670 
Eastern Siberia 0.1238 35(f) 26 0.3333 10(f) +100(f) 2670 
Siberian Shield 0.3103 100 22 0.3333 10(f) +100(f) 2670 
Siberian Shield 0.3824 45(1) 28 0.5 10(f) +100(f) 2670 
Table 6.19: External and internal loading results for combined admittance and coherence for McKenzie 
and Fairhead's data. 
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Figure 6.36: Plots comparing the fit of the combined external and bottom loading models and the com-
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Figure 6.37: Plots comparing the fit of the combined external and bottom loading models and the com-
bined external and shallow internal loading models to McKenzie and Fairhead's Central USA data. 
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Figure 6.38: Plots comparing the fit of the combined external and bottom loading models and the com-
bined external and shallow internal loading models to McKenzie and Fairhead's Eastern USA data. 
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Figure 6.39: Plots comparing the fit of the combined external and bottom loading models and the com-
bined external and shallow internal loading models to McKenzie and Fairhead's Western Canada data. 
0.0 	 - - 	 1.0- + 
shallow 














-.012- 	 I 	 °° - r 
0.0 0.01 0.02 0.03 0.04 0.05 0.06 0.07 	 0.0 0.01 0.02 0.03 0.04 0.05 0.06 0.07 
wavenumber (/km) 	 wavenumber (/km) 
Figure 6.40: Plots comparing the fit of the combined external and bottom loading models and the com-
bined external and shallow internal loading models to the East African data. 
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Figure 6.41: Plots comparing the fit of the combined external and bottom loading models and the com-
bined external and shallow internal loading models to McKenzie and Fairheads Eastern Siberia data. 




0.0 0.01 0.02 0.03 0.04 0.05 0.06 0.07 
	
0.0 0.01 0.02 0.03 0.04 0.05 0.06 0.07 
wavenumber (/km) 	 wavenumber (/km) 
Figure 6.42: Plots comparing the fit of the combined external and bottom loading models and the com-
bined external and shallow internal loading models to McKenzie and Fairhead's Siberian Shield data. 
6.5 Analysis of intermediate and short wavelength information 
Methods for determining TE estimates from the wavelength at which the admittance and co-
herence fall to half their longest wavelength value or from the short wavelength end of the 
spectrum have been described in chapter 5. Here they are applied to the datasets and their 
degree of success/usefulness is discussed. 
6.5.1 Half wavenumber solutions 
The wavenumber ranges in which the admittance and coherence fall to one half of their longest 
wavelength values are first determined from plots of the admittance and coherence estimates 
against wavenumber. These ranges are then plotted as logki and logk2 contours on a logD ver-
sus logf grid, as in figures 5.3 and 5.4. The D - f region where the range from the admittance 
and that from the coherence overlap then defines the limits on possible TE and f solutions for 
that dataset. In all cases the value of ZM is approximated as 30 km and solutions are found for 
zj values of 30 km (bottom loading) and 0 km (shallow, near surface loading). 
The results from this method (table 6.20) are in good agreement with those from modelling 
the whole wavelength range. If zj = 30, the TE values agree with those from the external 
and bottom loading models in tables 6.3 to 6.12. If zj = 0, then the TE results are essentially 
the same as those for external and internal loading in tables 6.13 to 6.16 although the depth 
of the load for these models was actually rather deeper (10 km). The exception to this rule 
are the results from Egypt where the half wavenumber analysis gives significantly larger TE 
values than modelling the whole wavenumber range. This can be explained by examining the 
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[Region zf TE f zi '.pz] Ph 
Egypt 30 32-41 0.4-1.3 30 200 2500 
Egypt 30 27-37 0.1-0.5 0 200 2500 
Qattara 30 18-24 0.7-1.6 30 200 2500 
Qattara 30 13-15 0.2-0.4 0 200 2500 
Kenya 30 22-28 0.2-0.6 30 200 2700 
Kenya 30 19-25 0.2-0.5 0 200 2700 
UK 30 12-28 1-4 30 200 2700 
UK 30 9-28 0.1-4.5 0 200 2700 
Greece 30 12-18 0.8-1.8 30 200 2900 
Greece 30 8-12 0.1-0.3 	1 0 200 2900 
Table 6.20: Results from studying the wavenumbers at which the admittance and coherence fall to one 
half their longest wavelength values for external and internal loading models. 
plots in figure 6.14 which show that the best-fit solution for the whole wavenumber range lies 
at significantly higher wavenumbers than the admittance and coherence estimates themselves. 
This is not the case for the other datasets where the best-fit solutions fit the half wavenumber 
admittance and coherence estimates very much better. The whole wavelength range solutions 
for Egypt must therefore be controlled by the fit at shorter wavelengths. 
The fact that it appears to be possible to get reliable results from this method is interesting since 
it avoids the lengthy and computationally costly fitting required for the whole wavelength range 
solutions and allows quick and easy analysis once the contour grids are determined. It is also 
not reliant on the longest wavelength estimates which, as discussed previously, are the least 
reliable due to spectral leakage. 
6.5.2 Asymptotic solutions for short wavelengths 
This method is based on the asymptotic expansions of the admittance and coherence for large 
wavenumbers. At short wavelengths, the admittance varies according to the expression in equa-
tion 5.57. The first stage is to therefore plot In Q + 41n k against k and to therefore determine 
the wavenumber range (kmjn - k max ) of the straight line region where this expansion is valid. 
The admittance "factor" Q1, given by equation 5.58, is then calculated for this range. The 
coherence varies according to the expression in equation 5.60 so that by plotting j In -y 2 + in k 
against k it is possible to determine the wavenumber range (kmj7 - k max ) where the expansion 
is valid and this is a straight line with zero gradient. The coherence "factor"given by Fj in 
equation 5.61 is then calculated for this range. 
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The values for Qj and rf for the various regions are given in tables 6.21 and 6.22, together 
with the values of zj determined from the admittance. By superimposing contour plots of Qf 
and F1 for ranges of D and f, it is then possible to determine values of TE and f which fit both 
the admittance and coherence in the km jn - kmax wavenumber ranges. f can be determined 




but TE is dependent on the exact value of Lpj if f < 1. However Kenya is the only region 
where f is determined to be < 1 and even for this f value, the corresponding TE value does 
not appear to be very sensitive to changes in Lpj. 
The main difficulty with this analysis is finding sections of relevant graphs which have the 
properties which indicate that they fall within the region for which the expansion is valid. It 
is often the case that it is not possible to find a truly straight line part of the graph over a 
sufficiently long wavelength range and this is reflected in the large errors in Q1, zj and Ff. 
The f values obtained (with the exception of that for Kenya) are unfeasibly large, indicating 
that the analysis has not been entirely successful. Interestingly however, the zj values do seem 
geologically reasonable as do some of the TE values. The TE values for Qattara and the UK 
are very similar to those from the models of the whole wavenumber range, but those for Egypt 
and Greece are unreasonably large and that for Kenya is very small. 
Region km jn 	
] _km ax  I 	Qj I 	errQ zj 	] _err 
Egypt 0.2754 0.3882 -33.14 1.086 -14.48 3.042 
Qattara 0.3305 0.4442 -31.91 2.232 -14.30 5.46476 
Kenya 0.08542 0.1307 -38.67 0.6225 -12.00 5.226 
UK 0.1918 0.3024 -36.27 2.473 -4.887 9.943 
Greece 0.1906 0.2300 -33.41 2.033 -19.19 9.56581 
Table 6.21: Table showing the results of the asymptotic, short wavelength solutions to the admittance. 
errQ and err are the errors in Q1 and z j respectively. 
Region kmin I 	kmax F1 err1-' 
Egypt 0.02796 0.07316 -10.2880 0.04479 
Qattara 0.1054 0.1682 -9.2910 0.1181 
Kenya 0.08542 0.1421 -9.5865 0.03513 
UK 0.08019 0.1685 -9.5922 0.08941 
Greece 0.04674 0.1122 -9.8471 0.09215 
Table 6.22: Table showing the results of the asymptotic, short wavelength solutions to the coherence. 
errr is the error in I. 







Qattara 192 20 
Kenya 0.72 5 
UK 8.18 10 
Greece 396 50 
Table 6.23: Surface to internal loading ratios f and elastic thickness values TE determined from the 
asymptotic, short wavelength solutions to the admittance and coherence using Lpj = 100 kg m 3 . 
These results suggest that there is simply too much noise in the data for this type of analysis 
to work effectively. The information at the short wavelengths consists of extremely small 
topographic and gravity variations which probably have a low signal to noise ratio. In this 
instance, "noise" refers to measurement errors or errors in the Bouguer gravity correction which 
are likely to be significant at this level. The inability to accurately isolate the weak signal may 
also lead to using the wrong part of the wavenumber range for the analysis. 
6.6 Summary of elastic thickness estimates from different models 
This chapter has presented a variety of models and methods for determining estimates of the 
elastic thickness of the continental lithosphere from admittance and coherence data. The dif -
ferent estimates obtained for each geographic area are summarised in tables 6.24 and 6.25. 
Region External & bottom _loading External & shallow internal loading 
best-fit I 90% range I 	k 1 12 best-fit j kp asymptotic 
Egypt 19 15-28 32-41 18 27-37 190 
Qattara 20 - 18 - 24 14 13 - 15 20 
Kenya 23 14-45 22-28 14 19-25 5 
UK 14 - 12-28 10 9-28 10 
Greece 11 - 12 - 18 7 8 - 12 50 
Table 6.24: TE results (in km) from the Egyptian, Qattara, Kenyan, UK and Greek datasets. The 'best-
fit' results are those for combined models of the admittance and coherence; k 1 1 2 denotes solutions from 
the half-wavenumber solutions and 'asymptotic' denotes asymptotic short wavelength solutions. 




External & shallow 
internal loading 
Q only only] Q & 
,2 
Q & -y 2 
Western USA 23 13 17 12 
Central USA 86 22 54 40 
Eastern USA 24 20 34 28 
Western Canada 15 6 18 10 
East Africa 11 13 13 6 
Eastern Siberia 39 17 34 26 
Siberian Shield 47 29 46 28 
Peninsula India 108 50 - - 
Western Australia 80 14 - - 
Eastern Australia - 25 - - 
Table 6.25: TE results (in km) from McKenzie and Fairheads's (1997) datasets. The Q only solu-
tions were derived without constraints on zM, whereas the combined Q & 'y 2 solutions involve seismic 
constraints on zM in some instances (section 6.4.2). 
These estimates are compared with other estimates of lithospheric elastic thickness as well 
as seismogenic thickness below and are used in chapter 7 to make interpretations about the 
rheology of the continental lithosphere. 
6.6.1 Comparison with results from other coherence analyses 
Region Results from this thesis Results from other -y 2 analyses 
E & B (km) E & SI (km) Range Reference 
Central USA 54 40 16 - 64 Bechtel et al. (1990) 
Siberian Shield 46 28 70 - 90 Kogan et al. (1994) 
Egypt 19 18 - - 
Kenya 23 14 27 - 31 Ebinger et al. (1989) 
East Africa 13 6 
Eastern USA 34 28 32 - 64 Bechtel etal. (1990) 
Eastern Siberia 34 26 40 - 60 McNutt etal. (1988) 
UK 14 10 - - 
Western Canada 18 10 26 - 32 Pilkington (1991) 
17 12 4-16 Bechtel et at. (1990) Western 
U9ii] 
 
Greece &  11 7 10-15 King (1998) 
Table 6.26: Table comparing the elastic thickness results from this thesis with those from other analyses 
in the literature. 
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The values for the elastic thickness (derived from the coherence) taken from the literature 
(table 6.26) can be seen to broadly correlate with those from this study, although those from the 
literature are often larger. Some of these differences may be attributed to the difference in data 
areas and data sets but other discrepancies may be due to the slightly different approaches taken 
when calculating and modelling the coherence. In particular, this study and that of McKenzie 
and Fairhead (1997) used large ( 800 by 800 km) datasets for determining each elastic thickness 
estimate whereas other authors have been known to extract estimates from areas as small as 400 
by 400 km. Macario et al. (1995) have shown that data areas which are too small can lead to 
an upward bias in the estimates of elastic thickness obtained. 
6.6.2 Comparison with results from forward models 
Region Results from this thesis Results from forward models 
E & B (km) E & SI (km) Range I 	Reference 
Central USA 54 40 16 McKenzie and Fairhead (1997) 
Siberian Shield 46 28 45 - 55 Petit et al. (1997) 
Egypt 19 18 - - 
Kenya 23 14 3.5 
6 
Hendrie et al. (1994) 
East Africa 13 
Eastern USA 34 28 40 - 70 Stewart and Watts (1997) 
Eastern Siberia 34 26 19 McKenzie and Fairhead (1997) 
UK 14 10 - - 
Western Canada 18 10 28 Wu (1991) 
Western USA 17 12 2 - 4 Stein et al. (1988) 
Crittenden (1963) 
Greece & Aegean 11 7 6 King (1998) 
Table 6.27: Table comparing the elastic thickness results from this thesis with those from forward 
modelling in the literature. 
Elastic thickness estimates from forward models are shown in table 6.27. Those for Cen-
tral USA, the Siberian Shield, Eastern USA and Eastern Siberia are derived from the forward 
modelling of gravity anomaly profiles across particular structures while those for East Africa, 
Western Canada, Western USA (Stein etal. (1988)) and Greece are derived from basin geome-
tries and displacements across faults. Crittenden's estimate for Western USA is from modelling 
beach levels of the Pleistocene Lake Bonneville. 
While there is some agreement between these estimates from forward models and those of 
this thesis, there are large discrepancies between others. For example, Stein et al's value for 
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Western USA; Hendrie et al's estimate for East Africa and King's estimate for the Aegean, are 
considerably less than those derived from the admittance and coherence estimates here. This 
is because the estimate of Stein et al. (1988) is based upon individual faults in the extended 
Basin and Range part of the Western USA data area; King's (1998) estimate is from the Gulf of 
Corinth and the estimate of Hendrie et al. (1994) is from the northern part of the Gregory rift 
in East Africa. These analyses are therefore only sampling very restricted parts of these data 
areas, which have been strongly affected by extension and thermal anomalies. By contrast the 
elastic thickness estimates from the admittance and coherence studies are the averages of much 
wider areas which include lithosphere of greater rigidity. Hendrie et al. (1994) also assume a 
weak lower crust, an assumption that leads to particularly low estimates of the elastic thickness 
(e.g. Petit et al. (1997)). 
6.6.3 Comparison with the seismogenic thickness of the lithosphere 
Region Results from this thesis Seismogenic thickness 
E & B (km) E & SI (km) (km) 
Central USA 54 40 20 
Siberian Shield 46 28 30 
Egypt 19 18 - 
Kenya 23 14 30 
East Africa 13 6 
Eastern USA 34 28 20 
Eastern Siberia 34 26 - 
UK 14 10 20 
Western Canada 18 10 20 
Western USA 17 12 15 
Greece & Aegean 11 7 15 
Table 6.28: Table comparing the elastic thickness results from this thesis with estimates of the seismo-
genic thickness in the literature (see chapter 2). 
Elastic thickness estimates from this thesis are shown, together with estimates of the seismo-
genic thickness in the various areas (taken from the literature), in table 6.28. It can be seen that 
although there is a general correlation between the elastic thickness and seismogenic thick-
ness, it is by no means clear that the effective elastic thickness of the lithosphere is equivalent 
to the seismogenic thickness. McKenzie and Fairhead (1997) maintain that the elastic and 
seismogenic thickness should be similar. However this would suggest that the lithospheric 
mantle does not contribute to the rigidity of the plate, and that all the strength comes from the 
upper crust which is strong enough to store stresses and then release them by brittle failure 
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during earthquakes. This is in contrast to the results of rock mechanics models (see chapter 
1) which indicate that there is a high yield stress in the upper mantle. How this contributes to 
the compensation of loads on the Earth's surface, however, is entirely dependent upon the de-
gree of coupling between the upper crust and lithospheric mantle (Lavier and Steckler, 1997). 
The timescales of deformation for seismicity events and loading on the lithosphere are also 
extremely different (see chapter 1). It is therefore not possible to make a straightforward com-
parison between the elastic and seismogenic thickness of the continental lithosphere. 
Chapter 7 
Conclusions and suggestions for 
further work 
7.1 Introduction 
The conclusions of this project can be divided into those conclusions which can be made about 
the methods for deriving elastic thickness estimates from the admittance and coherence (the 
main subject of this thesis), and those which can subsequently be made about the rheological 
nature of the continents. 
7.2 Derivation of elastic thickness estimates from the admittance 
and coherence 
7.2.1 Estimating the admittance and coherence 
Spectral windows 
Although a rectangular Harming window, with a taper of 10 %, gave the best Fourier domain 
admittance and coherence estimates possible for this project, McKenzie and Fairhead (1997) 
have shown that a multi-taper, involving three window functions in each direction, appears to 
give smoother estimates which are more reliable at the long wavelengths (due to a reduction 
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in spectral leakage) and which have smaller associated errors. However preliminary investi-
gations suggest that the multi-taper method gives estimates at intermediate wavelengths which 
are rather more different to those from the Hanning taper or mirroring, than might be ex-
pected. Also, in some instances the overall shape of McKenzie and Fairhead's estimates from 
the multi-taper is rather "step-like", indicating that perhaps the number of taper windows used 
was insufficient (R. Banks pers. comm.). Their estimates also have surprisingly small asso-
ciated errors. Further investigation of the effects of the two-dimensional multi-taper was not 
possible as the necessary subroutine was not available. However further testing does seem to 
be required. 
Admittance and coherence estimators 
A comparison of various expressions for calculating the observed admittance would suggest 
that the commonly used expression (equation 3.8 (Q = is the most suitable although 
it does bias towards areas of high topographic relief. The mean estimate and uncertainty in the 
coherence were obtained, taking the skewed normal distribution in consideration, by using the 
approximation of (  being normally distributed. 
Robust statistics 
Attempts were made to improve the quality of the admittance estimates by averaging only over 
those values within each wavenumber anulus which fall within the two central quartiles (so as 
to avoid the effect of non-Gaussian outliers). This was unsuccessful however and it must be 
concluded that at the longer wavelengths there simply are not enough data points within each 
wavenumber annulus to be able to justify discarding half of them. In fact, the outlier values 
appear to average out to give better estimates than if they are excluded. 
7.2.2 External and bottom loading models 
The loading ratio f 
Forward models of the admittance and coherence for a plate loaded externally and at the base 
of the crust (Forsyth, 1985), show that both the admittance and coherence are sensitive to 
the loading ratio f as well as the elastic thickness TE. The admittance is also dependent on 
the depth of compensation zv, and the Bouguer correction density Ph.  Modelling the data 
and plotting the chi-square misfits between these models and the admittance and coherence 
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estimates showed that these parameters are not independent of one another and that the elastic 
thickness can be traded-off against the loading ratio and the compensation depth. Neither the 
admittance nor the coherence are individually able to uniquely constrain the elastic thickness 
and loading ratio. 
Combined solutions to the admittance and coherence 
It was also found that the best fitting models of the admittance do not fit the coherence and 
vice versa, despite the fact that the estimates are based on the same physical model and should 
therefore give the same result. However, by modelling the admittance and coherence together 
(i.e. minimise the combined misfit between the estimates and the model), it is possible to find 
solutions for the Kenyan and Egyptian data which are consistent with both the admittance and 
coherence and which better constrain the elastic thickness and other parameters. 
Compensation depth and the fit at long wavelengths 
However these best-fit models involve unrealistically large compensation depths. Since the 
compensation depth and loading ratio are positively correlated, these solutions also involve 
particularly large ratios of bottom to surface loading. Forward modelling shows the compen-
sation depth to be particularly dependent on the longest wavelength admittance, indicating that 
the over-estimates derived from these best-fit models are in some way caused by the longest 
wavelength admittance and coherence estimates. The misfit between the models and the data 
is also greatest at the long wavelengths. 
Other processes supporting loads on the lithosphere 
The poor fit of the models to the data at the longest wavelengths cannot be attributed solely 
to spectral leakage, since this effect was also noted in the combined models of McKenzie 
and Fairhead's data which were calculated using a multi-taper. An alternative explanation 
for this effect is that there are long wavelength processes in operation in these regions which 
support loads on the lithosphere but are not related to plate flexure (e.g. mantle convection). 
McKenzie and Fairhead (1997) attempt to approximate these processes by scaling the modelled 
coherence, but this is simply an empirical approximation based on the observed coherence and 
is not derived from any real physical model. 
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Constraining the compensation depth 
Instead, the models can be constrained at the long wavelengths by approximating the compen-
sation depth with the depth to the Moho, as determined by seismic refraction experiments or 
earthquake seismology. This then gives best-fit models which fit the Egyptian, Kenyan and 
Qattara data at an acceptable level and which further constrain the possible limits on the elastic 
thickness and loading ratio. However the UK and Greek data cannot be fitted at an acceptable 
level by this model. 
Importance of subsurface loading 
Fixing the depth of the compensation depth to the seismically determined depth to the Moho, 
also has the effect of reducing the best-fit loading ratio to values much closer to 1 (it ranges 
from 0.8 in Egypt to 1.6 in Qattara). This would suggest that geological loading ratios really are 
of the order of 1 and that subsurface loading is an important effect. This contradicts McKenzie 
and Fairhead (1997) who maintain that surface topography is mostly generated by faulting and 
that igneous subsurface loads on the lithosphere are negligible. It was postulated that the non-
tectonic mode of formation of the Qattara Depression should mean that it is not associated 
with any subsurface loads on the lithosphere. However, a loading ratio of 1.6, determined from 
combined external and bottom loading models of the admittance and coherence, would suggest 
that this is not the case. 
Correlation between top and bottom loads 
The flexural plate model of the admittance and coherence assumes that the there is zero corre-
lation between surface and subsurface (bottom) loads. (The elastic thickness of the lithosphere 
cannot be determined uniquely otherwise.) However, the coherence between the initial surface 
and subsurface loads (based on the best-fit models) would suggest that this is not the case. 
At wavelengths greater than 200 km there is significant correlation between the external and 
bottom loads, and this may provide an explanation of why the models do not fit the UK and 
Greek datasets at an acceptable level (particularly at the long wavelengths). It is possible that 
this correlation between loads is also associated with an downward bias in the elastic thickness 
estimates from coherence methods (Macario et at.. 1995). 
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7.2.3 External and internal loading models 
Short wavelength noise in the gravity 
McKenzie and Fairhead (1997) correctly point out that noise in the Bouguer gravity spectrum, 
due to the presence of short-wavelength near-surface density variations which are not included 
in the model, can cause the coherence to give elastic thickness estimates which are upper 
bounds rather than true values. Tests on the gravity data would suggest that the Egyptian, 
Kenya and Greek datasets are not affected by such short wavelength variations although the 
Qattara and UK gravity data may be affected to a small degree. This may explain why the 
external and bottom loading models cannot fit the UK data at an acceptable level. 
Inclusion of shallow density variations in the model 
A more refined flexural plate model was developed which includes the possibility of short-
wavelength near-surface density variations by allowing internal loading to occur along a shal-
low, near surface density interface rather than at the base of the crust. This should therefore 
improve the fit of the model to the data as well as yield more accurate values of the elastic 
thickness. 
When applied to the data, it was found that this model involving external and shallow internal 
loading of the lithosphere does fit the data marginally better than Forsyth's (1985) model which 
places internal loads at the base of the crust. The model also yields reduced values for the 
elastic thickness, as predicted by McKenzie and Fairhead (1997) as well as reduced values for 
the ratio internal to external loading. 
However, the results would suggest that internal loading may be a feature at all levels in the 
crust and that in fact, a model which allows loading both at the Moho and on a near surface 
density interface is required to adequately model all the loads on the lithosphere (Bechtel etal., 
1987). 
This refined model which includes near surface density variations, still yields a non-zero ratio 
of internal to external loading for the Qattara region. This does not necessarily discredit the 
hypothesis of an erosional origin for the Qattara Depression but does suggest the existence of 
undocumented subsurface igneous intrusions, possibly associated with the Jurassic/Cretaceous 
extension in this area. The shallow internal loading model suggests, however, that these loads 
may be situated in the upper crust and are not necessarily related to major underplating at the 
Moho. 
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7.2.4 Information from intermediate and short wavelength data 
The problem of lithospheric heterogeneity 
The fact that the UK and Greek data cannot be adequately fitted even with a model which 
includes near surface density variations, indicates further complexities which are not included 
in the model. Lithospheric heterogeneity within these data regions, in the form of provinces 
with diverse rigidity, is a likely source of error. The best-fit plate flexure models are therefore 
an average of all these different provinces but are unable to give a good fit to components from 
each regime. Attempts to derive elastic thickness estimates from smaller regions by the use of 
maximum entropy spectral estimation and extrapolation of data out to longer wavelengths (e.g. 
Lowry and Smith (1994)), should be viewed with caution since this extrapolation of the data is 
not based on any sensible physical model of plate flexure. 
Information from intermediate wavelengths 
Instead, a method was developed for deriving elastic thickness estimates solely from the wave-
lengths at which the admittance or coherence falls to one half of their longest wavelength value. 
The results from this method were found to be in good agreement with those from modelling 
the whole wavenumber range. This suggests that the longest wavelengths (greater than ap-
proximately 400 km) are not necessary in order to be able to determine the elastic thickness, 
and that the elastic thickness can be estimated both rapidly and easily from grids such as those 
shown in figures 5.3 and 5.4. 
Information from short wavelengths 
Attempts were also made to extract information from the short wavelength end of the data spec-
trum by developing an asymptotic expansion of the plate flexure model to large wavenumbers. 
In theory this method allows the loading ratio to be uniquely determined from wavelengths less 
than 100 - 200 km. The elastic thickness can also be uniquely determined if the loading ratio is 
less than about 1. 
However, it was found upon application to the data that this analysis was largely unsuccessful. 
This was due to the very low signal to noise ratio in the data at these wavelengths. It is possible 
that this is just a feature of these particular datasets and that the method may be more successful 
in other areas. 
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7.2.5 Summary 
In summary, multi-taper spectral windows appear to give a marked improvement in the quality 
of admittance and coherence estimates derived from gravity and topographic data. Both the 
admittance and coherence can be fitted with a single model involving an elastic plate loaded at 
the surface and base of the crust. Due to additional long wavelength processes contributing to 
the support of loads on the lithosphere, as well as the degradation of long wavelength estimates 
due to the correlation of surface and subsurface loading, it has been necessary to constrain the 
compensation depth using a seismically determined estimate of the thickness of the crust. This 
allows both the loading ratio as well as the effective elastic thickness of the lithosphere to be 
determined within relatively narrow limits. 
By including near surface density variations within the model, it is possible to improve the fit of 
the model to the data as well as to obtain reduced estimates of the elastic thickness, compared 
with models involving deeper loads. These models suggest that the initial hypothesis regarding 
the distribution of loads in the Qattara region were wrong and point to undocumented internal 
loads beneath the Qattara depression. 
Analysis of the wavenumber at which the admittance and coherence fall to one half of their 
long wavelength values allows a quick interpretation of the data in terms of the loading ratio 
and elastic thickness, without the necessity for reliable long wavelength estimates or com-
putationally costly fitting routines. Attempts to extract useful information from the data at 
wavelengths of less than 100 - 200 km were unsuccessful due to a very low signal to noise 
ratio. 
7.3 Rheology of the continental lithosphere 
7.3.1 Viscoelastic rheology 
Walcott (1970a) and Watts et al. (1982) attempted to describe variations in continental elastic 
thickness estimates in terms of a viscoelastic rheological model, in which the rigidity of the 
lithosphere decreases with time after the load is emplaced due to stress relaxation. This would 
seem a reasonable model since the lithosphere is known to rapidly relax from its very short-term 
seismic thickness to a smaller long-term value (Kusznir and Kamer, 1985). Watts et al. (1982) 
estimate that the relaxation time (or Maxwell time) is between 10 and 106  years. However, 
this viscoelastic model does not fit the data of Walcott (1970a) and Watts et al. (1982) very 
well and the developments in elastic thickness determination over the last 10 - 15 years would 
suggest that the reliability of some of their estimates must, in any case, be in doubt. 
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Region Age of lithosphere [ 	Age of load TE (km) 
E&B E&SI 
Central USA Archaean (Proterozoic) Proterozoic 54 40 
Siberian Shield Archaean (Proterozoic) Proterozoic 46 28 
Eastern USA Proterozoic/Phanerozoic Palaeozoic 34 28 
Eastern Siberia Proterozoic/Phanerozoic Mesozoic (Cenozoic) 34 26 
Egypt Proterozoic (Archaean) Cenozoic (Mesozoic) 19 18 
Qattara Proterozoic Cenozoic (Mesozoic) 20 14 
Kenya Proterozoic (Archaean) Cenozoic (Mesozoic) 23 14 
East Africa Proterozoic (Archaean) Cenozoic (Mesozoic) 13 6 
UK Phanerozoic Palaeozoic 14 10 
Western Canada Phanerozoic Mesozoic 18 10 
Western USA Phanerozoic Mesozoic 17 12 
Greece & Aegean Phanerozoic Cenozoic 11 7 
Table 7. 1: Table showing the variation of elastic thickness with age of the load (relative to the litho-
sphere). E & B denotes external and bottom loading while E & SI denotes external and shallow in-
ternal loading of the lithosphere. "Proterozoic/Phanerozoic" denotes approximately equal amounts of 
lithosphere of each of these ages while "Proterozoic (Archaean)" denotes mostly Proterozoic aged litho-
sphere with minor amounts of Archaean. 
Elastic thickness estimates calculated for the various regions in chapter 6 are shown in table 7.1 
together with the relative ages of the lithosphere and the loads. However these estimates show 
no evidence of a decrease in rigidity following loading, if anything precisely the opposite. 
7.3.2 Thermoelastic rheology 
Since the elastic thickness of the continental lithosphere does not appear to be consistent with 
a viscoelastic model, attempts were made to relate the strength of the continental lithosphere to 
its age (Watts eral. (1982) and Kamer etal. (1983)), in the same way as the oceanic lithosphere 
(Watts, 1978). Elastic thickness values for the various regions are compared in table 7.2, where 
the age of the lithosphere is given together with elastic thickness estimates from both the ex-
ternal and bottom loading models and for external and shallow internal loading models. These 
results suggest that the average elastic thickness of lithosphere of Archaean age is 50 or 34 km 
(depending on which model is used to fit the data) while that of Proterozoic lithosphere is 24 
or 18 km and that of Phanerozoic lithosphere is 15 or 10 km. This would therefore imply broad 
agreement with the model of Watts et al. (1982) and that the lithosphere is hot and weak when 
initially formed but gradually becomes more rigid as it cools down. 
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Region Age of lithosphere TE (km) ] Average TE (km) 
E&B E&STJE&B E&SI 
Central USA Archaean (Proterozoic) 54 40 
50 34 Siberian Shield Archaean (Proterozoic) 46 28 
Egypt Proterozoic (Archaean) 19 18 
24 18 
Qattara Proterozoic 20 14 
Kenya Proterozoic (Archaean) 23 14 
East Africa Proterozoic (Archaean) 13 6 
Eastern USA to  34 28 
Eastern Siberia Proterozoic/Phanerozoic 34 26 
UK Phanerozoic 14 10 
15 10 
Western Canada Phanerozoic 18 10 
Western USA Phanerozoic 17 12 
Greece & Aegean Phanerozoic 11 7 
Table 7.2: Table showing the variation of elastic thickness with age of the lithosphere. E & B denotes ex-
ternal and bottom loading while E & SI denotes external and shallow internal loading of the lithosphere. 
"Proterozoic/Phanerozoic" denotes equal amounts of lithosphere of each of these ages while "Protero-
zoic (Archaean)" denotes mostly Proterozoic aged lithosphere with minor amounts of Archaean. 
However, the fit of the models to the admittance and coherence estimates for Central USA 
is very poor, making these results unreliable and the Siberian Shield results suggest that this 
area is not in fact very much more rigid than the Proterozoic areas. This result was also noted 
by McKenzie and Fairhead (1997) and is in agreement with Cloetingh and Burov (1996) who 
observed that there appeared to be little difference between the mechanical strength of very 
old European Precambrian lithosphere and middle-aged Variscan (Upper Palaeozoic) litho-
sphere. This is consistent with predictions of the plate-cooling model (Parsons and Sclater, 
1977) which suggests that there is minor temperature control on elastic thickness variations 
older than 400/500 Ma since this is the time required for the geotherm to be stabilised. 
There is also quite a large degree of variation between the rigidity of the various Proterozoic 
and the various Phanerozoic regions. Kamer et al. (1983) pointed out that it is not actually the 
absolute age of the lithosphere that is relevant, but the age since the last thermal event. Bechtel 
et al. (1990) therefore interpreted elastic thickness estimates from North America in terms of 
the present-day heat flow values observed at the surface of the crust. They note a correlation 
between low values of elastic thickness and areas of high heat flow. Elastic thickness estimates 
from this thesis are given in table 7.3 together with estimates of the surface heat flow in these 
areas. 
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Region Surface heat flow TE (km) Average TE (km) 
jj 
_ 
(mWm 2 ) E&B I E&SI I E&B I E&SI 
Siberian shield 20-40 46 28 
1 	35 1 	27 
Egypt 30-50 19 18 
Qattara 30-50 20 14 
Eastern USA 30-50 34 28 
Central USA 40-60 54 40 
UK 45-75 14 10 
21 14 
Eastern Siberia 60-80 34 26 
Kenya <60 (105 in rift) 23 14 
East Africa <60 (105 in rift) 13 6 
Western USA 60-105 17 12 
15 10 
Western Canada 70-110 18 10 
Greece & Aegean 40-115 11 7 
Table 7.3: Table showing the variation of elastic thickness with surface heat flow values. E & B de-
notes external and bottom loading while E & SI denotes external and shallow internal loading of the 
lithosphere. "Proterozoic/Phanerozoic" denotes equal amounts of lithosphere of each of these ages 
while "Proterozoic (Archaean)" denotes mostly Proterozoic aged lithosphere with minor amounts of 
Archaean. The sources of the heat flow values are give in chapter 2. 
These results would suggest broad agreement with this hypothesis and that areas of low heat 
flow (<60mW m— 2 ) are correlated with high elastic thicknesses (35 or 27 km); areas of mod-
erate heat flow are correlated with medium elastic thicknesses (21 or 14 km) and areas of high 
heat flow (>> 60mWm 2 ) have only very low elastic thickness values (15 or 10 km). However 
Kusznir and Kamer (1985) pointed out that the temperature structure of the lithosphere may 
be strongly dependent on its crustal thickness and radioactive distribution. Indeed, Pinet et al. 
(1991) relate the variations of heat flow in the Eastern Canadian Shield to radiogenic heat pro-
duction in the crust, such that thicker crust is associated with higher heat flow. They find no 
evidence for variations in mantle heat flow between Central and Eastern USA and propose that 
the interpretation of elastic thickness results in terms of heat flow may therefore be invalid. 
Egypt (and Qattara) and Kenya (and East Africa) have very similarly aged lithosphere but due 
to rifting in the East African Rift the heat flow is much greater in this region. However the 
elastic thickness values from these regions do not particularly reflect this large difference in 
surface heat flow. Another result which would appear to be at odds with the hypothesis of an 
elastic thickness which is dependent on the current thermal state of the lithosphere, is that for 
the UK. The UK is characterised by an especially low rigidity (14 or 10 km) and yet shows 
only moderate surface heat flow values (45 - 75mW m2). 
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7.3.3 Compositional effects 
This rather surprising lack of strong correlation between rigidity and heat flow in these areas 
may be explained by the relative crustal thickness values. Kusznir and Park (1987) showed that 
the lithospheric strength of the continents is critically controlled not only by the geothermal 
gradient, but also by the crustal thickness/composition. This is because for a given temperature 
the quartz/plagioclase rheology of the crust is considerably weaker than the olivine rheology 
of the mantle (figure 1.4). A decrease in the thickness of the crust therefore means that a 
greater proportion of the lithosphere is composed of strong, mechanically competent upper 
mantle, leading to an increase in the elastic thickness of the lithosphere. Conversely, crustal 
thickening gives a decrease in elastic thickness due to a larger proportion of the lithosphere 
being comprised of weak lower crustal material. 
There are therefore two competing effects in that extensional thinning of the crust will increase 
its rigidity due to the effect described above, but will also cause an increase in the geothermal 
gradient and heat flow and thus a decrease in elastic thickness. Kusznir and Park (1987) sug-
gest that the rate of extension is critical in determining which of these processes dominates and 
determine that fast strain rates produce a net weakening (strain softening) while slow strain 
rates produce an increase in the strength of the lithosphere (strain hardening). By modelling a 
layered theology which included soft ductile layers sandwiched between brittle layers, Ranalli 
and Murphy (1987) found that they could predict/match geophysical observations of seismic-
ity, seismic wave velocity and electrical conductivity, and consequently explain variations in 
structural style in the southeastern Canadian Cordillera. 
Thus although the heat flow values for Kenya are much greater than those for Egypt, this does 
not produce the expected significant decrease in the flexural rigidity because this effect is offset 
by the corresponding crustal thinning beneath the East African Rift. 
7.3.4 Decoupling of the mechanically competent crust and mantle 
Burov and Diament (1995) further develop this idea of a stratified theology in terms of the 
consequences it has for the effective elastic thickness. They propose that flow in the weak, low 
viscosity lower crust allows decoupling of the mechanically competent crust and mantle such 
that shear and horizontal stresses applied to the upper crust are only partially transferred to the 
upper mantle. Using a semi-analytical approach which uses constitutive laws extrapolated from 
experimental rock mechanics data (chapter 1), they show that decoupling of the upper crust and 
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competent lithospheric mantle can bring about a strong (50 %) reduction in the elastic thick-
ness. They estimate that for old cold lithosphere, the critical crustal thickness for decoupling is 
35 ± 5 k while for younger (hotter) lithosphere it is much less (15 - 20 km). Burov and Dia-
ment (1996) therefore suggest that most of the continents should be in the decoupled mode but 
Lavier and Steckler (1997) have determined that when plagioclase-controlled creep rheologies 
in the lower crust are sufficiently strong to maintain coupling. Cloetingh and Burov (1996) 
attribute the weakening of major parts of the European and Eurasian continental lithosphere to 
such decoupling of the crustal and upper mantle parts and relate this to the general absence of 
lower crustal earthquakes observed in this region. 
It seems likely that the UK data area has undergone such upper crust-upper mantle decoupling 
since it is characterised by a surprisingly small elastic thickness given the age of the loading 
and moderate heat flow (Sclater el al., 1980)). Complete decoupling of the upper crust and 
lithospheric mantle would suggest that loading stresses cannot be transmitted below mid-crustal 
levels such that the upper mantle does not experience flexure and the Moho interface is not 
deflected. If this is the case then the isostatic compensation of surface loads cannot occur at the 
Moho interface and must instead be taken up on some shallower density interface (ter Voorde 
ci al., 1998). This is consistent with the results of Genç (1989), who upon inspection of the 
power spectrum of the gravity over the UK, found that the surface load was not correlated with 
density variations on the Moho but was instead compensated at a depth of 13 km. 
However the role of decoupling in the other data regions is not clear. The fact that models in-
volving flexure of a near surface (10 km depth) density interface seem to fit the data best, would 
suggest that isostatic compensation does occur at higher levels in the crust. However the large 
elastic thickness values obtained for Eastern USA and Eastern Siberia do not seem to indicate 
decoupling. ter Voorde et al. (1998) use a stratified rheology to model the flexure of the litho-
sphere due to extensional faulting in various regions. They determine that the totally decoupled 
state is an exceptional case related to anomalously high temperatues in the lower crust, such as 
in the Basin and Range. The importance of decoupling in the lower crust as a mechanism for 
explaining the rheology of the continental lithosphere therefore seems unresolved. 
7.3.5 Intra-plate and bending stresses 
Two further effects invoked by Burov and Diament (1996) and Cloetingh and Burov (1996) 
to explain continental elastic thickness estimates are the effects of the bending stresses on the 
plate and intra-plate stresses. The differential stress created by plate flexure is not homogenous 
across the plate and is highest in the areas of greatest plate curvature (Cochran, 1980). The 
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flexural stress in areas such as large mountain belts may therefore exceed the yield strength 
and cause the plate to be weakened by relaxation of stresses, either by brittle failure or ductile 
flow. Burov and Diament (1995) estimate that this can cause a 30 - 80% decrease in elastic 
thickness below such regions compared with the unloaded surrounding lowlands. Cloetingh 
and Burov (1996) use this as a mechanism for explaining the strong elastic thickness variations 
derived from forward models of profiles across the Alps. They also suggest that horizontal in-
plane compressive stress may facilitate weakening of the lower crust and lead to decoupling, 
such that the variations in stress level in the European lithosphere might contribute significantly 
to the variations in elastic thickness and observed wavelength of folding. 
There does not appear to be any evidence that the elastic thickness estimates in table 7.2 are 
effected by reductions due to bending stresses. This is probably because these estimates are 
the averages of large areas which include both highland and lowland regions, thus masking the 
effect of weakening due to bending stresses. 
7.3.6 Summary 
In summary, the continental effective elastic thickness estimates, derived in this project from 
combined models of the admittance and coherence, can be explained in terms of a thermoelastic 
rheology which is critically controlled by the thickness and composition of the crust. Decou-
pling of the upper crust and lithospheric mantle by flow in the ductile lower crust, is controlled 
by such factors as the geotherm and state of stress in the plate. Some degree of decoupling 
seems to be a required factor in explaining the observed rigidity of the continental lithosphere. 
Thus while the strength of the oceanic lithosphere is strongly dominated by thermal effects, 
the continents are much more complicated because of a variety of competing effects which are 
primarily due to the stratified nature of the continental lithosphere. 
7.4 Suggestions for further work 
Multi-taper spectral windows 
As previously stated, the use of two-dimensional multi-taper spectral windows for estimating 
the admittance and coherence appears to rcquirc further investigation in terms of the number of 
window functions which are required to accurately represent the data and the effects that these 
have on the long wavelengths. 
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Loading at depth and in the upper crust 
The results from allowing the density interface which represents internal loads in the litho-
sphere to vary in depth seemed to indicate that internal loads may be a feature at all levels in 
the crust. The next step would be to implement a model which includes loading at the surface 
and internally, both at the Moho and on a shallow density interface (Bechtel etal., 1987). 
Wavelength variations in the subsurface to surface loading ratio 
The fact that the ratio of subsurface to surface loading may actually be a function of wavenum-
ber was mentioned in chapter 5 (equation 5.12). However models of the admittance and coher -
ence often make the assumption that it is constant at all wavelengths. Monte Carlo simulations 
of subsurface and surface loads related by loading ratios which are a function of wavenumber 
could therefore be used to determine what effect this would have on the estimates of elastic 
thickness which are derived assuming a constant value at all wavelengths. King (1998) shows 
plots of the different f values obtained for each wavenumber annulus and these can be seen to 
be extremely scattered and show no obvious trend with the wavenumber k. Further study is 
required in order to gain a true understanding of how the loading ratio varies with wavelength 
and what implications this has for the correlation between the initial surface and subsurface 
loads. 
Anisotropy in the continental lithosphere 
The effects of lithospheric heterogeneity on estimates of elastic thickness have been discussed 
in terms of averaging over different geological provinces of varying rigidity. However the 
lithosphere may also be heterogeneous in a directional sense. The regional geological strike 
direction and faulting may lead to anisotropy in the lithosphere such that it is not isotropic in 
its response to loading (Dorman and Lewis, 1970). This effect would not normally be visible 
since estimates of the admittance and coherence are derived by averaging through 3600  in 
wavenumber annuli. It would be possible to instead, average over azimuthal 'pie-slices' and 
to analyse whether the rigidity varied significantly between the directions parallel and at right 
angles to the direction of faulting. However, this would require a large, high quality dataset 
in order to derive accurate estimates for each 'pie-slice'. Bechtel et al. (1990) report that the 
lithosphere in the western United States appears to be weakened in the direction perpendicular 
to the direction of faulting. 
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